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ABSTRACT 

The transport of the Southern Ocean’s Antarctic Circumpolar Current, closely linked 

to the global stratification to the north and in turn the inter-hemispheric overturning 

circulation, is a key metric for quantifying ocean circulation. Understanding the 

sensitivity of transport to changes in forcing is important in understanding the role 

of the Southern Ocean in past, present and future climates. Here, we report on 

an investigation of a negative sensitivity regime, whereby the circumpolar transport 
decreases with increasing wind forcing, a phenomenon previously reported in ocean 

modelling investigations where the residual overturning circulation is oriented opposite 

to the present-day configuration. The present study finds that this negative sensitivity is 
a subtle effect resulting from both eddy saturation and a negative residual overturning 

circulation, the latter referring to a poleward mass flux in the warm surface layers. 
The work provides an examination and rationalisation of the sensitivities relating to 

the Southern Ocean circumpolar transport, and additionally touches on a numerical 
methodology that is particularly adept for the study of equilibrium sensitivities, with 

implications for analogous explorations in the paleoclimate context. 
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1 INTRODUCTION 

The Southern Ocean is connected to the Pacific, Atlantic, 
and Indian Oceans, and plays a crucial role in determining 

the global ocean’s carbon and heat content (e.g., Ferrari 
et al., 2014; Galbraith and de Lavergne, 2019; Talley 

et al., 2011). A key feature of the Southern Ocean is the 

Antarctic Circumpolar Current (ACC), with a thermal wind 

transport (relative to the sea floor) of around 137 Sv (e.g., 
Meredith et al., 2011). Understanding the processes that 
govern the ACC and its sensitivities to changing conditions 
is is crucial for predicting how the global climate might 
respond to changes in the atmospheric forcing, ranging 

from natural variations such as that occurring in past 
climate (e.g., Scher et al., 2015; Toggweiler, Russel 
and Carson, 2006; Xing et al., 2022) to anthropogenic 

signals under projected climate change scenarios (e.g., 
Fyfe et al., 2007). 

There have been ample investigations showing that 
the existence of the ACC depends on the wind and 

buoyancy forcing over the Southern Ocean region. 
Strong westerly winds blow over the Southern Ocean, 
with the wind stress maximum positioned roughly at 
50°S for the present-day setting (Large and Yeager, 
2009). These winds drive a northward Ekman transport 
at the surface, which is balanced by a southward 

flow at depth (Nikurashin and Vallis, 2012), resulting 

in upwelling at the southern edge of the ACC and 

downwelling at the northern edge, driving a meridional 
overturning circulation. The wind-induced overturning 

tilts the Southern Ocean isopycnals, creating a strong 

meridional pressure gradient that, in turn, results in 

a strong eastward geostrophic current (Rintoul, 2018). 
On the other hand, atmospheric buoyancy forcing can 

affect the out-cropping locations of the Southern Ocean 

isopycnals, which has a consequence on the resulting 

Southern Ocean stratification profile, and thus the ACC 

transport via the thermal wind shear relation (e.g., Hogg, 
2010; Howard et al., 2015; Hughes and Griffiths, 2006; 
Klocker et al., 2023). 

However, numerous studies have highlighted that 
transient baroclinic mesoscale eddies and geostrophic 

flow–topography interactions play a crucial role in 

the resulting ACC transport and its sensitivity. Both 

transient baroclinic mesoscale eddies and standing 

eddies resulting from flow–topography interactions lead 

to form stress (e.g., Johnson and Bryden, 1989; Masich, 
Mazloff and Chereskin, 2015, 2018; Stewart, Neumann 

and Solodoch, 2022; Vallis, 2006; Youngs et al., 2017) 
thereby induce vertical fluxes of horizontal momentum, 
impacting the momentum budget and the resulting 

circulation in the system (e.g., Marshall et al., 2017). For 
example, the phenomenon of eddy saturation—whereby 

the ACC transport is largely insensitive to the changes 
in the wind stress magnitude (e.g., Constantinou and 

Young, 2017; Constantinou and Hogg, 2019; Hallberg 

and Gnanadesikan, 2006; Marshall et al., 2017; Munday, 
Johnson and Marshall, 2013; Straub, 1993)—is argued to 

result because the eddy component increases with the 

wind component such that there is complete cancellation 

of the two competing effects, leading to a transport 
independent of the wind stress magnitude (e.g., Marshall 
et al., 2017). Whether eddy saturation is observed in 

numerical models depends critically on how the eddies 
are represented (e.g., Farneti et al., 2015; Fox-Kemper 
et al., 2019; Hallberg and Gnanadesikan, 2006; Mak 

et al., 2017, 2018, 2022a; Munday, Johnson and Marshall, 
2013; Toggweiler and Samuels, 1995). In addition, the 

Southern Ocean is connected to the other ocean basins, 
and the ACC is not contained solely within the open-
channel latitudes of 56°S–58°S (Rintoul, 2018), going as 
far north as 38°S (Talley et al., 2011) in the southwest 
Atlantic. The traditional understanding of these northern 

excursions is through Sverdrup balance, and in order 
to fully represent Southern Ocean dynamics, eddy-
induced downwelling must also be taken into account 
(e.g., Marshall et al., 2016; Nadeau and Ferrari, 2015). 
Modelling studies have shown that a significant ACC 

transport persists even when the wind jet is moved 

completely north of the channel (e.g., Allison et al., 2010; 
Marshall et al., 2016; Munday, Johnson and Marshall, 
2015), suggesting that the basin can play an important 
role in ACC dynamics. Furthermore, the presence of a 

residual meridional overturning circulation (RMOC) can 

impact the model response (e.g., Howard et al., 2015; 
Stewart and Hogg, 2017). However, how wind forcing and 

eddy effects balance in the presence of a basin region 

and/or an RMOC remains to be thoroughly investigated. 
The present work aims at studying how the sensitivity 

of the ACC transport to changes in wind forcing depends 
on the RMOC, focusing particularly on the case of a 

negative RMOC (defined as a poleward above-pycnocline 

mass flux into the Southern Ocean). The primary 

motivation for the present work is the results from 

Mak et al. (2018; 2023) and Youngs, Flierl and Ferrari 
(2019), where the ACC transport is sometimes observed 

to decrease with increasing wind forcing; we refer to this 
phenomenon as negative sensitivity in this work. Mak 

et al. (2018; 2023) report such a negative sensitivity 

in their primitive-equation channel model where the 

diagnosed RMOC is in the negative sense (resulting from 

the enhanced diffusivity region in the north), not only 

for the case where eddies are explicitly resolved, but 
also for a case where an eddy-energy-constrained eddy 

parameterisation from Marshall et al. (2012) and Mak 

et al. (2018) is used (see Fig. 1a of Mak et al. 2018, green 

and red curves). Youngs, Flierl and Ferrari (2019) report 
on a negative sensitivity in a two-layer quasi-geostrophic 

system with an imposed negative RMOC (achieved via 

imposing mass transfers between the layers), but not 
when the imposed RMOC is positive or zero (their Fig. 4, 
solid purple lines). Although the negative RMOC scenario 
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(corresponding to a negative TRMOC in Fig. 1a later) could 

be considered unconventional relative to present day 

scenario, it has been theorised that, over geological 
timescales, there were certain periods during which North 

Atlantic Deep Water formation was greatly weakened, 
and could even have totally collapsed (Rahmstorf, 2002). 
During such times, an upper cell of the meridional 
overturning circulation that is reversed compared to the 

present-day scenario is possible (e.g., Zhang et al., 2022), 
and there have been works in the paleoclimate literature 

on related scenarios (e.g., Huber and Nof, 2006; Munday 

et al., 2024; Sauermilch et al., 2021; Xing et al., 2022). 
In this article, we explore the dependence of 

equilibrium ACC transport on wind forcing (location and 

magnitude), RMOC direction and the eddy representation 

in an idealised channel-basin model, with a focus on the 

conditions required to reproduce negative sensitivity. An 

idealised channel-basin model is used to fully explore 

the parameter space in a computationally tractable way, 
in particular, the dependence of the observed sensitivity 

on the location of wind forcing (e.g., wind forcing solely 

over the channel vs. wind forcing solely over the basin). 
We make a simplifying assumption to exclude flow– 

topography interaction effects and demonstrate that, 
with only transient eddy effects, we are able to reproduce 

negative sensitivity and derive scalings for the underlying 

process. We use eddy parameterisations to represent 
the effect of transient eddies, and we primarily focus on 

the results from the GEOMETRIC eddy parameterisation 

(e.g., Marshall et al., 2012; Mak et al., 2017), which has 
been shown to be able to capture the sensitivities of 
eddy-resolving/permitting primitive equation models 
(e.g., Mak et al., 2018, 2022a, 2023; Wei, Wang and 

Mak, 2024). For the present work, we mimic the effects 
of an RMOC by varying the boundary conditions at the 

northern part of the basin, where a negative RMOC 

corresponds to a poleward above-pycnocline mass flux 

into the system from the model northern boundary, 
leading to a deepening of the modelled pycnocline, and 

vice-versa for the case of positive RMOC; such a choice 

allows for a control of the RMOC sign and strength as a 

system parameter. We additionally present a numerical 
methodology that greatly speeds up the relevant 
computations for the present idealised model, allowing 

us to explore the parameter space comprehensively 

for studies of equilibrium sensitivity, with potential 
adaptations for other paleoclimatology studies such as 
that of Huber and Nof (2006) and Munday et al. (2024). 
We should be upfront and say that our presented analysis 
is perhaps not as theoretically satisfactory as it could be, 
and can likely be refined and made more comprehensive. 
Nevertheless, we think the explanations presented 

support and highlight an interesting mechanism at play 

in the control of the ACC transport. 
The structure of this article is as follows. Section 2 

describes the general formulation of the model, the 

details relating to the eddy parameterisations used 

for the present work, the exact model setup and 

numerical implementation details. Section 3 provides 
the numerical results for the case with wind solely 

over channel, highlighting the eddy saturation and 

negative sensitivity phenomenon, with a focus on 

the negative RMOC setting. Section 4 provides an 

analysis towards understanding the eddy saturation and 

negative sensitivity phenomenon, offering a physical 
rationalisation for the latter. Section 5 presents additional 
numerical results under different wind forcing regimes 
to highlight similarities and differences with the control 
setting. We summarise our results in Section 6. 

2 MODEL DETAILS, PARAMETERISATION 
FORMULATION AND NUMERICAL 
IMPLEMENTATION 

For the present work, we essentially use the 1.5-layer 
reduced gravity model of Marshall et al. (2016), with 

modifications primarily in the prescription of the Gent– 

McWilliams coefficient 𝜅, and the imposed boundary 

condition to independently modify the strength and 

direction of the RMOC. The 1.5-layer reduced gravity 

model is a particularly simple setup that supports a wind-
driven ACC (e.g., Marshall et al., 2016; Munday et al., 
2024), although it does exclude any representation of 
flow–topography interactions. We first recap the broad 

details in the model of Marshall et al. (2016), and then 

proceed to state the relevant modifications implemented 

in this work. 

2.1 DETAILS OF MODEL 
A 1.5-layer reduced gravity model effectively represents 
the dynamics above the main pycnocline, with an upper 
layer thickness denoted by h that varies in space and 

time, where the density 𝜌0 of the upper layer is kept 
constant. The representation of the buoyancy effects is 
through a reduced gravity gr = g 𝛿𝜌/𝜌0, where 𝛿𝜌 denotes 
the density difference between the layers (e.g., Vallis, 
2006). To derive the equation for h, we start from the 

shallow water equations: 

𝜕u 𝝉𝐬 rgr+ u ⋅ ∇u = –f ez × u – gr∇h + – ez × ∇h, (1a)
𝜕t 𝜌0h f 

𝜕h 
+ ∇ ⋅ (hu) = –𝜔restore, (1b)

𝜕t 

where (1a) is the momentum equation and (1b) is the 

continuity equation, and 𝜔restore is some diabatic forcing 

term to be specified. The two-dimensional horizontal 
velocity vector is denoted by u, f = f0 + 𝛽y is the Coriolis 
parameter under the 𝛽-plane approximation, with f0 

being the value of the Coriolis parameter at the southern 

end of the model, 𝛽 the rate of change of f along the 

meridional direction, ez the unit vector in the vertical 
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direction, and ∇ denotes the horizontal gradient operator. 
The wind stress at the ocean surface is 𝝉𝐬 (where we have 

made the assumption that 𝜕𝝉/𝜕z ≈ 𝝉𝐬/h). The terms on 

the right-hand side of (1a) correspond, respectively, to 

the Coriolis effect, pressure gradient force, wind stress 
and a friction term. For simplicity, we consider a linear 
friction term acting on the geostrophic flow, with a 

constant but small coefficient r, to enforce the no-
normal-flow boundary conditions in the presence of 
along-boundary variations in h (or pressure), following 

Marshall et al. (2016). The presence of friction is not 
intended to be a parameterisation of the mean feedback 

of baroclinic eddies (as a vertical diffusion of momentum, 
related to the form stress in the geostrophic regime, e.g., 
Greatbatch and Lamb, 1990), which we will come to 

shortly. In the present case, the friction terms essentially 

play a negligible role in the resulting balances except 
near boundaries of the domain, where it is a crucial 
component in light of an eddy contribution that will be 

tapered towards zero as the boundaries are approached 

to ensure no eddy flux normal to the boundary. 
For the present work, we are interested in obtaining 

the equilibrium state. We consider the regime where 

the Rossby number is sufficiently small, so that the left-
hand side of (1a) may be neglected relative to the terms 
on the right-hand side (or that we are roughly in the 

planetary geostrophic regime). We split the variables into 

a mean and eddy part as h = h + h ′ and u = u + u ′ , where 

overbars represent a Reynolds averaged component, and 

the primes denote the deviations from that average. We 

assume the Reynolds averaging operator is such that 
a ′ = 0 and a + b = a + b, and commutes with derivatives. 
Taking an average of Eq. (1a) leads to: 

𝝉𝐬 rgr0 = –f ez × u – gr∇h + – ez × ∇h, (2)
𝜌0h f 

where we have assumed that (1/h) = 1/h (which requires 
|h ′| ≪ |h|) and that the wind stress has no fluctuating 

part. We further multiply Eq. (2) by –h/f , and taking the 

vertical component of the curl (i.e. ez ⋅ ∇×) results in 

grh 𝝉𝐬 rgrh0 = ez ⋅ ∇ × (hez × u + ∇h – + ez × ∇h)
f 𝜌0f f 2 

(3) 
grh ez × 𝝉𝐬 rgrh 

= ∇ ⋅ (hu – ez × ∇h + + ∇h) .
f 𝜌0f f 2 

Under a Reynolds average of Eq. (1b), the terms linear 
in the eddy components vanish under the averaging 

procedure. Following the work of Marshall et al. (2016), 
the Gent–McWilliams parameterisation (Gent and 

McWilliams, 1990) –𝜅∇h = h ′ u ′ is invoked; while the 

parameterisation has the form of a diffusion in h, it 
is more accurately an eddy-induced transport with 

eddy-induced velocity u ∗ = –𝜅∇h/h (e.g., Gent et al., 
1995), and 𝜅 is better described as an eddy-induced 

velocity coefficient. With this, Eq. (1b) becomes 

∇ ⋅ (hu – 𝜅∇h) = –𝜔restore. (4) 

Substituting Eq. (4) into Eq. (3) and dropping all the 

overbars then leads to a single equation in terms of the 

mean scalar variable h, given by 

grh ez × 𝝉𝐬 rgrh0 = ∇⋅( 𝜅∇h – ez + + ∇h )⏟ × ∇h 
eddy term ⏟⎵⎵⏟⎵⎵⏟ ⏟⎵⏟⎵⏟ ⏟⎵⏟⎵⏟ f 𝜌0f f 2 

(5)geostrophic term Ekman term friction term 

– 𝜔restore. 

The terms on the right-hand side correspond, 
respectively, to the eddy term, the geostrophic term, the 

Ekman term associated with wind forcing, the friction 

term and a restoring term to be specified. Expanding the 

divergence term in Eq. (5) results in Eq. (2.4) of Marshall 
et al. (2016); we leave the present equation in terms of 
a divergence for the numerical implementation detailed 

in Sec. 2.3. 
To mimic the outcropping of isopycnals at the south, 

we impose a Dirichlet condition on h at the southern 

boundary when we numerically solve for Eq. (5), which 

physically corresponds to an implied mass flux in or out of 
the system from the northern boundary. In places where 

we would impose a no-normal-flow boundary condition 

u ⋅ n = 0 (denoting n as the outward pointing unit vector 
normal to the lateral boundary), a domain-integral of 
Eq. (4) and a use of the divergence theorem would imply 

that we need 𝜅∇h ⋅ n = 0; this will be achieved by tapering 

𝜅 to zero as we approach the relevant boundaries when 

we numerically solve for Eq. (5), and in this instance, the 

friction term is necessary to support a physical balance 

(tests show numerical non-convergence if friction is 
absent; not shown). A more problematic case is for Eq. (3), 
where a similar procedure leads to 

grh ez × 𝝉𝐬 rgrh0 = (hu – ez × ∇h + + 
f 2 ∇h) ⋅ n (6)

f 𝜌0f 

needing to be satisfied everywhere on the domain 

boundary corresponding to the lateral walls. We will 
structure the wind stress profile so that ez × 𝝉𝐬 = 0 at 
the boundaries, so the third term of Eq. (6) vanishes. 
No-normal-flow condition then implies we need 

grh rg
(– ez × ∇h + rh 

∇h) ⋅ n  2 = 0
f f  (7)

to be satisfied locally on the boundaries when we 

numerically solve for Eq. (5). The condition given by 

Eq. (7) is that of Eq. (2.3) in Marshall et al. (2016), up to 

some proportionality factors, and results from enforcing 

the no-normal-flow conditions in the presence of along-
boundary variations in h. At first sight, this boundary 

condition might be problematic to implement; however, 
it turns out we can bypass it entirely in our numerical 
formulation presented in Sec. 2.3. 
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2.2 GEOMETRIC PRESCRIPTION OF THE 
EDDY-INDUCED VELOCITY COEFFICIENT 𝜿 
From hereon, we deviate from the work of Marshall et al. 
(2016): we consider different prescriptions of the eddy-
induced velocity coefficient 𝜅. The principal focus here 

is the GEOMETRIC parameterisation (e.g., Marshall et al., 
2012; Mak et al., 2017, 2018), which has been seen to 

lead to model calculations that demonstrate a negative 

sensitivity where the circumpolar transport decreases 
with increasing wind stress, in line with some eddy-rich 

calculations (Mak et al., 2018; Youngs, Flierl and Ferrari, 
2019); see also Fig. 8b in Mak et al. 2023. 

The GEOMETRIC parameterisation was originally 

formulated for systems that are continuously stratified, 
and here we provide a derivation that is more relevant 
for shallow water systems. Starting from –𝜅∇h = h ′ u ′ , the 

Cauchy–Schwartz inequality (e.g., Evans, 1998) results in 

|h ′ u ′|2 ≤ h ′2 u ′ ⋅ u ′ . (8) 

In addition, we have 

0 g h ′2 0 u ′ ⋅ u ′ r∫ P dz =
 

 , ∫ K dz = h , (9)
2 2 –D –D 

where P and K are the eddy potential and eddy kinetic 

energies per unit mass, and D is the total depth of the 

ocean. Since the total eddy energy per unit mass E = 

P + K, it follows that, using (P + K)2 – 4PK = (P – K)2 ≥ 0, 
we have 

2 ∫0 2 ∫0 
–D P dz –D K dz

|h ′ u ′|2 ≤ h ′2 u ′ ⋅ u ′ = 
gr h 

(∫ –
0 
D E dz)

2 
E2 

(10) 

≤ = 
h 
,

grh gr 

where we write E = ∫ –
0 
D Edz for ease of reading in later 

sections; note that this is a vertically integrated quantity 

m3 s–2and has dimensions . With |h ′ u ′| ≤ E/√grh = 

𝛼E/√grh and assuming that |∇h| ≠ 0, we obtain 

𝜅 = 𝛼 
E 

(11)
√grD|∇h| 

, 

where we have, for simplicity, assumed a uniform gravity 

wave speed via substituting h with D; this simplification 

makes the analysis presented in Sec. 4 more concise, 
and the numerical results display quantitatively robust 
behaviour whether or not h or D is used (not shown). 
The non-dimensional variable 𝛼 satisfying 0 ≤ 𝛼 ≤ 1 can, 
in principle, vary as a function of space and time, and is 
normally interpreted to represent an eddy efficiency; for 
simplicity, we also take it as a constant in this work. We 

will denote calculations that use Eq. (11) as GEOM. 
To close Eq. (11), we need to have information relating 

to the eddy energy. For this, we follow Mak et al. (2022a) 

by providing a prognostic equation for the parameterised 

eddy energy that varies in two-dimensional space. The 

choice of the exact prognostic eddy energy equation 

can be seen as a modelling choice (constrained by 

0 = – ∇ ⋅ ( 
gr × (∇h) E) ( E) 

theory where appropriate), which in this work we 

take to be 

𝜕 𝛽grh 
ez +

f 𝜕x f 2⏟⎵⎵⎵⎵⎵⏟⎵⎵⎵⎵⎵⏟ ⏟⎵⎵⏟⎵⎵⏟ 
mean advection term (12)Rossby advection term 

+ ∇ ⋅ (𝜈∇⏟⎵⏟⎵⏟E) + gr𝜅|∇h|2 – 𝜆(⏟⎵⏟⎵⏟E – E0) .⏟⎵⏟⎵⏟ 
diffusion term source term dissipation term 

The source term of the present equation mirrors the 

loss of available potential energy P resulting from the 

eddy-induced advection 𝜅∇h from Eq. (5). Following 

previous works (e.g., Mak et al., 2017, 2018, 2022a,b, 
2023; Marshall et al., 2017), we take the dissipation of 
eddy energy to be linear and governed by a constant 
dissipation time-scale 𝜆–1. This choice is made for 
simplicity, although analyses suggest that a dominant 
sink of eddy energy dissipation in the ocean may be non-
propagating form drag (e.g., Klymak, 2018; Klymak et al., 
2021) leading to linear dissipation of eddy energy. The 

presence of E0 > 0 maintains a minimum eddy energy 

level (e.g., from sub-grid processes) and also serves 
to damp large variations in the eddy energy as the 

iterations proceed (Maddison et al., 2025). We assume 

that there are some non-local effects represented by 

advection (e.g., baroclinic instability feeding back onto 

the mean flow as it is being swept downstream by 

the mean flow), and here, we include advective effects 
from both a mean geostrophic velocity and westward 

propagation at the long Rossby phase speed. The choice 

of advective terms is motivated by similar choices taken 

in ocean general circulation models to reproduce a semi-
realistic eddy energy field that is comparable to higher-
resolution models and observational data (e.g., Mak et al., 
2022a,b), but it is ultimately a modelling choice. An eddy 

energy diffusion term is included primarily as a numerical 
stabiliser. We enforce the lateral boundary condition ∇E ⋅ 
n = 0 so that there are no boundary contributions to the 

eddy energy. 
For comparison purposes, we consider two other 

prescriptions of 𝜅. One is the case where 𝜅 = 𝜅0 = constant, 
for comparison to the previous work of Marshall et al. 
(2016). The other is a mixing length-type prescription 

that also uses eddy energy information. The mixing 

length prescription considers 𝜅 = 𝛼ML√E/DL (noting that 
E as defined is the domain integrated eddy energy), 
where L is some length-scale, taken here to be the 

Rossby deformation radius given by L = √grD/|f | (cf. 
Jansen et al., 2019; Mak et al., 2017); we have also 

assumed uniform gravity wave speed to be consistent 
with the approximations made in GEOM. Calculations 
using these two prescriptions will be denoted CONST and 
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ML, respectively; only GEOM and ML calculations solve 

Eq. (12). 

2.3 NUMERICAL IMPLEMENTATION 
We numerically solve for the equilibrium solution 

associated with Eq. (5) and Eq. (12), subject to appropriate 

boundary conditions detailed previously. For the model 
set up, we follow the specifications of Marshall et al. 
(2016). The model spans 20, 000 km in the zonal 
co-ordinate x, 4, 000 km in the meridional co-ordinate 

y, and we take z to denote the vertical co-ordinate. 
Figure 1a provides a schematic of the model. 

There are several numerical methodologies one could 

use. The previous works of Gill (1968) and Marshall 
et al. (2016) effectively time-step into the equilibrium 

(the latter work using a multi-grid method to speed 

up the process). In this work, we directly solve for the 

equilibrium state: we leverage existing computational 

frameworks with in-built solvers for the steady-state 

problem at hand. One such framework is that of FEniCS 

(e.g., Alnæs et al., 2015), which is a platform using 

the finite element discretisation with automatic code 

generation capabilities, and is particularly convenient 
for solving problems of the type considered in this 
work. To use FEniCS, we derive what is known as 
the weak form of the equations, where the equations 
are in an integral form, and we seek solutions that 
satisfy the equations in the weak or averaged sense, 
in this case over an element (cf. strong form, where 

we seek for solutions that satisfy the equations in a 

point-wise or the strong sense). The weak form of the 

equations is implemented at a high level in Python, 
via what is known as the Unified Form Language 

(e.g., Alnæs et al., 2014). The code is then passed 

onto the FEniCS engine that leads to compiled low-
level code in C++ solving for the resulting variational 
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Figure 1 (a) A schematic outlining the geometry of the model, with the layer interface depicted in light blue. The blue arrow represents 
a streamline of the flow, and the red arrow represents a prescribed outflow as defined in (18). (b) The model pycnocline depth h of a 
sample equilibrium state for GEOM for a calculation with wind over both the channel and basin region (W02, with ys = 0 km, 
yn = 2, 000 km), for 𝜏0 = 1.0 N m–2, TRMOC = 0. The orange contour represents a streamline originating from the northern end of the 
model Drake passage located at (x, y) = (0, 1, 000) km, roughly denoting the northern boundary of the modelled ACC. The region 
enclosed in red denotes the location where the boundary condition of TRMOC is applied, and the region enclosed in yellow denotes the 
section of the domain shown in (c). (c) The section of the domain denoted by the yellow region in (b), shown with the numerical 
unstructured mesh overlaid (light yellow). 
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Figure 2 FEniCS code for solving the steady-state equation in its weak form as outlined in Eq. (14). 

problem, leveraging a wide range of existing solvers conditions and ∇E ⋅ n = 0 on boundaries so that there are 

for such problems. An example of the Python code no boundary contributions to the eddy energy) 
demonstrating the procedure is given in Figure 2, where 

F is related to the weak form (lines 13–20), and we 0 = ∫ (–𝜈∇E + 
gr ez × (∇h)E) ⋅ ∇𝜙 dA
fsimply ask for it to be solved with some solver parameters Ω 

(line 22). 𝛽grh 𝜕𝜙 
– ∫ ( E) dA (15)

f 2 𝜕xTo obtain the weak form, we return first to Eq. (5) Ω 

and (12), multiplying the relevant equations with a scalar 
+ ∫test function 𝜙 (which is assumed to be as many times (gr𝜅|∇h|2 – 𝜆(E – E0)) 𝜙 dA. 

Ω
differentiable as necessary), and we perform integration 

by parts and invoke boundary conditions as appropriate. For the present model, we construct an unstructured 
Starting first with Eq. (5), multiplying both sides by 𝜙 and finite element mesh using the Gmsh software (Geuzaine 
integrating over the domain Ω leads to and Remacle, 2009). The mesh elements are triangular 

elements, with a characteristic spacing of 50 km in the 
grh ez × 𝝉𝐬 rgrh0 = ∫ ∇ ⋅ (𝜅∇h – × ∇h + + ∇h) 𝜙 dA domain interior, gradually refining to elements with a 
f 
ez 𝜌0f f 2Ω characteristic grid spacing of 1.25 km near the meridional (13) 

boundaries, and 5 km near the zonal boundaries, over 
– ∫ 𝜔restore 𝜙 dA, 

a transition region of 200 km from the boundaries. 
Any periodic boundary conditions present in the model 

Ω 

where dA is the area element. If we perform an geometry are imposed as boundary conditions, as 
integration by parts, the boundary contributions from the opposed to a connectivity in the elements, e.g., forming 
first integral all vanish by the no-normal-flow condition a cylinder with a wall. The domain contains a total of 
(see text surrounding Eq. 6), resulting in 1,71,906 elements, and a visualisation of the mesh is 

shown in Figure 1c. We take the basis function on the 
grh rgrh ez × 𝝉𝐬 0 = ∫ (𝜅∇h – ez × ∇h + ∇h + ) ⋅ ∇𝜙 dA elements as CG1 (i.e., first-order Lagrange polynomials), 
f f 2 𝜌0fΩ since the weak forms in Eqs. (14) and (15) only(14) 

demand our solutions to be once weakly differentiable 
+ ∫ 𝜔restore 𝜙 dA + ∫ 𝜙 huRMOC ⋅ n dl, 

(cf. the strong form, which requires second derivatives Ω 𝜕Ω 

where 𝜕Ω denotes the boundary of Ω, and dl is the 

line element corresponding to the boundary of area 

element dA. Here, uRMOC is some prescribed boundary 

velocity representing a boundary in/outflow. Since the 

location of in/outflow will be situated at the northern 

boundary, uRMOC ⋅ n dl = vRMOC(x) dx, and we define the 

RMOC strength to be TRMOC = ∫ hvRMOC dx. Equation (14) is 
essentially what is given in Figure 2 (lines 13–20) under 
the FEniCS framework. To mimic the outcropping at the 

Southern part of the domain, we enforce a Dirichlet 
condition h = 10 m on the Southern boundary. 

By a similar procedure, the weak form of Eq. (12) 
becomes (noting that we imposed no normal flow 

to exist). 
To complete the specification, we take the restoring 

term 𝜔restore to be 

h – h0⎧ for h ≤ h0,𝜔restore = t ̃ (16)
⎨
0 otherwise,⎩ 

where h0 = 10m and t ̃ = 10 days is the characteristic 

restoring timescale that measures the strength of 
restoring, which serves to maintain a minimum layer 
thickness in the cases where the dynamics thin the 

pycnocline sufficiently (as an addition of mass, which 

occurs only when TRMOC is greater than or equal to zero 
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and in isolated regions of space). Wind stress is taken 

to be 𝝉s = 𝜏s(y)𝐞x (𝐞x the unit vector pointing in the zonal 
direction), with 

y – ys⎧⎪𝜏0 sin
2 (𝜋 ) for ys ≤ y ≤ yn,𝜏s = yn – ys (17)

⎨⎪0 otherwise,⎩ 

where ys and yn are the southern and northern limits 
of the wind stress, and 𝜏0 is the maximum wind 

stress magnitude. In this study, we report results from 

three representative wind forcing profiles: one where 

the wind is only over the channel (ys = 0 km and yn = 

1, 000 km, denoted W01), one where the wind is over 
both the channel and the basin (ys = 0 km and yn = 

2, 000 km, denoted W02) and one where it is only over 
the basin (ys = 2, 000 km and yn = 3, 000 km, denoted 

W23), following the naming convention of Marshall et al. 
(2016). Other cases have been considered, but the chosen 

three cases are representative examples relating to our 
investigation here. 

To represent the effect of an RMOC in this model, 
we take 

x – a 
vRMOC = A [0.5 + 0.5 tanh (– 

b 
)] , (18) 

where a = 500 km and b = 250 km relates to the width 

of the in/outflow region, and A is a constant chosen 

so that ∫ hvRMOC dx = TRMOC for some specified TRMOC. 
A negative TRMOC value corresponds to vRMOC < 0, i.e., 
a poleward above-pycnocline flow into the domain. 
Instead of imposing an extra in/outflow boundary 

condition, a possible alternative is to consider an 

equivalent forcing/damping in h over an analogous 
region. Both approaches have been considered in this 
work and lead to qualitatively similar results; all results 
presented in this work were computed via specifying an 

in/outflow boundary condition given in Eq. (18). 
To solve for the coupled problem of Eqs. (14) and (15), 

we solve Eq. (14) first, then Eq. (15), and count that as 
one iteration, rather than solving both at the same time 

(i.e., a low-order fixed-point iteration). For GEOM, when 

updating 𝜅 with Eq. (11), we impose a lower bound of 
10–4 for the local value of |∇h| to prevent the value of 
𝜅 from becoming too large when |∇h| is too small. We 

have confirmed that the present methodology is able to 

reproduce the entirety of the results of Marshall et al. 
(2016) (the CONST case with zero TRMOC; not shown). 
In terms of performance, the present code can solve 

for the equilibrium solution in the order of minutes 
when run on a commercial laptop computer (Macbook 

with Intel CPU, with calculations performed on a single 

CPU), compared to, for example, the multi-grid method 

of Marshall et al. (2016) that can take up to a few 

hours to reach equilibrium for the CONST calculations, 
and up to a few days for the GEOM calculations. The 

speed up in performance is particularly beneficial for 
our investigation over the parameter space. Table 1 

summarises the model parameter values of the set of 
calculations reported in this work. A relatively large range 

of 𝜏0 is chosen in anticipation of the scaling analysis 
to be performed. While there is freedom to tune the 

parameterisations such as 𝜅0, 𝛼, 𝜆 and 𝛼ML, the qualitative 

results are insensitive to their exact choices, and the 

documented values were empirically chosen following 

previous works (e.g., Marshall et al., 2016) or from 

numerical considerations (e.g., 𝛼 or 𝛼ML too large leads to 

solution convergence issues when TRMOC is positive in the 

low wind forcing regime). 

3 W01 CASE: WIND FORCING SOLELY 
OVER CHANNEL 

We first present results in the case where the wind 

forcing is solely over the re-entrant channel (W01, 
where there is no geostrophic contribution leading 

to Sverdrup balance-like regimes in the present 1.5-
layer reduced gravity setting; e.g., Johnson and Bryden 

1989), highlighting features of interest that motivate 

the subsequent analysis. The primary focus will be on 

the GEOM calculations, where the eddy-induced velocity 

coefficient 𝜅 is described by the GEOM scaling in Eq. (11), 
for different choices of TRMOC. 

A typical equilibrium solution in the W01 calculation 

is one where the fluid layer is thin in the southern part 
of the channel (as a result of the imposed Dirichlet 
boundary condition to mimic the outcropping) and 

the edge of the model ACC coincides with the model 
Drake passage latitude (not shown, but cf. Figure 1a). 
We define the (geostrophic) transport streamfunction 𝜓 

such that 

hgrez × ∇𝜓 = 
f 
ez × ∇h – 𝜅∇h, (19) 

which is the contribution coming from the geostrophic 

flow and the eddy-induced velocity, respectively, on 

the right-hand side. The transport streamfunction here 

may be obtained by integrating in the meridional 
direction starting with 𝜓 = 0 from the northern boundary. 
A quantity of interest in this work is the model ACC 

transport, which we diagnose as the value of 𝜓 at x = 

0 and y = 0.01 km at the south-western corner of the 

domain, consistent with the approach taken in Marshall 
et al. (2016). We show in Figure 3 the diagnosed ACC 

transport across the GEOM, ML and CONST calculations 
for a rather large variation in the peak wind-stress 𝜏0 and 

different choices of TRMOC to comprehensively explore the 

sensitivities of the model. 
For zero TRMOC (the black lines), among the GEOM, 

ML and CONST calculations, only the GEOM calculations 
show evidence of eddy saturation, i.e., an ACC transport 
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PARAMETERS VALUE UNITS DESCRIPTION 

Lx 20,000 km Zonal width of the domain 

Ly 4,000 km Meridional width of the domain 

gr 0.01 m s–2 Reduced gravity 

𝜌0 1,027 kg m–3 Density of the upper layer 

s–1f0 –1.2 × 10–4 Coriolis parameter at the southern end of the domain 

2 × 10–11 m–1s–1𝛽 df /dy 

s–1r 1 × 107 Linear drag coefficient 

D 5,000 m Total depth of the ocean 

𝛼 0.03 Eddy efficiency (GEOM) 

s–1𝜆 1.4 × 10–7 Eddy energy dissipation coefficient 

m2s–1𝜈 1,000 Eddy energy diffusion coefficient 

m2s–1𝜅0 1,000 Gent–McWilliams eddy coefficient (CONST) 

𝛼ML 0.063 Eddy efficiency (ML) 

m2 s–2E0 10.0 Minimum eddy energy 

𝜏0 0.05, 0.1, 0.2, 0.4, 0.6, 0.8, 1.0, N m–2 Maximum surface wind stress 

1.2, 1.5, 2.0, 2.5, 3.0, 3.5, 4.0 

ys, yn (W01) 0, 1,000 km Southern & northern boundaries of wind stress (W01) 

ys, yn (W02) 0, 2,000 km Southern & northern boundaries of wind stress (W02) 

ys, yn (W23) 2,000, 3,000 km Southern & northern boundaries of wind stress (W23) 

Table 1 A list of the relevant constants and parameters for the calculations reported in this work. 
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Figure 3 Diagnosed ACC transport for a case where the wind is completely over the re-entrant channel (W01), for different values of 
TRMOC and 𝜏0 on a logarithmic scale on both axes, for (a) GEOM, (b) ML and (c) CONST. When TRMOC > 0, at low winds the transport goes 
to zero, and there is no equilibrium solution (since no mass balance is possible in those cases). The data scalings shown as black 
dashed line and blue dashed line are diagnosed via a regression over the indicated data range corresponding to the length of the 
dashed lines using data from the TRMOC = 0 Sv and TRMOC = –20 Sv calculations, respectively. 

that is weakly dependent on the wind forcing at large 

magnitudes of wind forcing, in line with previous results 
from studies involving GEOMETRIC. On the other hand, 
the ML and CONST display an increase of transport 
with wind stress; the diagnosed scalings are 𝜏0.67 and0 

𝜏1.63 , respectively, in the large wind forcing regime 

(𝜏0 ≥ 1.0 N m–2). 
For negative TRMOC, we see that only GEOM shows 

the negative sensitivity where the transport decreases 
with increases in wind forcing. The diagnosed scaling 

is 𝜏–0.29 for TRMOC = –20 Sv in the large wind forcing 0 

regime (𝜏0 ≥ 1.0 N m–2). All other cases result in 

an increasing circumpolar transport with increasing 

wind forcing. 
As a first step towards investigating the mechanisms 

at play, we compute the meridional momentum 

contributions to highlight differences in the momentum 

balances between the set of calculations. Upon solving 

for the scalar field h, we can diagnose the relevant 
terms in Eq. (5). If we consider the zonally integrated 

0 
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meridional component of the momentum balance, we 

would have 

Twind + Teddy + Tgeos + Tfric = TRMOC, (20) 

where 

𝜕h h 𝜕h 
Teddy = – ∫ 𝜅 dx, Tgeos = + ∫ 

gr 
dx,

𝜕y f 𝜕x 
(21)

𝜏s h 𝜕h 
Twind = – ∫ dx, Tfric = – ∫ 

rgr 
dx,

𝜌0f f 2 𝜕y 

with 𝜏s given by (17), where we have assumed that 
the integral of 𝜔restore is negligible. Note that Tgeos = 

gr/(2f )(heast – hwest)2 after integrating, and is non-zero in 

the domain but vanishes over the circumpolar channel 
by the periodic boundary condition. The integrals are over 
the zonal extent of the model domain, and the quantities 
in (21) represent the net northward volume transport as 
a function of latitude y. 

Figure 4 shows a set of diagnostics relating to the 

meridional momentum balance. Starting first with the 

case with zero TRMOC in Figure 4a–c for a rather large wind 

forcing case of 𝜏0 = 1.0 N m–2, we note that all values are 

essentially zero outside the re-entrant channel, and the 

dominant balance is between the Ekman forcing (which 

is fixed once the wind forcing is chosen) and the eddy 

forcing, with minor but important variations between 

the GEOM, ML and CONST calculations. In the present 
channel case, the geostrophic contribution Tgeos is zero 

by definition, and the secondary contributions are from 

friction contributions Tfric (cf. Fig. 10 of Marshall et al. 
2016). The diminished presence of the Tfric term in GEOM 

would be consistent with the fact that the 𝜅 described 

by GEOM leads to an eddy component that can entirely 

compensate for the wind input for sufficiently large wind 

forcing, i.e., eddy saturation. The same cannot be said of 
the ML and CONST cases, where the frictional component 
takes up the residual (which is larger to compensate 

for the weaker eddy component in balancing the wind 

input), leading to a change in the resulting equilibrium 

solution that has a different sensitivity to changes in 

wind forcing. 
In Figure 4d–f, we show the same momentum 

balance but for a negative TRMOC case (TRMOC = –20 Sv, 
to mean a poleward above-pycnocline mass flux into 

the system from the model northern boundary). Within 

the channel region, most of TRMOC projects onto the 

eddy component for GEOM and ML (Figure 4d,e), with 

some of it taken up by the friction component. In both 

GEOM and ML, the eddy component now supersedes 
the wind-forcing component everywhere. However, note 

that GEOM displays negative sensitivity and ML does not 
(Figure 3a,b). The inconsistency seems to suggest the 

mechanism at play may be more subtle than one based 

on broad balances. 
Note also that, in the basin region, the presence of 

the residual projects onto a small eddy term (because 

of a non-zero ∇h as a result of the inflow boundary 

condition and diffusive-like behaviour of the eddy term 

𝜅|∇h|; cf. Figure 5a) and onto the geostrophic component, 
while friction contributions remain negligible (except near 
boundaries where the eddy terms are tapered to zero). 
The non-zero geostrophic term implies that there is 
some flow driven by a negative TRMOC. The deepening 

effect of the pycnocline from a negative RMOC, together 
with the fixed outcropping, results in the thickness h 

increasing as we move northwards, and a geostrophic 

flow associated with the gradient in h must result via 

geostrophic balance. 

0 500 1000 1500 2000

0

50

100

150

200

T
i (

Sv
)

(a) GEOM (TRMOC = 0Sv)

0 500 1000 1500 2000

(b) ML (TRMOC = 0Sv)

0 500 1000 1500 2000

(c) CONST (TRMOC = 0Sv)
   Twind

− Teddy

− Tgeos

− Tfric

   TRMOC

0 500 1000 1500 2000
y (km)

0

50

100

150

200

T
i (

Sv
)

(d) GEOM (TRMOC = − 20Sv)

0 500 1000 1500 2000
y (km)

(e) ML (TRMOC = − 20Sv)

0 500 1000 1500 2000
y (km)

(f) CONST (TRMOC = − 20Sv)

Figure 4 Diagnostic relating to momentum balance for a case where the wind is completely over the re-entrant channel (W01), 
showing net northward volume transports for a representative case with peak wind stress 𝜏0 = 1.0 N m–2 for (top row) TRMOC = 0 Sv and 
(bottom row) TRMOC = –20 Sv, for (a,d) GEOM, (b,e) ML and (c,f) CONST. The quantities Teddy, Tfric and Tgeos are shown with the opposite 
sign (dashed lines) to enable easier comparison of magnitudes and distributions. The vertical dashed-dot grey line denotes the model 
Drake passage separating the channel region and the basin region. 
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4 ANALYSIS RELATING TO EDDY 
SATURATION AND NEGATIVE 
SENSITIVITY 

It should be noted that the negative sensitivity observed 

arises from a combination of the wind forcing and the 

imposed TRMOC. The momentum budget decomposition 

(e.g., Figure 4) suggests that, while the eddy contributions 
surely play an important role, the mechanism is likely 

subtle and depends on the solution structure, requiring an 

approach beyond a coarse scaling argument. We provide 

in this section a mechanistic explanation and some 

scaling arguments to rationalise the negative sensitivity 

phenomenon. 

4.1 THE ZERO RMOC CASE, AND EDDY 
SATURATION 
It turns out to be informative to consider the zero TRMOC 

but increasing wind stress scenario first, deriving some 

scalings based on the mean equation (5) and the eddy 

energy equation (12) as appropriate. 
We take a Southern Ocean setting with a re-entrant 

channel (with or without basin to the north), governed 

by the above reduced-gravity system, with a Dirichlet 
boundary condition to represent an outcropping at the 

south. A proxy for the circumpolar transport in such a 1.5-
layer reduced-gravity system is given by (e.g., Eq. 6.1 of 
Marshall et al., 2016) 

h2gr dpTdp = ∫ hu dy ≈ (22) 
dp 2|f | 

, 

where the integral is over the model Drake passage, 
and hdp and f are the pycnocline depth and Coriolis 
parameter evaluated at the northern edge of the Drake 

passage where streamlines are concentrated; we have 

approximated the full velocity by the geostrophic velocity. 
We are primarily interested in the magnitude of the 

transport, so we further assume that we are dealing 

with a positive eastward transport, replacing –1/f with 

1/|f |, and that most of the contribution from |∇h| comes 
from 𝜕h/𝜕y (since this is related to the zonal flow u by 

geostrophic balance). Then, we have 

2 

TACC ≈ Tdp ≈ 
2 

g 

|f
r 

| 
(Δy)2 ( 

𝜕h 
) , (23)

𝜕y 

where Δy would be a length-scale related to the extent 
𝜕h/𝜕y varies over, roughly related to the equilibrium 

baroclinic jet profile. The goal is to estimate how TACC 

scales with the wind stress magnitude 𝜏0 = |𝝉𝐬|; note that 
|𝜕h/𝜕y| as a magnitude and Δy as a width are in principle 

functions of 𝜏0 and TRMOC. 
Within the channel, the dominant balance in the 

momentum equation (5) is between Twind and Teddy, i.e., 

𝜏0 

𝜌0|f | 
≈ 𝜅 

𝜕h 
. (24)

𝜕y 

For CONST, we have 𝜕h/𝜕y ≈ 𝜏0/(𝜅𝜌0|f |), so that 

gr 𝜏2 
0TACC ≈ (Δy)2 

2𝜌20|f |3 𝜅2
. 

The derived scaling TACC ∼ 𝜏2 is stronger than thes 

diagnosed transport scaling given in Figure 3c (black-
dashed line), which we attribute to the fact that the 

frictional component is not entirely negligible (Figure 4c, 
orange dotted line). 

For ML, exactly the same argument as above leads 
to the appearance of √E factors, which need to 

be eliminated. We turn to the energy equation (12): 
assuming the dominant balance is between source and 

sink (which is locally true in the work here, as well as in 

the global configuration ocean general circulation model 
reported in Torres et al. 2023), we should have 

2 

𝜅 (
𝜕h

E ≈ 
gr𝜅(𝜕h/𝜕y)2 

gr ) ≈ 𝜆E ⇒ , (26)
𝜕y 𝜆 

(25)

and so 

g2 2 2

L r 𝛼ML 𝜕h
𝜅 = 𝛼ML√E/D  = ( ) .

|f |2 𝜆 𝜕y 

Together with Eq. (24), Eq. (23) becomes 

1𝜆2 1 /31  
 

T 2 2/3
ACC ≈ ( ) (Δy) 𝜏 . (27)

2 𝛼4 |f 0 |gr𝜌2 
ML 0 

The derived scaling TACC ∼ 𝜏2/3 is supported by the0 

diagnosed transport scaling given in Figure 3b (black-
dashed line), and is consistent with the diagnosed 

dominant balance between wind stress and eddy terms 
(e.g., Figure 4b). 

Turning to GEOM, starting from (24) and the scaling for 
𝜅 in Eq. (11), the 𝜕h/𝜕y factors cancel out exactly, and we 

obtain 

D 𝜏0E ≈
√gr (28)
𝜌0|f | 𝛼 

, 

with E ∼ 𝜏0. While perhaps counter-intuitive, this is a 

feature of GEOMETRIC where the mean equation sets the 

eddy characteristics, and the eddy equations sets the 

mean characteristics (e.g., Marshall et al., 2017; Maddison 

et al., 2025). To get a scaling for 𝜕h/𝜕y, we again use 

Eq. (26): 
2E 

𝜆 
(
𝜕h 
) ,

𝜅 
≈ 
gr 

𝜕y 

while Eq. (11) scaling gives 

E |𝜕h/𝜕y|
D .

𝜅 
≈√gr 𝛼 

Eliminating E/𝜅 from the last two equations, we obtain an 

expression for 𝜕h/𝜕y. Using this in Eq. (23) gives 

D 𝜆2 

TACC ≈ 
2|f | 

(Δy)2 (29)
𝛼2
, 
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i.e., the transport is explicitly independent of wind stress 
𝜏0. The scalings were previously derived in Marshall et al. 
(2017), Mak et al. (2017) and Maddison et al. (2025), 
and TACC ∼ 𝜆 is the anti-frictional control of TACC reported 

in Marshall et al. (2017). The derived scaling TACC ∼ 𝜏00 = 

constant is supported by the diagnosed transport scaling 

given in Figure 3a (black-dashed line), and is consistent 
with the dominant balance between wind stress and 

eddy terms (e.g., Figure 4a). 

4.2 THE NEGATIVE RMOC CASE 
The problem now is that a similar scaling argument for 
fixed TRMOC < 0 does not clearly provide new information 

relating to negative sensitivity. A TRMOC < 0 acts as a 

mass flux into the domain, leading to a deepening of 
the pycnocline, and together with outcropping at the 

Southern edge certainly implies a larger equilibrium E 

in GEOM. Note that the same manipulations on the 

mean equation including the momentum contribution 

by the negative RMOC still only tells us information 

about the equilibrium E in GEOM. Without additional 
assumptions on the role of the RMOC in the eddy energy 

budget, the manipulations essentially lead to Eq. (29). 
A different approach beyond a scaling argument seems 
to be required. 

It is informative to consider the other extreme case, 
where 𝜏s is zero but with a non-zero negative TRMOC. 
We show in Figure 5 the (signed) zonally averaged 

(dimensional) 𝜕h/𝜕y profiles that arises for zero 𝜏0 and 

TRMOC = –20 Sv for GEOM, ML and CONST, given by the grey 

dotted lines, which serve as a proxy for the associated 

zonal flow profile via geostrophic balance. We also 

show the associated profiles for zero TRMOC and 𝜏0 = 

1.0 N m–2 (the black dashed line), and a sequence of 
zonally averaged 𝜕h/𝜕y profiles for TRMOC = –20 Sv with 

increasing 𝜏0. 
We first make the observation that the 𝜕h/𝜕y profile 

associated with the zero wind and negative RMOC spans 
both the channel and the basin in all cases, but differing 

in the exact patterns and magnitudes, arising from the 

different choices of eddy terms resulting in different 

equilibrium balances. The observation that there is a 

broad flow spanning both channel and basin is consistent 
with the diagnosed momentum balances in Figure 4d,e,f, 
where there is a non-trivial geostrophic term in the basin 

(the green dashed lines). With increasing wind forcing at 
negative RMOC (the blue lines in Figure 5), we see that 
in the GEOM (and to a lesser extent in the ML) case, 
there is a secondary jet profile north of the channel, even 

though the wind forcing is only over the channel; this 
presumably arises from the combined effect of the RMOC 

forcing balanced by the non-trivial eddy, geostrophic and 

friction terms. 
We also observe that, as the wind forcing is increased, 

the profiles increasingly approach the zero RMOC but 
non-zero wind base profile (at least in terms of the 

patterns). This is consistent: with increasing wind forcing, 
the relative importance of the fixed negative TRMOC is 
expected to diminish. In the ML and CONST cases, 
the profiles over the channel increase in magnitude, 
consistent with scalings in Eqs. (25) and (27), which we 

expect to be valid in this large wind-forcing limit. In the 

GEOM case, the peak magnitude of the channel jet is 
fixed, also consistent with the scaling in Eq. (29). There 

is a decreasing width, perhaps Δy ∼ 𝜏–𝛿 for some 𝛿 > 0,0 

which is consistent with negative sensitivity (decreasing 

transport with increasing wind forcing) in this negative 

TRMOC setting. On the other hand, the limiting behaviour 
is somewhat incomplete particularly in the basin regions, 
and there is a non-negligible imprint associated with 

the TRMOC contributions. A physical rationalisation should 

explain all the aforementioned features. 

4.3 PHYSICAL RATIONALISATION 
Our proposed explanation for the physical mechanisms at 
play are as follows. Guided by the observations in Figure 5, 
we suppose the full solution (𝜕h/𝜕y)full roughly satisfies 

(𝜕h/𝜕y)full = (𝜕h/𝜕y)wind + (𝜕h/𝜕y)RMOC, (30) 

where the validity of the linear superposition is to be 

investigated. Here, (𝜕h/𝜕y)wind = (𝜕h/𝜕y)(𝜏0, TRMOC = 0) is a 
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Figure 5 The zonally averaged 𝜕h/𝜕y profiles of the W01 case (wind forcing only over the channel) for (a) GEOM, (b) ML and (c) CONST. 
The data plotted here are the profiles where there is no wind but fixed negative RMOC (𝜏0 = 0 N m–2 and TRMOC = –20 Sv; grey dotted), 
only wind but no RMOC (𝜏0 = 1.0 N s–2 and TRMOC = 0 Sv; black dashed), and intermediate profiles varying 𝜏0 at fixed negative RMOC 
(TRMOC = –20 Sv; darker blue with increasing 𝜏0). The vertical dashed-dot grey line denotes the model Drake passage separating the 
channel region and the basin region. 
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component driven entirely by the wind forcing with no 

contribution from TRMOC, while (𝜕h/𝜕y)RMOC = (𝜕h/𝜕y)(𝜏0 = 

0, TRMOC) is a component driven entirely by the RMOC in 

the absence of wind forcing, both compensated by the 

eddy component in some way; other choices of state 

variable in place of (𝜕h/𝜕y) is possible, although this is the 

one we chose to report on for this work. From Figure 5, 
(𝜕h/𝜕y)wind and (𝜕h/𝜕y)RMOC would be related to the black-
dashed and grey dotted line, respectively, and the blue 

lines are some incomplete combinations of the two up to 

some scaling factors (incomplete since the equations are 

nonlinear and such a linear superposition considered here 

is at best a suggestive approximation). 
The thing we note is that (𝜕h/𝜕y)wind is confined to the 

channel, while (𝜕h/𝜕y)RMOC is broad and spans channel 
and basin when TRMOC is negative. The exact form of the 

latter depends on the exact eddy balance, and while we 

have no explicit scaling arguments for (𝜕h/𝜕y)RMOC, the 

observation that it is broad is qualitatively consistent with 

the numerical results. Under this linearity assumption, 
the question is how are (𝜕h/𝜕y)wind and (𝜕h/𝜕y)RMOC 

compensated by the eddy component, and how that 
changes as a function of 𝜏0 for negative TRMOC. 

Section 4.2 provides analysis on how (𝜕h/𝜕y)wind 

interacts with the eddy component as a function of 𝜏0 

via a scaling analysis. For (𝜕h/𝜕y)RMOC, since the profile 

is broad, we would expect the eddy component to act 
over the extent where (𝜕h/𝜕y)RMOC is supported, i.e., over 
the channel and the basin. With these observations, our 
proposed mechanism for negative sensitivity as follows: 

• When TRMOC is negative, (𝜕h/𝜕y)RMOC is broad, so 

(𝜕h/𝜕y)full = (𝜕h/𝜕y)wind + (𝜕h/𝜕y)RMOC is broadened at 
least relative to (𝜕h/𝜕y)wind. This is consistent with 

numerical results observed in Figure 5. 
• In GEOM, the (𝜕h/𝜕y)wind contribution is fixed in 

magnitude because of eddy saturation. However, 
with increasing 𝜏0, the increased eddy component 
cannot reduce (𝜕h/𝜕y)wind because of eddy 

saturation; however, it does reduce (𝜕h/𝜕y)RMOC, 
leading to a sharpening of (𝜕h/𝜕y)full, and a decrease 

in transport (i.e., negative sensitivity) via a sharpening 

of the profile. Put another way, there is a profile 

sharpening because the initial profile was already 

broadened from the negative TRMOC. This is consistent 
with the results in Figure 5a and discussed in Sec. 4.1. 

• On the other hand, negative sensitivity is not seen in 

ML and CONST because any decreases in (𝜕h/𝜕y)RMOC 

is overwhelmed by increases in the magnitude 

associated with (𝜕h/𝜕y)wind. 

As a low-level consistency check for the proposed 

mechanism, we consider an optimisation calculation 

where we seek to minimise 

J = ‖(𝜕h/𝜕y)full – (a(𝜕h/𝜕y)wind + b(𝜕h/𝜕y)RMOC)‖2 (31) 

for some squared norm ‖ ⋅ ‖2 to be specified. The 

(𝜕h/𝜕y)wind and (𝜕h/𝜕y)RMOC are one-dimensional spatial 
patterns (zonally averaged) but non-dimensional in 

magnitude, while the target ffull is dimensional; the 

dimensional control variables a and b can be regarded as 
the magnitudes of the respective basis functions. If the 

aforementioned mechanism is possible, then we should 
̂expect that the optimised magnitudes b to decrease 

with increasing 𝜏0 for all cases (because 𝜅 that reduces 
the RMOC contribution increases with 𝜏0), while â should 

asymptote to some value for GEOM, but grow unbounded 

for ML and CONST. We stress that this is a baseline check: 
if the aforementioned behaviour is not observed, the 

proposed mechanism is certainly not at play. 
In the Appendix, we show that the zonally averaged 

profiles of (𝜕h/𝜕y) for zero TRMOC (Figure A.1), normalised 

by the peak value of the zonally averaged profile, are 

relatively invariant with changes in 𝜏0; thus, they can 

serve as a zeroth-order estimate of the basis pattern 

(𝜕h/𝜕y)wind for the different parameterisation variants. 
For fixed TRMOC, we can diagnose the analogous zonally 

averaged |∇h| (also normalised by the maximum value, 
which occurs on the southern edge of the domain, shown 

by the grey dotted lines in Figure 5), and set those to 

be (𝜕h/𝜕y)RMOC for GEOM, ML and CONST accordingly. 
The optimisation calculations using a L2 (i.e., root-mean-
squared) norm is performed for fixed negative TRMOC 

and varying 𝜏0, which returns a set of optimised values 
â and b̂. We can then further compute the implied 

circumpolar transport 

̂ ̂ ̂Twind ∼ a(𝜕̂ h/𝜕y)wind, TRMOC ∼ b(𝜕h/𝜕y)RMOC (32) 

̂ ̂ ̂and Ttotal = Twind + TRMOC from 𝜕h/𝜕y by computing the 

associated u via geostrophic balance and h by integrating 

from the southern boundary where h = 10 m by the 

imposed boundary condition. The implied transports from 

the optimisation calculation are shown in Figure 6. 
̂We can see that Twind appear to reach some 

asymptotic value for GEOM (panel a), and increases 
strongly for ML and CONST (panels b and c). The 

implied TRMOC decreases in all cases (panels d, e, f ).̂ 
̂ ̂The implied total transport Twind + TRMOC decreases only 

for GEOM (panel g), demonstrating the offset in the 

RMOC contributions in ML and CONST is not enough to 

counteract the increase in the channel jet driven by the 

wind forcing. The results are then consistent with our 
expectations; however, we stress that we make no claims 
as to the validity of the linear decomposition beyond a 

zeroth-order approximation for checking consistency for 
the proposed physical rationalisation for the observed 

negative sensitivity. Further details with the optimisation 

calculation, its implementation and the associated 

limitations are given in the Appendix. 
With that caveat, we conclude that negative sensitivity 

requires a sufficiently fast-growing eddy component with 
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Figure 6 The implied ACC transports from Eq. (32) from the optimisation calculation stated in Eq. (31) for the wind solely over the 
re-entrant channel (W01). (Top row) Twind. (Middle row) TRMOC. (Bottom row) Ttotal = Twind + TRMOC, to be compared with results in ̂ ̂ ̂ ̂ ̂ 
Figure 3. See Figures A.1 and 5 for samples of the respective definitions of the basis patterns (𝜕h/𝜕y)wind and (𝜕h/𝜕y)RMOC. 

the wind forcing (𝜅 ∼ 𝜏0 will do), along with a damping of 
the contribution of the circumpolar transport associated 

with the negative TRMOC component. What we are observe 

here is not an eddy over-saturation regime, where the 

eddy component scales super-linearly as a function of 
the wind stress 𝜏0. 

5 OTHER RESULTS 

The above analysis assumes a dominant balance 

between the eddy and wind forcing. In the presence of 
other contributions (e.g., geostrophic contributions if the 

wind is not completely over the re-entrant channel), one 

might suspect this diminishes the eddy contributions, 
making it harder to achieve the conditions where we 

might have eddy saturation and/or negative sensitivity. 
We present numerical results for the W02 and W23 

cases, respectively, where a portion of total wind forcing 

and no wind forcing is over the channel, where there 

are additional terms present in the balances. Our aim 

here is to numerically explore the extent to which eddy 

saturation and negative sensitivity manifest in the 

different scenarios. 

5.1 W02: WIND OVER CHANNEL AND BASIN 
If the wind forcing is not solely over the re-entrant 
channel, then there is a non-zero geostrophic component, 
although our predictions were that depending on the 

strength of the other components, we may still have 

saturation-like regimes. Here, we explore the degree to 

which the geostrophic component affects the reported 

sensitivities in the previous subsection; we present results 
only for the GEOM calculations, opting to describe the 

observed differences of ML and CONST relative to GEOM 

in the text. 
A representative case where the wind forcing straddles 

the periodic channel and basin region is the W02 

case, where we might expect the eddy dynamics play 

an important. Figure 7a shows that the circumpolar 
transport generally increases with magnitude of wind 

forcing, although some saturation occurs at high wind 

forcing, with even hints of negative sensitivity when TRMOC 

is negative. 
Figure 7b,c shows the relative momentum balance 

for the zero and a negative TRMOC case, respectively, 
for the same large wind forcing to describe the relative 

differences between the two cases. When TRMOC is zero 

(panel b), the balance is between the Ekman and eddy 

components; however, in this case, the geostrophic 

component is non-negligible in the basin regions, as 
expected for the prescribed wind-forcing profile. When 

TRMOC is negative (panel c), the effect of the imposed 

residual transport can be seen to be taken up by the 

geostrophic component away from regions of wind 

forcing, largely by the geostrophic and eddy components 
in the basin region with wind forcing (with a small 
friction contribution through the domain, except at the 
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Figure 7 Diagnostics for GEOM, for a case where the wind is partially over the re-entrant channel (W02). (a) Diagnosed transport for 
different values of TRMOC and 𝜏0. (b, c) Momentum balances for a zero and negative TRMOC case, respectively; details are as in Figure 4. 
The vertical dashed-dot grey line denotes the model Drake passage separating the channel region and the basin region. The data 
scalings shown as black dashed line and blue dashed line are diagnosed via a regression over the indicated data range corresponding 
to the length of the dashed lines using data from the TRMOC = 0 Sv and TRMOC = –20 Sv calculation respectively. 

boundary regions), and by the eddy component in the 

channel region with wind forcing. The eddy terms are still 
significant over the channel region, and the eddy terms 
still exert a significant influence on the resulting transport 
and its sensitivity to wind forcing. 

5.2 W23: WIND SOLELY OVER THE BASIN 
In the W23 case, the wind is solely over the basin region, 
so here we might expect the eddy component to play 

even less of a role compared to the previous cases. 
We show in Figure 8 the analogous diagnostics from 

the W23 calculation. Even though the wind forcing is 
not over the channel, a circumpolar transport is still 
possible (see, e.g., the analogous results in Marshall 
et al. 2016). An increase in the wind forcing over the 

basin region drives a larger western boundary current, 
and the non-trivial connection via the eddy component 
acting as a diffusion of h also leads to an increase in 

the circumpolar transport in the channel region. We see 

from Figure 8a that the circumpolar transport increases 
with increasing wind forcing for all cases, although the 

rate of increase is smaller when TRMOC is negative. We 

show in Figure 8b,c the relative momentum balance 

for the zero and a negative TRMOC case, respectively, for 
the same large wind forcing, to describe the relative 

differences between the two cases. When TRMOC is zero 

(panel b), the geostrophic component is non-negligible, 
and it is of interest here that the eddy component 
can be locally of the opposite sign to the geostrophic 

component. When TRMOC is negative (panel c), we observe 

that the presence of the residual component is reflected 

in a significant increase in the geostrophic component 
throughout the majority of the domain, leading to a 

notable decrease in the eddy component (except in 

the channel region where some of the residual leads to 

a non-zero eddy component). For this particular case, 
the geostrophic component is comparable to the eddy 

component, and when the wind forcing is increasing 

over the basin regions, the geostrophic component 
becomes increasingly present, and there is no strong 

constraint that the eddy component plays a dominant 
role. Under these conditions, although the open channel 
exists and there is a flow through it, the dynamics 
seen here are primarily gyre dynamics. However, this is 
not a Stommel gyre from the classic depth integrated 

theory, since the reduced-gravity system is baroclinic, 
which allows for a non-negligible eddy component. 
Channel dynamics have very little effect on the 

overall system. 
For completeness, the circumpolar transport for ML 

and CONST significantly increase with increases with wind 

forcing regardless of the choice of TRMOC (cf. Figure 3) for 

0.1 0.2 0.5 1.0 2.0 4.0
τ0 (Nm 2)

101

102

103

AC
C

 tr
an

sp
or

t (
Sv

)

~ τ0.04
0

~ τ0.45
0

(a) ACC transport

TRMOC = − 20 Sv
TRMOC = − 10 Sv
TRMOC =      0 Sv
TRMOC =    10 Sv
TRMOC =    20 Sv

0 1000 2000 3000 4000
y (km)

50

0

50

100

150

200

250

300

T
i (

Sv
)

(b) Meridional Transports (TRMOC = 0Sv)
   Twind

− Teddy

− Tgeos

− Tfric

   TRMOC

0 1000 2000 3000 4000
y (km)

50

0

50

100

150

200

250

300

T
i (

Sv
)

(c) Meridional Transports (TRMOC = − 20Sv)

Figure 8 Diagnostics for GEOM, for a case where the wind is completely over the basin (W23). (a) Diagnosed transport for different 
values of TRMOC and 𝜏0. (b, c) Momentum balances for a zero and negative TRMOC case, respectively, for 𝜏0 = 1 N m–2; details are as in 
Figure 4. The vertical dashed-dot grey line denotes the model Drake passage separating the channel region and the basin region. The 
data scalings shown as black dashed line and blue dashed line are diagnosed via a regression over the indicated data range 
corresponding to the length of the dashed lines using data from the TRMOC = 0 Sv and TRMOC = –20 Sv calculations, respectively. 
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both the W02 and W23 cases, since the eddy component 
in those two cases are even less dominant compared to 

the analogous GEOM calculations. 

6 CONCLUSION 

The sensitivity of modelled circumpolar transport to 

changes in forcing is of interest because the circumpolar 
transport is a key ocean climate metric, since the 

associated circumpolar transport is closely related to 

the global stratification to the north of the Atlantic 

Circumpolar Current (e.g., Fox-Kemper et al., 2019; Mak 

et al., 2022a; Munday, Johnson and Marshall, 2013). 
Several previous works have found that sometimes ocean 

models can have the curious behaviour that increasing 

wind forcing could lead to decreases in the modelled 

circumpolar transport, in quasi-geostrophic but eddying 

models (Youngs, Flierl and Ferrari, 2019), as well as 
primitive equation models that are eddy-rich or with 

parameterised eddies (Mak et al., 2018, 2023) if the 

residual overturning is in the negative sense. We term this 
phenomenon negative sensitivity in this work. Questions 
then arise as to the role of the eddies and the negative 

RMOC (interpreted in this model as a poleward above-
pycnocline mass flux into the domain) in this negative 

sensitivity phenomenon. 
In the present work, we specifically focus on the case 

where eddies refer to transient eddies, modelled as an 

eddy-induced advection with coefficient 𝜅 (e.g., Gent 
and McWilliams, 1990; Gent et al., 1995). Our model is 
based on Marshall et al. (2016), but differs in its choice 

of eddy parameterisations of form stress, imposed 

residual overturning circulation and the numerical 
implementation. Our analysis and results in Sec. 4 

suggest that, in the present case, the GEOMETRIC 

parameterisation (Marshall et al., 2012; Mak et al., 2018, 
2022a) together with the presence of a negative RMOC 

leads to a negative sensitivity (Figure 3a) via a sharpening 

of the baroclinic jet (Figure 5a). The sharpening occurs 
through the following physical mechanism: 

• A negative RMOC leads to a mass flux into the 

domain and contributes to the circumpolar transport, 
and in this case leads to a broadening of the channel 
jet and non-trivial contributions in the basin. 

• Increased wind forcing over the channel drives an 

increased eddy contribution via increases in the value 

of 𝜅, which in turn diminishes the contribution from 

the negative RMOC. 
• The contribution from the negative RMOC is reduced, 

resulting in a reduction in the initial broadening, i.e., 
the jet sharpens. 

This sharpening feature and decreased contribution from 

the negative RMOC is expected to be present in general, 

but only manifest as a negative sensitivity in GEOM. 
This is because GEOM allows for eddy saturation: the 

maximum jet profile magnitude is fixed and the wind 

contribution is independent of wind stress, but the 

negative RMOC contribution is damped, leading to a 

sharpening and decrease in total circumpolar transport. 
Negative sensitivity is not visible in ML and CONST simply 

because whatever reduction in the transport from the 

negative RMOC contribution is overwhelmed by the wind-
driven contribution with increasing wind stress. As a 

consistency check, an optimisation calculation based 

on a linear decomposition of a wind stress-driven and 

RMOC-driven component was performed (cf. gyre and 

channel mode of Nadeau and Ferrari 2015, but we make 

no claims here that such a procedure here is anything 

but a zeroth-order consistency check). The calculation 

demonstrates consistency with the aforementioned 

mechanism. More work is, however, required to turn 

the present work into a quantitative predictive theory 

(e.g., investigating the actual structure of presumably 

western boundary flow driven by the negative RMOC, 
the nonlinear interactions), but our investigation in that 
direction is thus far inconclusive. 

When the dominant balance is not between eddy and 

wind components, such as when there are non-negligible 

contributions to the overall momentum balance from the 

geostrophic and/or friction component (e.g., when the 

wind forcing is not solely over the channel), the analysis 
presented does not strictly hold. Nevertheless, the use of 
GEOM does generally lead to a reduction of the sensitivity 

of modelled circumpolar transport to changes in the wind 

forcing, in line with the stronger scaling of the eddy-
induced velocity coefficient 𝜅. 

In the present work, a choice was made to perform 

the investigation in an idealised and simplified model, 
to isolate and highlight the plausible contributions 
of different processes. In other models with flow– 

topography interactions, standing eddies can result 
and have a significant contribution to the momentum 

balance (e.g., Mak et al., 2018, 2023; Masich, Mazloff and 

Chereskin, 2015; Stewart, Neumann and Solodoch, 2022; 
Youngs et al., 2017; Youngs, Flierl and Ferrari, 2019). We 

should note, however, that standing eddy fluxes across 
latitude circles are equivalent to transient eddy fluxes 
across time-mean streamlines (e.g., Marshall et al., 
1993), and one needs to be a bit careful in attributing 

causality to the observed solution behaviour. From 

either point of view, we argue that standing eddies 
play a similar role to transient eddies in the sense 

that they both lead to form stress and counteract 
the increase in transport from the wind forcing. Eddy 

saturation and negative sensitivity could occur if the 

eddy effects have a strong enough scaling with the 

wind forcing, individually or in combination with each 

other, although the quantitative details will presumably 

differ. We speculate that inclusion of flow–topography 
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interaction would alter the location in parameter space 

where eddy saturation and/or negative sensitivity occurs, 
possibly providing an explanation why we find negative 

sensitivity for rather large wind forcings here, when 

other works such as Youngs, Flierl and Ferrari (2019) 
and Mak et al. (2018; 2023) find these regimes in more 

realistic choices of wind forcings. An investigation in 

an analogous 2-layer model to the 1.5-layer model 
used here is possible to investigate the interplay 

between topographic steering effects and transient eddy 

contributions; however, this is beyond the scope of the 

present work. 
One could argue that the negative sensitivity 

phenomenon occurs in a rather special limit where 

there is a poleward above-pycnocline meridional flow 

that is counter to the sense that is observed in the present 
climate, and is additionally only seen to occur when the 

GM-based GEOMETRIC parameterisation is active. This is 
certainly a valid point; however, we note that a similar 
phenomenon is also present in models with an explicit 
representation of mesoscale eddies, as we all as in cases 
where the RMOC is opposite to that of the present climate 

(e.g., Mak et al., 2018, 2023; Youngs, Flierl and Ferrari, 
2019). While some of these may be due to the presence 

of the standing eddies, the present observation seems to 

suggest that the GM-based GEOMETRIC parameterisation 

is able to represent the related eddy–mean interactions 
even in this non-conventional limit, when other GM 

variants do not (and cannot, by our arguments in Sec. 4). 
Although we cannot claim that the GM-based GEOMETRIC 

scaling is the ‘correct’ one, the result does add to the 

growing evidence that the GM-based GEOMETRIC 

parameterisation can reproduce desirable aspects of 
eddy-rich models but in coarse resolution models (e.g., 
Mak et al., 2018, 2022a, 2023; Wei, Wang and Mak, 2024). 
The present work thus serves a secondary purpose in 

exploring sensitivities of model behaviour associated 

with the GM-based GEOMETRIC parameterisation in 

different ocean-relevant physical regimes. In addition, 
this result has interesting implications when considering 

palaeoclimates, as it is theorised that there were periods 
during which there was little to no North Atlantic 

Deep Water formation (Rahmstorf, 2002), and most 
of the deep water formation was focused on the 

Southern Ocean, possibly resulting in a reversal of the 

surface flow opposite to that of the current era (e.g., 
Zhang et al., 2022). If the surface flow had truly gone 

in the opposite direction, our theory suggests that 
negative sensitivity could have been present in those 

time periods. 
Our model makes it possible in principle for us 

to look at different combinations of basin gyre and 

channel circumpolar flow, similar to the ‘gyre mode’ 
and ‘circumpolar mode’ theory proposed by Nadeau 

and Ferrari (2015). However, a direct comparison of 
our work with that theory is problematic, as their 

theory makes a linearity assumption where the forcing 

projects onto separate modes when the underlying 

system is nonlinear, and that work does not provide 

quantitative proposals for how one defines the gyre and 

circumpolar mode. While a comparison by eye is not 
entirely satisfactory, our general results (not shown) do 

not support Nadeau and Ferrari (2015)’s hypothesis that 
eddy saturation can be explained by strengthening gyres, 
but instead show the gyres strengthening with increasing 

wind stress regardless of whether eddy saturation 

is observed. 
In the present work, we only focus on equilibrium 

responses, and the numerical method is chosen to 

take advantage of this, solving for the steady-state 

problem directly. The numerical solve time with the 

present methodology is on the order of minutes, 
compared with hours for pseudo-timestepping methods, 
and even days when the eddy energy budget is included, 
for a similar number of degrees of freedom and 

the same computational resources. The methodology 

allowed for a comprehensive scan throughout the 

parameter space, although we only report on a small 
but representative subspace in the present work. The 

numerical methodology and the use of the automatic 

code-generation software FEniCS (e.g., Alnæs et al., 2015) 
presented here (and the related software Firedrake, e.g., 
Rathgeber et al. 2017) is perhaps less well-known in the 

field of physical oceanography, but should be applicable 

in other idealised problems where the equilibrium 

response is the subject of focus (e.g., Allison et al., 2010; 
Howard et al., 2015; Huber and Nof, 2006; Johnson et al., 
2007; Jones and Cessi, 2016; Munday et al., 2024). 

The route towards equilibrium, i.e., the associated 

spin-up and adjustment problem (e.g., Allison, Johnson 

and Marshall, 2011) is also of interest from a theoretical 
point for understanding, and of numerical and 

observational point of view to inform on the length 

of numerical integration or data time series. The 

theoretical analysis pursued in this work assumes 
equilibrium balances, but there are feedback loops 
that are presumably inaccessible under the present 
methodology. In addition, the fact that GEOMETRIC 

utilises a parameterised eddy energy budget implies 
time-scales associated with the growth of eddy energy, 
coupled to the adjustments inherent in the mean-state, 
suggesting an oscillator-type behaviour. The work of 
Maddison et al. (2025) derives a nonlinear oscillator 
model motivated by that of Ambaum and Novak (2014) 
(see also Sinha and Abernathey 2016; Kobras et al. 
2021; Ong et al. 2024) and makes a prediction of decay 

and oscillation time-scales associated with the mean 

and eddy adjustment. The associated investigation on 

adjustment time-scales and dynamical feedback loops 
is beyond the scope of the present investigation, but 
is currently being investigated and will be reported in 

subsequent publications. 
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APPENDIX A: FURTHER DETAILS ON 
THE OPTIMISATION CALCULATION 

The optimisation calculation encapsulated in the text 
around Eq. (31) relies on two non-dimensionalised basis 
patterns, so that the dimensional control variables a 

and b (the coefficients of the associated basis patterns) 
provide a measure of the respective magnitudes. The 

assumption relies on an approximate invariance of the 

chosen (𝜕h/𝜕y)wind profile with changes in the wind stress 
𝜏0 (with a zero TRMOC), which is largely supported by the 

profiles shown in Figure A.1 (there is a meridional shift of 
the pattern in CONST with increased 𝜏0). For the results 
presented in this work, we choose to take the (𝜕h/𝜕y) 
pattern diagnosed from 𝜏0 = 1.0 N m–2, normalised by the 

maximum value after a zonal average. 
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Figure A.1 The zonally averaged 𝜕h/𝜕y profiles of the W01 case 
(wind forcing only over the channel) at zero TRMOC, normalised 
by the maximum of the zonally averaged profile. (a) GEOM, (b) 
ML and (c) CONST. The vertical dashed-dot grey line denotes the 
model Drake passage separating the channel region and the 
basin region. 

The optimisation procedure was implemented in 

Python using scipy.optimize.minimize with the 

default settings. The presented results use the squared 

L2 norm (i.e., ‖f ‖2 = ∫ |f |2 dy); other choices of normL2 

were considered but not presented. The results presented 

here use the zonally averaged 𝜕h/𝜕y profile. The use 

of the zonally averaged u would give similar results, 
although computing the implied transport becomes more 

complicated since a thickness factor h is missing. The use 

of the zonally averaged h has the added complication 

that the normalised profiles were not as universal as the 

zonally averaged u or 𝜕h/𝜕y profiles (not shown). We have 

not attempted an optimisation calculation with a two-
dimensional basis pattern, although that is in principle 

possible (using just scipy.optimize.minimize, doing 

a linear solve of a 2 by 2 matrix, or leveraging FEniCS 

capabilities). The qualitative conclusions drawn from 

Figure 6 were found to be robust from the different 
combinations of basis variables, norms and optimisation 

routine parameters considered (not shown). 
A sample of the profile from the optimisation 

calculation and the target profile is shown in Figure A.2. 
The deviations arise from the incomplete nature of the 

linear decomposition, which is not entirely surprising 

given that the equations are nonlinear. The optimisation 

procedure is unable to represent the secondary jet 
formed over the basin in GEOM and ML, but does capture 

the bulk aspects of the diagnosed profiles. The present 
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Figure A.2 The profile returned by the optimisation calculation 
(black dashed) and the actual diagnosed profile (grey), for the 
case 𝜏0 = 1.0 N m–2 ad TRMOC = –20 Sv, for (a) GEOM, (b) ML and 
(c) CONST. 
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approach provides a qualitative check on the consistency 

of the proposed physical mechanism, but more work is 
required for this to be a quantitative theory. 

DATA ACCESSIBILITY STATEMENT 

The numerical model code, analysis code and sample 

model data are available on Zenodo at http://dx.doi.org/ 
10.5281/zenodo.15304142. 

ACKNOWLEDGEMENTS 

We extend our thanks to Jonas Nycander and the 

two other anonymous referees for their many valid 

comments, which made us think about the problem more 

thoroughly, leading to an improvement in the scientific 

content and presentation of the article (Jonas Nycander is 
particularly acknowledged for some material that is now 

included in Sec. 4.1 and 4.2). 

FUNDING INFORMATION 

This research was funded by the RGC General Research 

Fund 11308021. 

COMPETING INTERESTS 

The authors have no competing interests to declare. 

AUTHOR CONTRIBUTIONS 

Resources, Supervision, Project administration, Funding 

acquisition: JM. Conceptualization, Visualization, 
Methodology: HSL, JM, DPM, JRM. Software, Formal 
Analysis, Validation: HSL, JM. Writing – Original Draft: HSL, 
JM, DPM, YW. Writing – Review & Editing: everyone. 

AUTHOR NOTE 

For the purposes of open access, the authors have applied 

a Creative Commons Attribution (CC-BY) license to any 

Author Accepted Manuscript version arising from this 
submission. 

AUTHOR AFFILIATIONS 

Han Seul Lee orcid.org/0000-0003-2880-2040 
Department of Ocean Science, Hong Kong University of Science 
and Technology, Hong Kong 

James R. Maddison orcid.org/0000-0001-5742-4363 
School of Mathematics and Maxwell Institute for Mathematical 
Sciences, The University of Edinburgh, United Kingdom 

Julian Mak orcid.org/0000-0001-5862-6469 
Department of Ocean Science, Hong Kong University of Science 
and Technology, Hong Kong; National Oceanography Centre, 
Southampton, United Kingdom 

David P. Marshall orcid.org/0000-0002-5199-6579 
Department of Physics, University of Oxford, United Kingdom 

Yan Wang orcid.org/0000-0001-8064-2908 
Department of Ocean Science, Hong Kong University of Science 
and Technology, Hong Kong 

REFERENCES 

Allison, L.C., Johnson, H.L. and Marshall, D.P. (2011) Spin-up and 

adjustment of the Antarctic Circumpolar Current and global 
pycnocline. Journal of Marine Research, 69(2–3): 167–189. 
DOI: https://doi.org/10.1357/002224011798765330 

Allison, L.C., Johnson, H.L., Marshall, D.P. and Munday, D.R. 
(2010) Where do winds drive the Antarctic Circumpolar 
Current? Geophysical Research Letters, 37(12): L12605. 
DOI: https://doi.org/10.1029/2010GL043355 

Alnæs, M.S., Blechta, J., Hake, J., Kehlet, B., Logg, A., 
Richardson, C., Ring, J., Rognes, M.E. and Wells, G.N. 
(2015) The FEniCS project version 1.5. Archive of Numerical 
Software 3(100): 9–23. https://doi.org/10.11588/ans.2015. 
100.20553 

Alnæs, M.S., Logg, A., Ølgaard, K.B., Rognes, M.E. and Wells, 
G.N. (2014) Unified Form Language: A domain-specific 

language for weak formulations of partial differential 
equations. ACM Transactions on Mathematical Software, 
40(2): 9:1–9:37. DOI: https://doi.org/10.1145/2566630 

Ambaum, M.H.P. and Novak, L. (2014) A nonlinear oscillator 
describing storm track variability. Quarterly Journal of the 

Royal Meteorological Society, 140(685): 2680–2684. DOI: 
https://doi.org/10.1002/qj.2352 

Constantinou, N.C. and Hogg, A.M. (2019) Eddy saturation of 
the Southern Ocean: A baroclinic versus barotropic 

perspective. Geophysical Research Letters, 46(21): 12202– 

12212. DOI: https://doi.org/10.1029/2019GL084117 

Constantinou, N.C. and Young, W.R. (2017) Beta-plane 

turbulence above monoscale topography. Journal of Fluid 

Mechanics, 827: 415–447. DOI: https://doi.org/10.1017/jfm. 
2017.482 

Evans, L.C. (1998) Partial differential equations. Providence, RI: 
American Mathematical Society. 

Farneti, R., Downes, S.M., Griffies, S.M., Marsland, S.J., Behrens, 
E., Bentsen, M., Bi, D., Biastoch, A., Böning, C.W., Bozec, A., 
Canuto, V.M., Chassignet, E., Danabasoglu, G., Danilov, S., 
Diansky, N., Drange, H., Fogli, P.G., Gusev, A., Hallberg, 
R.W., Howard, A., Ilicak, M., Jung, T., Kelley, M., Large, 
W.G., Leboissetier, A., Long, M., Lu, J., Masinam, S., Mishra, 
A., Navarra, A., Nurser, A.J.G., Patara, L., Samuels, B.L., 
Sidorenko, D., Tsujino, H., Uotila, P., Wang, Q. and Yeager, 
S.G. (2015) An assessment of Antarctic Circumpolar Current 
and Southern Ocean meridional overturning circulation 

during 1958-2007 in a suite of interannual CORE-II 
simulations. Ocean Modelling, 93: 84–120. DOI: https://doi. 
org/10.1016/j.ocemod.2015.07.009 

http://dx.doi.org/10.5281/zenodo.15304142
http://dx.doi.org/10.5281/zenodo.15304142
https://orcid.org/0000-0003-2880-2040
https://orcid.org/0000-0003-2880-2040
https://orcid.org/0000-0001-5742-4363
https://orcid.org/0000-0001-5742-4363
https://orcid.org/0000-0001-5862-6469
https://orcid.org/0000-0001-5862-6469
https://orcid.org/0000-0002-5199-6579
https://orcid.org/0000-0002-5199-6579
https://orcid.org/0000-0001-8064-2908
https://orcid.org/0000-0001-8064-2908
https://doi.org/10.1357/002224011798765330
https://doi.org/10.1029/2010GL043355
https://doi.org/10.11588/ans.2015.100.20553
https://doi.org/10.11588/ans.2015.100.20553
https://doi.org/10.1145/2566630
https://doi.org/10.1002/qj.2352
https://doi.org/10.1029/2019GL084117
https://doi.org/10.1017/jfm.2017.482
https://doi.org/10.1017/jfm.2017.482
https://doi.org/10.1016/j.ocemod.2015.07.009
https://doi.org/10.1016/j.ocemod.2015.07.009


218 Lee et al. Tellus A: Dynamic Meteorology and Oceanography DOI: 10.16993/tellusa.4086 

Ferrari, R., Jansen, M.F., Adkins, J.F., Burke, A., Stewart, A.L. 
and Thompson, A.F. (2014) Antarctic sea ice control on 

ocean circulation in present and glacial climates. 
Proceedings of the National Academy of Sciences of 
the United States of America, 111(24): 8753–8758. DOI: 
https://doi.org/10.1073/pnas.1323922111 

Fox-Kemper, B., Adcroft, A.J., Böning, C.W., Chassignet, E.P., 
Curchitser, E.N., Danabasoglu, G., Eden, C., England, M.H., 
Gerdes, R., Greatbatch, R.J., Griffies, S.M., Hallberg, R.W., 
Hanert, E., Heimbach, P., Hewitt, H.T., Hill, C.N., Komuro, 
Y., Legg, S., Le Sommer, J., Masina, S., Marsland, S.J., 
Penny, S.G., Qiao, F., Ringler, T.D., Treguier, A.M., Tsujino, 
H., Uotila, P. and Yeager, S.G. (2019) Challenges and 

prospects in ocean circulation models. Frontiers in Marine 

Science, 6: 65. DOI: https://doi.org/10.3389/fmars.2019. 
00065 

Fyfe, J.C., Saneko, O.A., Zickfield, K., Eby, M. and Weaver, A.J. 
(2007) The role of poleward-intensifying winds on 

Southern Ocean warming. Journal of Climate, 20(21): 
5391–5400. DOI: https://doi.org/10.1175/2007JCLI1764.1 

Galbraith, E. and de Lavergne, C. (2019) Response of a 

comprehensive climate model to a broad range of external 
forcings: Relevant for deep ocean ventilation and the 

development of late Cenozoic ice ages. Climate Dynamics, 
52: 623–679. DOI: https://doi.org/10.1007/s00382-018-
4157-8 

Gent, P.R. and McWilliams, J.C. (1990) Isopycnal mixing in 

ocean circulation models. Journal of Physical 
Oceanography, 20(1): 150–155. DOI: https://doi.org/10. 
1175/1520-0485(1990)020<0150:IMIOCM>2.0.CO;2 

Gent, P.R., Willebrand, J., McDougall, T.J. and McWilliams, J.C. 
(1995) Parameterizing eddy-induced tracer transports in 

ocean circulation models. Journal of Physical 
Oceanography, 25(4): 463–474. DOI: https://doi.org/10. 
1175/1520-0485(1995)025<0463:PEITTI>2.0.CO;2 

Geuzaine, C. and Remacle, J.-F. (2009) Gmsh: a 

three-dimensional finite element mesh generator with 

built-in pre- and post- processing facilities. International 
Journal for Numerical Methods in Engineering, 79(11): 
1309–1331. DOI: https://doi.org/10.1002/nme.2579 

Gill, A.E. (1968) A linear model of the Antarctic circumpolar 
current. Journal of Fluid Mechanics, 32(3): 465–488. 
DOI: https://doi.org/10.1017/S0022112068000868 

Greatbatch, R.J. and Lamb, K.G. (1990) On parametrizing 

vertical mixing of momentum in non-eddy resolving ocean 

models. Journal of Physical Oceanography, 20(10): 
1634–1637. DOI: https://doi.org/10.1175/1520-0485 

(1990)020<1634:OPVMOM>2.0.CO;2 

Hallberg, R. and Gnanadesikan, A. (2006) The role of eddies in 

determining the structure and response of the wind-driven 

Southern Hemisphere overturning: Results from the 

Modeling Eddies in the Southern Ocean (MESO) projects. 
Journal of Physical Oceanography, 36(12): 2232–2252. DOI: 
https://doi.org/10.1175/JPO2980.1 

Hogg, A.M. (2010) An Antarctic Circumpolar Current driven by 

surface buoyancy forcing. Geophysical Research Letters, 

37(23): L23601. DOI: https://doi.org/10.1029/ 
2010GL044777 

Howard, E., Hogg, A.M., Waterman, S. and Marshall, D.P. 
(2015) The injection of zonal momentum by buoyancy 

forcing in a Southern Ocean model. Journal of Physical 
Oceanography, 45(1): 259–271. DOI: https://doi.org/10. 
1175/JPO-D-14-0098.1 

Huber, M. and Nof, D. (2006) The ocean circulation in the 

Southern Hemisphere and its climate impacts in the 

Eocene. Palaeogeography, Palaeoclimatology, 
Palaeoecology, 231(1–2): 9–28. DOI: https://doi.org/10. 
1016/j.palaeo.2005.07.037 

Hughes, G.O. and Griffiths, R.W. (2006) A simple convective 

model of the global overturning circulation, including 

effects of entrainment into sinking regions. Ocean 

Modelling, 12(1–2): 46–79. DOI: https://doi.org/10.1016/j. 
ocemod.2005.04.001 

Jansen, M.F., Adcroft, A., Khani, S. and Kong, H. (2019) Toward 

an energetically consistent, resolution aware 

parameterization of ocean mesoscale eddies. Journal of 
Advances in Modeling Earth Systems, 11(8): 2844–2860. 
DOI: https://doi.org/10.1029/2019MS001750 

Johnson, G.C. and Bryden, H.L. (1989) On the size of the Antarc-
tic Circumpolar Current. Deep-Sea Research, 36(1): 39–53. 
DOI: https://doi.org/10.1016/0198-0149(89)90017-4 

Johnson, H.L., Marshall, D.P. and Sproson, D.A.J. (2007) 
Reconciling theories of a mechanically driven meridional 
overturning circulation with thermohaline forcing and 

multiple equilibria. Climate Dynamics, 29: 821–836. DOI: 
https://doi.org/10.1007/s00382-007-0262-9 

Jones, C.S. and Cessi, P. (2016) Interbasin transport of the 

meridional overturning circulation. Journal of Physical 
Oceanography, 46(4): 1157–1169. DOI: https://doi.org/10. 
1175/JPO-D-15-0197.1 

Klocker, A., Munday, D., Gayen, B., Roquet, F. and LaCasce, J.H. 
(2023) Deep-reaching global ocean overturning circulation 

generated by surface buoyancy forcing. Tellus A, 75(1): 
392–409. DOI: https://doi.org/10.16993/tellusa.3231 

Klymak, J. (2018) Non-propagating form drag and turbulence 

due to stratified flow over large-scale abyssal hill 
topography. Journal of Physical Oceanography, 48(10): 
2383–2395. DOI: https://doi.org/10.1175/JPO-D-17-0225.1 

Klymak, J., Balwada, D., Naveira Garabato, A.C. and 

Abernathey, R. (2021) Parameterizing nonpropagating 

form drag over rough bathymetry. Journal of Physical 
Oceanography, 51(5): 1489–1501. DOI: https://doi.org/10. 
1175/JPO-D-20-0112.1 

Kobras, M., Ambaum, M.H.P. and Lucarini, V. (2021) Eddy 

saturation in a reduced two-level model of the 

atmosphere. Geophysical and Astrophysical Fluid Dynamics, 
116(1): 38–55. DOI: https://doi.org/10.1080/03091929. 
2021.1990912 

Large, W.G. and Yeager, S. (2009) The global climatology of an 

interannually varying air-sea flux data set. Climate 

Dynamics, 33: 341–364. DOI: https://doi.org/10.1007/ 
s00382-008-0441-3 

https://doi.org/10.1073/pnas.1323922111
https://doi.org/10.3389/fmars.2019.00065
https://doi.org/10.3389/fmars.2019.00065
https://doi.org/10.1175/2007JCLI1764.1
https://doi.org/10.1007/s00382-018-4157-8
https://doi.org/10.1007/s00382-018-4157-8
https://doi.org/10.1175/1520-0485(1990)020<0150:IMIOCM>2.0.CO;2
https://doi.org/10.1175/1520-0485(1990)020<0150:IMIOCM>2.0.CO;2
https://doi.org/10.1175/1520-0485(1995)025<0463:PEITTI>2.0.CO;2
https://doi.org/10.1175/1520-0485(1995)025<0463:PEITTI>2.0.CO;2
https://doi.org/10.1002/nme.2579
https://doi.org/10.1017/S0022112068000868
https://doi.org/10.1175/1520-0485(1990)020<1634:OPVMOM>2.0.CO;2
https://doi.org/10.1175/1520-0485(1990)020<1634:OPVMOM>2.0.CO;2
https://doi.org/10.1175/JPO2980.1
https://doi.org/10.1029/2010GL044777
https://doi.org/10.1029/2010GL044777
https://doi.org/10.1175/JPO-D-14-0098.1
https://doi.org/10.1175/JPO-D-14-0098.1
https://doi.org/10.1016/j.palaeo.2005.07.037
https://doi.org/10.1016/j.palaeo.2005.07.037
https://doi.org/10.1016/j.ocemod.2005.04.001
https://doi.org/10.1016/j.ocemod.2005.04.001
https://doi.org/10.1029/2019MS001750
https://doi.org/10.1016/0198-0149(89)90017-4
https://doi.org/10.1007/s00382-007-0262-9
https://doi.org/10.1175/JPO-D-15-0197.1
https://doi.org/10.1175/JPO-D-15-0197.1
https://doi.org/10.16993/tellusa.3231
https://doi.org/10.1175/JPO-D-17-0225.1
https://doi.org/10.1175/JPO-D-20-0112.1
https://doi.org/10.1175/JPO-D-20-0112.1
https://doi.org/10.1080/03091929.2021.1990912
https://doi.org/10.1080/03091929.2021.1990912
https://doi.org/10.1007/s00382-008-0441-3
https://doi.org/10.1007/s00382-008-0441-3


219 Lee et al. Tellus A: Dynamic Meteorology and Oceanography DOI: 10.16993/tellusa.4086 

Maddison, J.R., Marshall, D.P., Mak, J. and Maurer-Song, K. 
(2025) A two dimensional reduced order model for eddy 

saturation and frictional control in the Southern Ocean. 
Journal of Advances in Modeling Earth Systems, 17(4): 
e2024MS004682. DOI: https://doi.org/10.1029/ 
2024MS004682 

Mak, J., Avdis, A., David, T.W., Lee, H.S., Na, Y. and Yan, F.E. 
(2022b) On constraining the mesoscale eddy energy 

dissipation time-scale. Journal of Advances in Modeling 

Earth Systems, 14(1): e2022MS003223. DOI: https://doi. 
org/10.1029/2022MS003223 

Mak, J., Maddison, J.R., Marshall, D.P. and Munday, D.R. (2018) 
Implementation of a geometrically informed and 

energetically constrained mesoscale eddy parameteri-
zation in an ocean circulation model. Journal of Physical 
Oceanography, 48(10): 2363–2382. DOI: https://doi.org/10. 
1175/JPO-D-18-0017.1 

Mak, J., Maddison, J.R., Marshall, D.P., Ruan, X. and Wang, Y. 
(2023) Scale-awareness in an eddy energy constrained 

mesoscale eddy parameterization. Journal of Advances in 

Modeling Earth Systems, 15(12): e2023MS003886. DOI: 
https://doi.org/10.1029/2023MS003886 

Mak, J., Marshall, D.P., Maddison, J.R. and Bachman, S.D. 
(2017) Emergent eddy saturation from an energy 

constrained parameterisation. Ocean Modelling, 
112: 125–138. DOI: https://doi.org/10.1016/j.ocemod. 
2017.02.007 

Mak, J., Marshall, D.P., Madec, G. and Maddison, J.R. (2022a) 
Acute sensitivity of global ocean circulation and heat 
content to eddy energy dissipation time-scale. Geophysical 
Research Letters, 49(8): e2021GL097259. DOI: https://doi. 
org/10.1029/2021GL097259 

Marshall, D.P., Ambaum, M.H.P., Maddison, J.R., Munday, D.R. 
and Novak, L. (2017) Eddy saturation and frictional control 
of the Antarctic Circumpolar Current. Geophysical Research 

Letters, 44(1): 286–292. DOI: https://doi.org/10.1002/ 
2016GL071702 

Marshall, D.P., Maddison, J.R. and Berloff, P.S. (2012) A 

framework for parameterizing eddy potential vorticity 

fluxes. Journal of Physical Oceanography, 42(4): 539–557. 
DOI: https://doi.org/10.1175/JPO-D-11-048.1 

Marshall, D.P., Munday, D.R., Allsion, L.C., Hay, R.J. and 

Johnson, H.L. (2016) Gill’s model of the Antarctic 

Circumpolar Current, revisited: The role of latitudinal 
variations in wind stress. Ocean Modelling, 97: 37–51. DOI: 
https://doi.org/10.1016/j.ocemod.2015.11.010 

Marshall, J., Olbers, D., Ross, H. and Wolf-Gladrow, D. (1993) 
Potential vorticity constraints on the dynamics and 

hydrography of the Southern Ocean. Journal of Physical 
Oceanography, 23(3): 465–487. DOI: https://doi.org/10. 
1175/1520-0485(1993)023<0465:PVCOTD>2.0.CO;2 

Masich, J., Mazloff, M.R. and Chereskin, T.K. (2015) 
Topographic form stress in the Southern Ocean State 

Estimate. Journal of Geophysical Research: Oceans, 
120(12): 7919–7933. DOI: https://doi.org/10.1002/ 
2015JC011143 

Masich, J., Mazloff, M.R. and Chereskin, T.K. (2018) Interfacial 
form stress in the Southern Ocean State Estimate. Journal 
of Geophysical Research: Oceans, 123(5): 3368–3385. DOI: 
https://doi.org/10.1029/2018JC013844 

Meredith, M.P., Woodworth, P.L., Chereskin, T.K., Marshall, 
D.P., Allison, L.C., Bigg, G.R., Donahue, K., Heywood, K.J., 
Hughes, C.W., Hibbert, A., Hogg, A.M., Johnson, H.L., 
Jullion, L., King, B.A., Leach, H., Lenn, Y.-D., Morales 

Maqueda, M.A., Munday, D.R., Naviera Garabato, A.C., 
Provost, C., Sallée, J.-B. and Sprintall, J. (2011) Sustained 

monitoring of the Southern Ocean at Drake Passage: Past 
achievements and future priorities. Reviews of Geophysics, 
49(4): RG4005. DOI: https://doi.org/10.1029/ 
2010RG000348 

Munday, D.R., Johnson, H.L. and Marshall, D.P. (2013) Eddy 

saturation of equilibrated circumpolar currents. Journal of 
Physical Oceanography, 43(3): 507–532. DOI: https://doi. 
org/10.1175/JPO-D-12-095.1 

Munday, D.R., Johnson, H.L. and Marshall, D.P. (2015) The role 

of ocean gateways in the dynamics and sensitivity to 

wind stress of the early Antarctic Circumpolar Current. 
Paleoceanography, 30(3): 284–302. DOI: https://doi.org/10. 
1002/2014PA002675 

Munday, D.R., Sauermilch, I., Klocker, A. and Whittaker, J.M. 
(2024) Impact of deep water formation on Antarctic 

circumpolar transport during gateway opening. 
Paleoceanography and Paleoclimatology, 39(5): 
e2002PA004605. DOI: https://doi.org/10.1029/ 
2022PA004605 

Nadeau, L.-P. and Ferrari, R. (2015) The role of closed gyres 
in setting the zonal transport of the Antarctic 

Circumpolar Current. Journal of Physical Oceanography, 
45(6): 1491–1509. DOI: https://doi.org/10.1175/JPO-D-14-
0173.1 

Nikurashin, M. and Vallis, G.K. (2012) A theory of the 

interhemispheric meridional overturning circulation and 

associated stratification. Journal of Physical Oceanography, 
42(10): 1652–1667. DOI: https://doi.org/10.1175/JPO-D-
11-0189.1 

Ong, E.Q.Y., Doddridge, E., Constantinou, N.C., Hogg, A.M. and 

England, M.H. (2024) Episodic Antarctic shelf intrusions of 
circumpolar deep water via canyons. Journal of Physical 
Oceanography, 54(5): 1195–1210. DOI: https://doi.org/10. 
1175/JPO-D-23-0067.1 

Rahmstorf, S. (2002) Ocean circulation and climate during the 

past 120,000 years. Nature, 419: 207–214. DOI: https://doi. 
org/10.1038/nature01090 

Rathgeber, F., Ham, D.A., Mitchell, L., Lange, M., Luporini, F., 
McRae, A.T.T., Bercea, G., Markall, G.R. and Kelly, P.H.J. 
(2017) Firedrake: Automating the finite element method 

by composing abstractions. ACM Transactions on 

Mathematical Software, 43(24): 1–27. DOI: https://doi.org/ 
10.1145/2998441 

Rintoul, S.R. (2018) The global influence of localized dynamics 
in the southern ocean. Nature, 558: 209–218. DOI: https:// 
doi.org/10.1038/s41586-018-0182-3 

https://doi.org/10.1029/2024MS004682
https://doi.org/10.1029/2024MS004682
https://doi.org/10.1029/2022MS003223
https://doi.org/10.1029/2022MS003223
https://doi.org/10.1175/JPO-D-18-0017.1
https://doi.org/10.1175/JPO-D-18-0017.1
https://doi.org/10.1029/2023MS003886
https://doi.org/10.1016/j.ocemod.2017.02.007
https://doi.org/10.1016/j.ocemod.2017.02.007
https://doi.org/10.1029/2021GL097259
https://doi.org/10.1029/2021GL097259
https://doi.org/10.1002/2016GL071702
https://doi.org/10.1002/2016GL071702
https://doi.org/10.1175/JPO-D-11-048.1
https://doi.org/10.1016/j.ocemod.2015.11.010
https://doi.org/10.1175/1520-0485(1993)023<0465:PVCOTD>2.0.CO;2
https://doi.org/10.1175/1520-0485(1993)023<0465:PVCOTD>2.0.CO;2
https://doi.org/10.1002/2015JC011143
https://doi.org/10.1002/2015JC011143
https://doi.org/10.1029/2018JC013844
https://doi.org/10.1029/2010RG000348
https://doi.org/10.1029/2010RG000348
https://doi.org/10.1175/JPO-D-12-095.1
https://doi.org/10.1175/JPO-D-12-095.1
https://doi.org/10.1002/2014PA002675
https://doi.org/10.1002/2014PA002675
https://doi.org/10.1029/2022PA004605
https://doi.org/10.1029/2022PA004605
https://doi.org/10.1175/JPO-D-14-0173.1
https://doi.org/10.1175/JPO-D-14-0173.1
https://doi.org/10.1175/JPO-D-11-0189.1
https://doi.org/10.1175/JPO-D-11-0189.1
https://doi.org/10.1175/JPO-D-23-0067.1
https://doi.org/10.1175/JPO-D-23-0067.1
https://doi.org/10.1038/nature01090
https://doi.org/10.1038/nature01090
https://doi.org/10.1145/2998441
https://doi.org/10.1145/2998441
https://doi.org/10.1038/s41586-018-0182-3
https://doi.org/10.1038/s41586-018-0182-3


220 Lee et al. Tellus A: Dynamic Meteorology and Oceanography DOI: 10.16993/tellusa.4086 

Sauermilch, I., Whittaker, J.M., Klocker, A., Munday, D.R., 
Hochmuth, K., LaCasce, J.H. and Biji, P.K. (2021) 
Gateway�driven weakening of ocean gyres leads to 

Southern Ocean cooling. Nature Communications, 12: 
6465. DOI: https://doi.org/10.1038/s41467-021-26658-1 

Scher, H.D., Whittaker, J.M., Williams, S.E., Latimer, J.C., 
Kordesch, W.E.C. and Delaney, M.L. (2015) Onset of 
Antarctic Circumpolar Current 30 million years ago as 
Tasmanian Gateway aligned with westerlies. Nature, 523: 
580–583. DOI: https://doi.org/10.1038/nature14598 

Sinha, A. and Abernathey, R.P. (2016) Time scales of 
Southern Ocean eddy equilibration. Journal of Physical 
Oceanography, 46(9): 2785–2805. DOI: https://doi.org/10. 
1175/JPO-D-16-0041.1 

Stewart, A.L. and Hogg, A.M. (2017) Reshaping the Antarctic 

Circumpolar Current via Antarctic Bottom Water Export. 
Journal of Physical Oceanography, 47(10): 2577–2601. DOI: 
https://doi.org/10.1175/JPO-D-17-0007.1 

Stewart, A.L., Neumann, N.K. and Solodoch, A. (2022) “Eddy” 
saturation of the Antarctic Circumpolar Current by 

standing Waves. Journal of Physical Oceanography, 53(4): 
1161–1181. DOI: https://doi.org/10.1175/JPO-D-22-0154.1 

Straub, D.N. (1993) On the transport and angular momentum 

balance of channel models of the Antarctic Circumpolar 
Current. Journal of Physical Oceanography, 23(4): 776–782. 
DOI: https://doi.org/10.1175/1520-0485(1993) 
023<0776:OTTAAM>2.0.CO;2 

Talley, L.D., Pickard, G.L., Emery, W.J. and Swift, J.H. (2011) 
Descriptive physical oceanography. 6th edn. Academic Press. 
DOI: https://doi.org/10.1016/B978-0-7506-4552-2.10001-0 

Toggweiler, J.R., Russel, J.L. and Carson, S.R. (2006) 
Midlatitude westerlies, atmospheric CO2, and climate 

change during the ice ages. Paleoceanography, 21(2): 
PA2005. DOI: https://doi.org/10.1029/2005PA001154 

Toggweiler, J.R. and Samuels, B. (1995) Effect of Drake passage 

on the global thermohaline circulation. Deep Sea Research 

Part I: Oceanographic Research Papers, 42(4): 477–500. 
DOI: https://doi.org/10.1016/0967-0637(95)00012-U 

Torres, R., Waldman, R., Mak, J. and Séférian, R. (2023) Global 
estimation of the eddy kinetic energy dissipation from a 

diagnostic energy balance. Geophysical Research Letters, 
50(20): 2023GL104688. DOI: https://doi.org/10.1029/ 
2023GL104688 

Vallis, G.K. (2006) Atmospheric and oceanic fluid dynamics. 
Cambridge, UK: Cambridge University Press. DOI: https:// 
doi.org/10.1017/CBO9780511790447 

Wei, H., Wang, Y. and Mak, J. (2024) Parameterizing eddy 

buoyancy fluxes across prograde shelf/slope fronts using a 

slope-aware GEOMETRIC closure. Journal of Physical 
Oceanography, 54(2): 359–377. DOI: https://doi.org/10. 
1175/JPO-D-23-0152.1 

Xing, Q., Munday, D., Klocker, A., Sauermilch, I. and Whittaker, 
J. (2022) The sensitivity of the Eocene-Oligocene Southern 

Ocean to the strength and position of wind stress. Climate 

of the Past, 18(12): 2669–2693. DOI: https://doi.org/10. 
5194/cp-18-2669-2022 

Youngs, M.K., Flierl, G.R. and Ferrari, R. (2019) Role of residual 
overturning for the sensitivity of Southern Ocean isopycnal 
slopes to changes in wind forcing. Journal of Physical 
Oceanography, 49(11): 2867–2881. DOI: https://doi.org/10. 
1175/JPO-D-19-0072.1 

Youngs, M.K., Thompson, A.F., Lazar, A. and Richards, K.J. 
(2017) ACC meanders, energy transfer, and mixed 

barotropic–baroclinic instability. Journal of Physical 
Oceanography, 47(6): 1291–1305. DOI: https://doi.org/10. 
1175/JPO-D-16-0160.1 

Zhang, Y., de Boer, A.M., Lunt, D.J., Hutchinson, D.K., Ross, P., 
van de Flierdt, T., Sexton, P., Coxall, H.K., Steinig, S., 
Ladant, J.-B., Zhu, J., Donnadieu, Y., Zhang, Z., Chan, 
W.-L., Abe-Ouchi, A., Niezgodzki, I., Lohmann, G., Knorr, 
G., Poulsen, C.J. and Huber, M. (2022) Early Eocene ocean 

Meridional Overturning Circulation: The roles of 
atmospheric forcing and strait geometry. 
Paleoceanography and Paleoclimatology, 37(3): 
e2021PA004329. DOI: https://doi.org/10.1029/ 
2021PA004329 

TO CITE THIS ARTICLE: 
Lee, H.S., Maddison, J.R., Mak, J., Marshall, D.P. and Wang, Y. (2025) Negative Sensitivity of Southern Ocean Circumpolar Transport to 
Increased Wind Stress Controlled by Residual Overturning. Tellus A: Dynamic Meteorology and Oceanography 77(1): 199–220. 
DOI: https://doi.org/10.16993/tellusa.4086 

Submitted: 13 August 2024 Accepted: 04 September 2025 Published: 22 September 2025 

COPYRIGHT: 
© 2025 The Author(s). This is an open-access article distributed under the terms of the Creative Commons Attribution 4.0 
International License (CC-BY 4.0), which permits unrestricted use, distribution, and reproduction in any medium, provided the original 
author and source are credited. See http://creativecommons.org/licenses/by/4.0/. 

Tellus A: Dynamic Meteorology and Oceanography is a peer-reviewed open access journal published by Stockholm University Press. 

https://doi.org/10.16993/tellusa.4086
http://creativecommons.org/licenses/by/4.0/
http://creativecommons.org/licenses/by/4.0/
https://doi.org/10.1038/s41467-021-26658-1
https://doi.org/10.1038/nature14598
https://doi.org/10.1175/JPO-D-16-0041.1
https://doi.org/10.1175/JPO-D-16-0041.1
https://doi.org/10.1175/JPO-D-17-0007.1
https://doi.org/10.1175/JPO-D-22-0154.1
https://doi.org/10.1175/1520-0485(1993)023<0776:OTTAAM>2.0.CO;2
https://doi.org/10.1175/1520-0485(1993)023<0776:OTTAAM>2.0.CO;2
https://doi.org/10.1016/B978-0-7506-4552-2.10001-0
https://doi.org/10.1029/2005PA001154
https://doi.org/10.1016/0967-0637(95)00012-U
https://doi.org/10.1029/2023GL104688
https://doi.org/10.1029/2023GL104688
https://doi.org/10.1017/CBO9780511790447
https://doi.org/10.1017/CBO9780511790447
https://doi.org/10.1175/JPO-D-23-0152.1
https://doi.org/10.1175/JPO-D-23-0152.1
https://doi.org/10.5194/cp-18-2669-2022
https://doi.org/10.5194/cp-18-2669-2022
https://doi.org/10.1175/JPO-D-19-0072.1
https://doi.org/10.1175/JPO-D-19-0072.1
https://doi.org/10.1175/JPO-D-16-0160.1
https://doi.org/10.1175/JPO-D-16-0160.1
https://doi.org/10.1029/2021PA004329
https://doi.org/10.1029/2021PA004329

	1 Introduction
	2 Model Details, ParameterisationFormulation and Numerical Implementation
	2.1 Details of model
	2.2 GEOMETRIC prescription of the eddy-induced velocity coefficient κ
	2.3 Numerical implementation

	3 W01 Case: Wind Forcing Solely Over Channel
	4 Analysis Relating to Eddy Saturation and Negative Sensitivity
	4.1 The zero RMOC case, and eddy saturation
	4.2 The negative RMOC case
	4.3 Physical rationalisation

	5 Other Results
	5.1 W02: wind over channel and basin
	5.2 W23: wind solely over the basin

	6 Conclusion
	Author Affiliations
	References



