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Highlights

* The RAPID moorigs array is measuring the AMOC at 26.5%N continuously since

2004

*  The AMOC has a strength of 17.2 Sv and heat transport of 1.2a&veWWhe 8.5
years from April2004 toOctober2012

* Improved estimation of the shallowest and deepest transports

* Changes to #hcalculation haveeducedhe estimate of the AMOC by 0.6 Sv
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* The transport estiates are accurate to 1.5 Sv (8\ for 10 day (annual) values

Abstract

The Atlantic Meridional Overturning Circulation (AMOC) plays a key role in the global
climate systenthrough its redistribution of heat. Changes in the AMOC have been
associateavith large fluctuations in the earth's climate in the past and projections of
AMOC decline in the future due to climate change motivatedménuousnonitoring of

the circulaton. Since 2004, the RAPID monitoring array has been providing continuous
estimates of the AMOC and associated heat transport at 26¥N in the North Atlantic. We
describehow these measurements are made including the sampling sttheegy,

accuracies of parasters measured aioe calculation of the AMOC. The strength of the
AMOC and meridional heat transpairte estimated &s7.2 Sv and 1.22 P\Wspectively

from April 2004 to October 2012. The accuracy of ten dap(al) transports is 1.5 Sv
(0.9Sv). Improements to the estimation of ttransport above the shallowest
instrumentsand deepest transpoftacluding Antarctic Bottom Watgrand the use of the
new equation of state for seawater have reduced the estimated strength of the AMOC by
0.6 Sv relatived previous publication As new basinwide AMOC monitoring projects
begin in the South Atlantic and spolar North Atlantic, we present this thorough review

of the nmethods and measurements of dhiginal AMOC monitoring array.
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The world's oceans are a major part of the heat engine of the global climate system,
moving heat, together with the atmosphere, from equatorial regions to the high latitudes.
The South Atlantic is the exception in this picture of heat redistributiorspoaiing heat
northwards(Bennett (1978)across the equator as part of the Atlantic Meridional
Overturning Circulation (AMOC). The heat released by the ocean over the North Atlantic
contributes to the relatively mildiolate of north western Europ&eager et al. (2002))
with the AMOC being responsible for the approximately 3%.C warmer temperatures on the
northwestern European seaboard compared to similar maritime climates on the western
sedoard of North AmericgRhines et al. (2008))

Observation of the AMOC is quite challenging, requiring measurements that span
a complete basin, so historically the observational record has been quite limited. There
have been seral reviews of AMOC observations focusing on aspects such as the history
of observationgWarren (1981)Mills (2009)), the representation@Richardson (2008)
and the quantificatior{Longworth and Bryden (20079f the AMOC.Early estimates on
the size of the deep circulation were basalelyon property distributions.Sverdrup et
al. (1942)estimatech 7 SV(1 Sv = 16 m¥/s) flow of deep water out of the North Atlantic
and across the equator that could be traced southward through the South Atlantic and
around the Southern Ocearswallow and Woliington (1957made short term float
trajectory observations in the deep western boundary current off South Carolina that
supportedhevalue of 7 Sv for theleep circulationThis value was maintained by

Worthington(1976)in hisinfluential summary of North Atlantic circulation.
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Modern estimates for the size of the overturning circulation began with analyses
of coastto-coast hydrographic sections in the early 198gden and Hk (1980), Hall
and Bryden (1982)Roemmich and Wunsch (1985)They found an overturning
circulation of about 18 Swontradicting the previous value of 7 Sv, and a nortdwaat
transport of 1.2 PW (1 PW = POVatts) Analysis of historical and modern hydrographic
sectiongenerallyfinds an Atlantic overturning circulation dheorderof 18 Sv andts
associated northward heat transport robustly positive.

The idea thatite overturning circulation has varied througbearth's history
with the precept that the ice ages had smaller overturning circulé@iaeker (1991))
combined withevidence in paleo proxies developed from ice cores that Hae been
decadalto-centennial fluctuations in temperature of order 1§&ansgaard et al.
(1993)) made a compelling case that the overturning circulation should be monitored
firstly, to quantify its variability orsub-annual to interannual time scakasd, secondly,
to assess whether there might be loegn trends in the circulation apdssiblyidentify
tipping points where the circulation suddenly changed or stopped.

The paucity of observations contrasted sharply with the potential societal impacts
of an AMOC slowdown when, using all five traAflantic hydrographic sections
available at 24vNBryden et al. (20053uggested that the AMOC hadwsiked by 30%
since the late 1950's. During the ensuing controversy, it was frequently highlighted that
very little was known about the variability of AMOC on shorter timescales and that the
apparent slowdown could well have been encompassed within simodecdle

variations in the circulation.
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By the turn of the millennium there was both scientific desire and societal need to
monitor tke overturning circulation. Observing System Simulation Experif{@8SESs)
by Hirschi et al. (2003and Baehr et al. (2004jemonstrated that an array of sparse
moorings could monitor the AMO{D anOGCM using geostrophic dynamicA. joint
UK/US proposal to build and deploy a test monitoring sydtanthe AMOC for 4 years
was endorsed after peer review by bibid UK Natural Environment Research Council
(NERQ) andUS National Science Foundatioh%F) (Srokosz (2004))

Marotzke etal. (1999)had proposed monitoring the circulation aff9This was
motivated by the common definition of the AMOC in ocean general circulation models
(OGCM) as the maximum value of the overturning transport streamfunction in latitude
depth space, wbh generally occurs near 29vN. Howdherlarge resources necessary
to define and measure the Gulf Stream flow ac2@N werenot economical26.5vN,
where the Gulf Stream is confined to the Florida Straits and has been monitored
continuously since 128 (Baringer and Larsen (2001)yas a much more pragmatic
location.

The project to monitor the Atlantic meridional overturning circulation at 26.5;N
has been known as the RAPID/MOCHA/WBTS progi@mnsisting of the NERC funded
RAPID family of programmes, the NSF fund®teridional Overturning Circulation
Heatflux Array project, and th&lational Oceanic and Atmospheric Administration
(NOAA) fundedWestern Boundary¥ime Series projecHerewe will r efer to itsimply
as RAPID. The transbasin arraypegan in March 2004 and has continued up to the

present.
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At a fundamental level, RAPID monitoring is based on geostrophic dynamics.
For averaging time scales longer than a fewsdtye zonal momentunalance holds
between the zonal pressure gradient and the Coltotise associated with the northward

current:

!T! pfv,

Equation 1.1

wherev is northward velocity! is density of sea water ahds the Coriolis parameter.
Geostrophic balance in the zonal momentum balance works to high accuracy right up to
the eastern and western boundaries even for strong boundary currents, as siBmah by
and Bryden (1999%por the Agulhas Currenaind over the full depth rangén a scaling
analysis framework, there is no other term in the zonal momentum balance within two
orders of magnitude of the zonal pressure gradient and Coriolis force.

The second remarkable featufethe geostrophic balance is that it provides
accurate zonal integrals of the northwardss transpartAt constant latitude, the
Coriolis parameteis a constant, so the geostrophic balance caohally integrated
between any twgpoints and the diffeence in pressure,q, divided byf equals the

zonally integrated northward velocity:

'ATP! fv!!"

Equation 1.2

So for an ocean basin with vertical wadlad a flat bottom fithe pressurean be

measuedat the eastern boundary and the western boundary then the pressure difference
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divided by the constaht equals the zonally integrated northward flamd no further
measurements are necessary.

On time scales of a few days or more the acceleration wetitieal momentum
equation can be neglected and the vertical profile of pressure, relative to a reference level,

can be calculated by vertically integrating the hydrostatic equation,

f%@=IM"=—LW!jEQ

Equation 1.3

where! is gravitational acceleratioh,is specific volume anomaly and is dynamic

height. From hydrographic stations at the boundathespressure difference across the
basin and hence the vertical structure of tweizontally integrated northward flow

relative to a reference level, can be calculatédmbining Equations 1.2 and 1.3 allows

us to estimate the transport between two hydrographic stations at the east and west of a

zonal section, relative to a refererevel transport, as:

mﬂ@:f@!MM"z%@ﬂU—QHD!
Equation 1.4

where! .4 is the internal geostrophic transport relative to an unknown reference level
velocity,v,, and! is the ¢gnamic height anomaly on the eastern and western
boundariesDynamic height as a function of depth is equal to the sum of dynamic height
anomaly and the standard geometric separation. As dynamic height anomaly is the
quantity calculated here, this is wiwgtl be referred to in the tekt equally dynamic

height could be used in Equation 1.4
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For RAPID, the key measurements are at the eastern and western boundaries of
the Atlantic Ocean at 26ijBnd on either side of the m#Atlantic ridge Eigurel.l).
Because the boundary is not vertical but sloping, several moorings at different locations
on the slope are combined to form a single pr@kigrther déails in Section 2)The
resulting time seriesf density profiles athe easten and western boundaries are
vertically integrated tproduce dynamic height anomaly profiles from which the internal
geostrophic transport is calculated.

Thisinternalgeostrophic transport is then combined with the Gulf Stream
transporthrough the Florida Straiteonitored bya submarine cabldlow over the
Bahamas escarpment west of 76W5heasured by current meteg3ohns et al.2008))
and the winedrivensurface layer Ekman transport and adjusted so that the net transport
across the whole section is zéoodefine the vertical structure of theerallmeridional
flow across the 26N section from Florida to Afriddne transpd streamfunction is then

described by the integral of the transport per unit depth:
F(t!)! f! (11)dz!
Equation 1.5

where! is the overall transport streamfunctidine maximum of this streamfunctia

defined as the strength of the AMOC at this latitude.
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Figure 1.1: Locations of dynamic height (red crosses) and current meter (green crossasporings across the
264N sectiorzoomed figures of westerrand eastern moorings are includedThe cable measurements of the

Gulf Stream in the Florida Straits is indicatedwith a red line.

As described, verticadrofiles of geostrophitransports derived from dynamic height
anomaly profilesare relative to an lmown reference level: the shape of the vertical
profile is defined bythe pair of hydrographic stations but the profile is subject to an
offset, or reference level velocity, that is uniform in depth. RAPID uses mass
conservation for the North Atlantic rtb of 26jN to define the reference level velocity.
The Atlantic north of 26N is effectively a closed volume: at its northern boundary a
small, order 1 Sv flow goes through the Bering St(s#oodgate et al. (20058d a net
evaporatiorprecipitationriver inflow of less than 1 Sv entersrass the land boundaries
and airsea interfacgBaumgartner and Reichel (1975)his volume conservation is a
fundamental balance in the oceanl Bv was to flow into the Atlantic without flowing
out againthe seasurface height (SSHyould be rising at a rate of centimetres per year.
In fact, bottom pressurBuctuations at 26%4wvearoot mean square (rmeariability of
around 1.5 cnindicative of the Atlantic basin filling andrainingon the order 05-10

days (Bryden et al. (2009)For constant sea level gmet flow across 26jN must be



187 zeowith a tolerance of order 1 SvKanzow et al. (200Aalidated this assumption by
188 showing thatdr bottom pressure measurements \aleraging time scales longer than
189 10 days the mass balance between the upper level nodtRasarand deeper level

190 southward flowholds For these reasom, the reference level velocity for the rodean

191 geostrophic velocity profile is chosen so that thenoethward flow of upper waters

192 exactly balances the southward flow of deeper watereimit-ocean at each point in

193 time.

194 The importance of the AMOC lies in the fact that it transports 90% of the oceanOs
195 meridional heat transport (MHT) at the latitude of 26.5%@d¥ns et al. (2011)Estimates
196 of MHT using tydrographic sections stretch back to the early 198Bfyslen and Hall

197 (1980)) Using the RAPID observationgphns et al. (201roduced time varying

198 estimates of the MHT at 26.5¥1Me MHT is a more difficult quantity to estimate than
199 the AMOGC, since it involves the product of velocity and temperature, and thus in

200 principle requires fully resolved velocity and temperature fields across the whole section.
201 The approach to quantifyinge MHT uses the construction suggeste®tyden and

202 Imawaki (2001)py considering the overturning (ObaroclinicO compon@ryiaen and

203 Imawaki (2001))nd horizontal heat transport. As disses in the previous paragraph,
204 the net mass transport through the section (ObarotropicO comp®@rgdemand

205 Imawaki (2001))s zero.Here the zero mass transport constraint is essential; only when
206 the mass fluxes of thesomponents balance and they are summed together do these
207 temperature transports yield a meaningtadlz transport value(Montgomery (1974)).

208 The measurements of the AMOC and the MHT from the RAPID array have had a

209 large impacbnunderstanding ahe varability of the overturning circulatianrhe first
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year's measuremen{€unningham et al. (20073howed a variable AMOC that
encompassed, ovattime period of a few weeks, the full variability seen in Bwyden

et al. (2005)measurementsKanzow et al. (2010¢mphasized the large (7 Sv) seasonal
cycle in the AMOC at 26%MicCarthy et al. (20123howed large variability (a 30%
drop) wa possible on interannual timescal&yden et al. (2014)nked this downturn

to the oceamfluencingthe atmosphere on shorter timescales than were previously
thought possibleRecently, Smeecet al. (2014have shown a mulear decline in the
AMOC, this estimate of a decline is far more robust thanBhgden et al. (2005)
measurements due to the understanding of the variability of the AMOC that has been
built upover the ten years of the RAPID project.

This paper is detailed review of the traiimsin geostrophic measurements,
calculations and errors that are the novel element of the RAPID array. We detail the
utilisation of these measurements in the calculasicdhe AMOC and MHT. We also
include several updates to tbaculation of the AMOC described Rayner et al. (2011)
including

* a detailed estimation of error estimates due to calibration and sampling
* improved gridding prcedure using a new seasonal climatology
* improved surface extrapolation above the shallowest instrument

* revised Antarctic Bottom Water strength and vertical structure

use of the new equation of state, TEQ®H

And updates to the calculation of the MHT désed in Johns et al. (2011) including:

11
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* The use of a gridded climatology derived from RAPID moored and Argo

temperature and salinity profiles to estimate the Ekman, eddy aroceah

heat transport.
The RAPID measurements have been used extensively for validation of model estimates
of the AMOC (e.g.Xu et al. (2012)Blaker et al. (2014)and the MHT (g. Haines et
al. (2013) Msadek eal. (2013))therefore aletailed understanding of how the RAPID
calculations are made is vital to understanding where discrepancies lie between models
and observationg.his relates to understanding how models fail to emulate observations
but also whee models can improve the observational angljsisexampleHaines et al.
(2013) highlightedareas thatvereundersampledr misinterpreted in the observational
record. Finally, while RAPID was the first fully trabasin AMOCcontinuous
monitoring project, projects in the South Atlantic (South Atlam{@C Basirwide
ArrayN SAMBA) (Meinen et & (2013))and the sufpolar North Atlantic (Overturning
in the Subpolar North Atlantic Programnie OSNAP) are nowinderway andhencea
review of thedevelopment of the original AMO@easuremeni@nd monitoring strategy
at 26%N is timely.

This papeis arranged as follows. Section 2 focuses on the haisia internal
geostrophic flow from dynamic height moorings. This includes several elements: (2.1)
the design of the array; a description of the (2.2) locations, (2.3) calibration, (2.4)
merging and gridichg of the measurements; a discussion of improvements to the
calculation of (2.5) the shallowest transports and (2.6) the deepest transports; and finally
(2.7) a description of the changes due to the new equation of state for seawater.

Accuracies and errerare discussed in terms of their impact on the estimation of the

12
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AMOC. Errors of O(0.01 Sv) and smaller are described as not significant: this will be
shown to be of O(1%) of the accuracy of &MOC calculation. In Section 3, we

combine the internal getwsphic flow with other components of the circulation at 26%N
including the Gulf Stream and Ekman transport. In Sections 4 and 5, the final calculations

of the AMOC and of the MHT are presented.

6 720648, :%6H0%)-18): 2'<#*=) (#*$)+#:>/,+'<#2%'021#

+))$/0- #

2.1 Design of the array

Measuring the basinwide geostrophic transports with the RAPID array relies on

measuring vertical profiles of temperature and salfigitghe eastern and western

boundaries at 26%N and where the bathymetry alters the pressure gradighés side

of the midAtlantic Ridge. The mieAtlantic Ridge protrudes up to about 3800 dbar.

Below this depth, we use moorings on either side of the ridge to estimate pressure
gradients in the deep eastern and western basins. In practice, at 2Guaisy tbf

dynamic height moorings was designed to measure the geostrophic flow from 76.75%W to
the African coast. West of 76.75%4W to Abaco Island elements of the Antilles and deep
western boundary currents are measured with current meters to captuigotiass flow
adjacent to and over the continental si@bhns et al. (2008)West of the Bahamas

archipelago, the Gulf Stream at 26%N is confined to the Florida Straits, where it is

! Osalinity® means practical salinity in this text. Where absolute salinity is used it is
referred to explicitly.

13
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monitored by cable measurementblbrated with regular ship sections since 1982
(Baringer and Larsen (20Q1Meinen et al. (2010))

The initial moored array deployed in 2004 consisted of 22 moorings with a total
of 192 instrumentgRayner et al. (2005))n the configuration deployed in Autumn
2012, the array consisted of 19 moorfasd 22 landePswith a total of 252 instruments
(McCarthy (2012))Based on experience with the initial deployments some changes in
the locations and design of the moorings have been r(Ragner and Kanzow (2011))
This has lead ta data return of 100% and 96% for the array as recove2il1 and
2012 respectively, compared to 73%, 91% and 85% for the recovery years 2005, 2006
and 2007 respectivelirhe return rates for these years are high in comparison with recent
results from other longerm operational moored arrays such as the BA@y in the
Pacific (McPhaden et al. (2010))

O—= — — —
: I < CTD < CTD
-1000 ENCM o Current M = Cument Meter,
4 BPR 4 BPR
o ADCP

—2000

3000 M\ M
5000 A V\\\L ﬁW ! - ]

-76.8 -76.6 —76.4 —76.2 76 -4 52 50 48 46 44 42 24 22 -20 -18 -16 -14 -138 -136 -134

Depth (metres)

IS
8
(=]

Figure 2.1: Design of the array for calculation of the basinwide geostrophic transport as deployed in October
2012. Vertical red lines indicate the location and vertical extent of the moorings. Instruments are as indicated in
the legend. Locations A, B, C and D refer to the western, Omarwest®, OmareastO and eastern boundary arrays
respectively. Note the »axis is not scaled eenly. The shaded areas are the effective area included in the dynamic

height calculation.

2 OMooringsO refers to wire/rope constructions with instruments that take measurements
in the water column.
3 OLandersO refers to seafloor constructions equipped with bottom pressure recorders.
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291 The array was designed similar to the virtual arrays simulateditschi et al. (2003)

292 and Baehr et al. (2004p monitor the AMOC in the ocean general circulation models
293 OCCAM and FLAME respectivelfFigure2.1) Within this overall array, we consider the
294  three sukarrayshighlighted inFigure2.1: (A) the westan boundary array(D) the

295 eastern boundary arrayd(B) the midAtlantic Ridge array consisting of moorings on
296 the western flank (marwgsand(C) eastern flank (maregsif the ridge. A single

297 hydrographic profile for each stdsray is constructed by hmontally merging the

298 moorings, giving profiles from the shallowest instrument to 4820 dbar at marwest, the
299 eastern and western boundaries, and, at mareast, from 3700 dbay thhdBZDynamic
300 height anomalyalculated at each of these locations is refezd to 4820 db#tthe

301 deepest standard measurement level. The transport profile is then proportional to the
302 difference between each adjacent pair of merged dynamic height anomaly poabiles,
303 to adjustment for mass conservation.

304

305 To account for the rdiAtlantic ridge, transportdeeper than the ridge cresB&00 dbar
306 are the sum of the transports from the eastern boundary to mareast plus those from
307 marwest to the western boundary. Shallower than the ridge crest, the transports are
308 essentially the dyamic height difference between the eastern and western boundaries.
309 The transportshallower than the ridge cremtdthose deeper than the ridge crast

310 adjusted so that there is no discontinuity at 3700.dde midAtlantic ridge array is

311 particularlyimportant in resolving the mean northward floetweernthe wesgrnflank of
312 the ridge at depths greater than the permeable height of the ridge (pressures greater than

313 3700 dbarpnd the western boundaty the midAtlantic ridge moorings are excluded,

15
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the calculated AMOC is overestimated by about 1.6 Sv as this deep northward flow is

unaccounted for.

2.2 Location of the measurements in the-sukays

—EN
P28 . ELD J ~100m e
—1000 A~ BPR
_ ADCP o e
§—2000 [ = =
é -3000 i)
=
%—4000 : % é g
[a)] = I
\ T WBH2
N
-5000 ﬂ/\\’\\t < N © © ~ © o =] — N
J—Q 3 e 2 2 2 <3 g g o
000 2 8 333 % 3 & ¥ 8
-76.8 —-76.6 —76.4 —76.2 -76 =74
Longitude Time

Figure 2.2: (I) Schematic of moorings in the westermoundary sub-array as deployed in October 2012 with the
names of each mooring indicated. The instrumerntypes are as indicated by the legend. (r) Schematic illustrating
the merging of the moorings to construct the western boundary dynamic height anomaly giile at 26%N. Each
colour block represents an individual mooring covering a given depth rang@epth axis corresponds to left axis)
and deployment period(dates in mm/yy format). The depth of the shallowest instrument is illustrated by

whitespace at theop. WBHL1 (not shown on left) lay between WBH2 and WB2.

A schematic of the moorings that comprise the western boundagrsaybis
shown inFigure2.2; the mooringsitat are merged to create the western boundary
temperature and salinity profile are illustrated on the right, where each colour block
represents a mooring that covers a particular time and depth range; the mooring names
and zonal location of the mooringeahown on the left. The most important mooring is
the WB2 mooring that extends fraapproximately 50 m belothe surface to 3850 m
depth, close to the steep continental shelf east of Abaco Island. The gradient of the

continental slope is 0.35 near WB2,ialhis only 7 km offshore of the 1500 m isobath.
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This large gradient means that the continental slope acts similar to a vertical wall.
Westward propagating mesoscale features cannot be sustained near to vertical walls and
transform into meridionally propating waves(Kanzow et al. (2009))The suppression
of these westward propagating mesoscale features at the western boundary results in the
RAPID array measuring a standard deviation of a fe{lCewningham et al. (2007))
rather than 16 Sv that would be expected if an eddy dominated signal were being
measured(Wunsch (2008))In fact, the steepness of the western boundary proved to be a
crucial element to the efféve measurement of the basinwide AMOC signal in an eddy
filled ocean. This, together with the Gulf Stream measurements in the Florida Strait, is
why 26.5%N is such an excellent location to make these measurements.

Onesignificant period of data interruption occurred on the western boundary.
From November 2005 to March 20@6e WB2 mooring failedRigure2.2). For this time
periodthe mooring WB3 was the primary western boundary mooRegeating the
calculation of theAMOC using WB3 as the western boundaggnerallyleads to an
increase in the rms variability of 1.9 Sv with a slight decrease in the mean strength of 0.3

Sv for these 5 months

0

« CTD ~ © v [ EBHBETeem
1000 o Current Meter; = mE I e P /
- s~ BPR w w EBHS w & & 22
% =000} S1E & & EBH3
8 - S EBH2
£ 3000 @ & S
E I—
[o} — '2 .
& 4000 @ | | EBHi
w
EB1
-5000
— S 8 88 & 8 8 2 ¢
S - = < S S
-6000 g &§ 8¢ == £ © 9 ¢
24 22 20 -8 -16 -144 -138 -136 -134
Longitude Time

Figure 2.3: Same as 2.1 but for Eastern boundary sularray. Mini -moorings (EBM) were inshore of EBH4/5 at

the depth corresponding to the right hand figure.
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Figure2.3 shows the mooring schematic for the eastern boundargrsatp,
showing the location of the moorings and the moorings chosen to construct the eastern
boundary profile. In contrast to the west boundary, the eastern boundary has a gentle
continental slope with an average gradient of 0.02 from 1000 m to 3000 m depth,
dropping to 0.002 from 3000 m to 5000 m depth. The eastern boundary array spans a
much larger zonal extent with 1000 km sepagathe shallowest moorings on the 1000
m isobath from the deepest moorings on the 5000 m isobath. On average, 7 moorings are
used to construct the eastern boundary profile in contrast to the 3 moorings used on the
western boundary. This leads to regionewn as bottom triangles below the deepest
common measurement level between the moorings that are not saim@exray is
designed to minimize these bottom triangles. The full array covers 97% of the basin
ared\ practically 100% shallower than 3000 Tiheimpacts of bottom triangles are
considered further in the conclusions.

Constructing the eastern boundary profile with moorings close to the continental
shelf proved important for capturing the density fluctuations associated with the seasonal
cycle of theAMOC (Chidichimo et al. (2010))From 2006 to 200& series of mini
moorings consisting of single CTDs and shaHl@ated acoustic releases wekployed
inshore of thelO00 m isobatto extend the merged density proftlese to the African
coast. The deployment of themini-moorings ceaseidllowing heavy losses through
what is thought to have been fishing activi$% of minimooring deployments were
either not found or lost the CTD from the moori&gnce 2009, theop 1000 m of the

water column is resolved by a mooring that sits on the 1000 m isdbgting2.3).
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Another data loss at the eastern boundary occurred in February and March 2006
due to battery failure of eastern boundary instruments related to a firmware change. This
gap was linearly interpolated ov&imulation of inear interpolation across any 2 mont
segment of data at the eastern bountigigally results in a decrease in the rms

variability of the calculatedO-day filteredAMOC by 1 Sv with no significant impact on

the mean.
0 - : e
-~ x CTD oum
ér,: o Current Meter MAR1
1000 t < ~ BPR |
» —2000 |
5
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g
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—5000 | L
s & 8 s 8 & £ T
-6000 3 3 8 e £ £ g9 €
-52 50 -48 -46 44 42
Longitude Time

Figure 2.4: Same as kgure 2.1 but for mid-Atlantic Ridge sub-array. Merging schematic for mareast is not

shown as it is a single mooringMAR3).

Figure2.4 shows the schematic of the mimgys at the midAtlantic ridge. These
moorings are concentrated in two sabays: one on the western flank of the ridge
(marwest) and one at the eastern flank of the ridge (mareast). The mareast profile is
constructed from a single mooring and hence teeging schematic is not shown. On the
west flank, two moorings are merged to make a full depth préfdpi(e2.4 (b)).

The mareast mooring deployed in November®@@s not recovered and a
replacement was not deployed until January 2011. For this time period, mareast was
replaced by average values. The estimated additional uncertainty and variance of the

AMOC from this is not significant (< 0.1 Sv) as the mareastnmg is more important
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to the mean structure of the deep circulation than to the variability of the full circulation

as measurements shallower than 3800 dbar are unaffected.

2.3 Calibration accuracy of moored CTDs

As the calculation of the AMOC relies on gé@phic dynamics, the accurate
determination of density from the moorsig crucial Equationl.3). Moored CTDs are
used to measure temperatwgalinity (via conductivity and pressuren the moorings,
from which density is calculated. In this section we describe the calibration precedur
the major sources of calibration inaccuracy and the size of that inaccuracy in terms of the
impact on the AMOC calculation.

Pumped SeaBird CTDs are the instruments that are used on the moorings. These
have a manufacturers specification for tempergiargal accuracy: stability: resolution)
of 2 m¥C: 0.02 m¥%C/month: 0.01 m¥4C; for conductivity of 0.003 mS/cm: 0.003
mS/cm/month: 0.0001 mS/¢randfor pressure of 0.1% fulicale:0.05% of full scale
range per year: 0.002% of full scale ran@¢®eaBird Electronic§2014)) All moored
instruments are calibrated against shipboard CTDs prior to and following deployment as
de<ribed inKanzow et al. (2006 yather than being calibrated in a ladtory.
Temperature and conductivity calibration coefficients are calculated by examining the
average difference between the shipboard and moored CTD data after the instruments
have had a chance to equilibrate (> 5 mins) at deep (> 2000 m) bottle stgpard°re
coefficients are determined using the difference between the deployment depths of the
moored instrument and the shipboard CTD. A least squares polynomial extrapolation is
performed to derive the pressure coefficient if the shipboard CTD cast wiasvehnal

than the depth at which the moored CTD was deployed. Pre and post calibration
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414  coefficients are then used to calibrate the moored CTD data with either a constant offset
415 or alinear trend. Any pressure drifts and spurious data are removed if nec&ssary.

416 detailed analysis of this method IBayneret al.(in prep shows that this method of

417 shipboard calibration of temperature and salinity compares well with laboratory

418 calibration of moored CTDs. They also show that thesdjants required for the

419 instruments are frequently less than the manufacturerOs stated accuracy and stability.
420 Following this calibration procedure, we estimate that the accuracy of the moored

421 instruments is approximately 1 dbar:0.002%2C:0.003 for pressyerature:salinity

422 respectively over the duration of the deployment.

423 Calibration inaccuracies can affect the calculation of the AMOC in two ways:

424  errors due to individual instruments being inaccurate or systematic biases between

425 density profiles on theastern or western boundary (Equation 1.4). We expect no

426 systematic bias in the accuracies of the instruments themselves. Hence random errors due
427 to individual instruments in each boundary dynamic height anomaly profile are offset by
428 the fact that, on avage, there are 20 instruments in each profile. This reduces the

429 standard error in each profile due to potential inaccuracies of individual instruments

430 substantially. On the other hand, from 2004 to 2012, the eastern and westarragsb

431 were serviced odifferent cruises i.e. the instruments were calibrated against different
432 CTDs. Temperature measured by shipboard CTDs is highly accurate and stable, and is
433 not generally adjusted by calibration. Salinity measured by shipboard CTDs, on the other
434 hand, doeseed to be calibrated against standard seawater. Pressure measured by

435 shipboard CTDs is not adjustdd.comparison with shipboard CTDspored CTD

436 temperature is accurate and often not adjusted whereas moored CTD salinity and pressure
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does need to be datated against shipboard CTDs. Hence the limiting factor is the
accuracy of the salinity and pressure of the CTD against which the instruments are
calibrated.

Salinity proves to be the most important factor is terms of impact on the AMOC
calculation. A 0003 difference in salinity between eastern and western profiles leads to a
0.7 Sv error in the estimated AMOC. In comparison, a 1 dbar bias in pressure results in a
0.05 Sv error in the @mated AMOC. Pressure erraatso affect the calculation of
salinity. A 1 dbar error in pressure leads to a 0.0005 error in salinity. We do not consider
a temperature biags temperature measurements are very consigigrfbor comparison,

a 0.002%C error in temperature leads to a 0.1 Sv error in the estimated AMOC.
Temperature has a large effect on the calculation of salinity with a 0.001%C error in
temperature causing a 0.001 error in salinity. Hence, the compound effect of a 0.002v4C
error in temperature would be a 0.6 Sv error in the calculated AMOC. In summary,
salinty and pressure are vulnerable to bias due to their necessary calibration against
shipboard CTDs. A salinity bias of 0.003 and a pressure bias of lintladingthe

pressure effect on salinitwould lead to an error in the estimated AMOC of 0.9 Sv.

This 0.9 Sv error results from consideration of the measurement inaccuracy at one
boundary. The maximum error is double this value as an opposite error could occur on
the opposite boundary. To compare with other rms errors quoted in this text, we consider
the 1.8 Sv maximum error to be equivalent to the 95% value. Scaling this value by
dividing by a 1.64i.e assuminghe errors to be normjaland converting it by considering
the 2 shipboard CTDs as the sample number, we get an estimated error of 0.&Sv in th

AMOC calculation due to the calibration error.
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The major source of error arising from potential biases due to the intercalibration of
the subarrays means that longer term averaging doesnOt significantly increase the
accuracy of the calculation. Consideyear segment: typically the eastern boundary
arraywas deployed autumn to autumn and the western bouadanyfrom spring to
spring. For a given year, there are three independent calibrations of earhagultf the
major error is the difference between two independent calibrations, then an annual
average only increases the number of samples from 2 to 3. Henegdr estimate of 0.8
Sv only reduces to 0.6 Sv on annual averaging. The issue of intercalibration of CTDs has
been removed followingMcCarthy (2012Wwhen the full array was refurbished in a
single cruise. This allows atistruments to be calibrated against a single CTD, reducing

possible calibration bias between east and west salinities.

2.4 Merging and gridding

The calculation of the dynamic height anomaly profiles requires the interpolation of the
relatively sparsenooredinstrument data onto a high resolution vertical grid. This is
achievedoy integratingclimatology-derivedtemperature and salinity gradients between
adjacent instruments to produce temperature and salinity on a 20 db&iaries et al.

(2005) Kanzow et al. (2006))

The Hydrobaselimatology (Curry and Nobre (2008)3 used taderivemonthly
values of" 1 dp anddS!!" thatspecily the meanverticaltemperature and salinity
gradients as a function of temperatatehe locations of the mooringsgure2.5 shows
the monthly climatological gradients for the western and eastern boundaries. A seasonal

cycle is present in the surface waters above 300 dbar, approximately 18%C. Piecewise
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482 second order polynomials are fitted to temperature and salinity profirastie
483 climatology to compute smooth first and second order vertical derivaliiiese were
484 then mapped onto temperature levelslabns et al. (2005pund temperature a more

485 stable variable than depth for gridding.
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488 Figure 2.5: Values of monthlyof I" I'I" and!" /I" (black contours) against temperature at (top) the western

489 and (bottom) eastern boundaries. The marwest climatology is similar to the western clitedogy. Pressures are
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491 Temperature and salinity on tB8 dbar gridare calculated using the method of

492 Johns et al. (2005)-or temperatureheclimatological!™ !'!" is combined with the

493 actual temperatures by integrating upwards and downward from adjacent measurement
494  points on the mooring and forming a weighted average of these esti(daless et al.

495  (2005))

I (p) ! Z! N fp%!!)dp!!
14

=1 !

496 Equation 2.1

497 where

498 andi=1, 2 are adjacent measurement levels, and the weiglatewversely proportional

499 to the vertical distance from the messuent depths. The same procedure is used to

500 produce a 2@bar salinity field. This procedure forces the temperature and salinity

501 profiles through the measured points of the mooring while being consistent with the local

502 seasonadtratification.

503 The tranport errors associated with this method of gridding are assessed by

504 subsampling high resolution CTD profiles at typical moored instrument vertical

505 separation. Moored instruments are placed closer together in regions of larger vertical

506 gradients. A guidelia is that instruments shallower than 500 dbar have separations less
507 than 100 dbar, instruments between 500 dbar and 2000 dbar have separations around 200
508 dbar and instruments deeper than 2000 dbar have separations of approximately 500 dbar.

509 Subsampling teperature and salinity from the CTD profiles at these intervals, we
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511

512

513

514

515

516

517

518

constructsimulated Omooreligh resolutiordynamic height anomaly profiles around the
eastern and western boundaries by using Equation 2.1 and, for comparison, by linear
interpolation. Tke AMOC is estimated using both of these reconstructed profiles and
compared to the value computed using the full CTD profiles. Using Equation 2.1 results
in an rms error of 0.4 Sv and a small bias of 0.04 Sv. By comparison, linear interpolation
results inan rms error of 0.5 Sv andhauchlarger bias of 0.3 Sv, underestimating the
AMOC. The bias arises from linear interpolation across rapidly changing gradients in the
top 1000 mWhile this gridding procedure doesnOt reduce the rms error in the profiles by

a large amount, the virtual elimination of a bias is a marked improvement.
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Figure 2.6: Estimates of theoretical next order gridding error based orEquation 2.2 for temperature (%C, top)
and practical salinity (bottom) gridding errors. Red crosses indicate errors for the typical maximum distance

from an instrument and associated rates of shear chander a RAPID mooring.

The size of the error associated with gridding in a general framework is
considered by examining the error associated with the rate of change of the vertical
gradient in temperature and salinity. The right hand sidegoftion2.1 is recognisable
as the first two terms of a weighted Taylor expansion. Therefore, the next term of the

expansion can be considered as an estimate of the next larges¢rn. For example,
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the temperature error associated with the next largest term in the expansion may be
expressed as:

19'!
!error! EF(I ! pi)z;

Equation 2.2

where! | is the pressure of the nearenstrument. This allows us to estimate the errors
associated with the gridding technigégure2.6 shows this error term contoured
against instrument separatiomdarates of shear change. Based on the typical separation
of instruments described in the previous paragraph, the maximum distance from an
instrument and typical rates of shear change are highlighted with red crosses. Maximum
errors in temperature (salipjtare of the order of 0.05%C (0.01) shallower than 2000 dbar.
Below 2000 dbar, the shear change is small and errors due to gridding drop below
instrumental accuracy.

The impact of utilising a monthly rather than an anmguigding climatology is
quite snall. Annual climatologies doot contain a seasonal cycle and may undenats
the shear in the upper oceélsing a seasongriddingclimatology rather than an annual
leads to the estimated AMOC being stronger by 0.05 Sv in September and weaker by

0.01Sv in February.

While the vertical gradients on the east are more forgiving in terms of gridding,
there have been more instrument losses (Se2t®)nHere we inestigate the errors
arising from these losses by simulating missing instruments in CTD data. The losses at
the eastern boundary, primarily due to the mmmioring losses, are illustratedkigure
2.3. From 2006 to 2008, there was no instrument at 300 dinanjating the absence of

this instrument indicataso discernable bias but a small increase in rms error of 0.2 Sv.
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551 However, during 2007, there was no instient & 200 dbar or 300 dbar. Simulating these
552 missing instruments indicatestransport bias of 0.4 Sv and increases the rms error by 0.9
553 Sv due to larger gridding erroier 2007 In 2004, data were not present shallower than
554 540 dbar. These data were griddgdinearly extrapolation from 840 dbar to 540 dbar

555 and held constant thereafter. Simulation of this method results in no bias arising but an
556 increase of rms error of 0.5 Sv.

557 In summary, the use of seasonal climatological gradients to increase thd vertica
558 resolution of the moored profiles are effective at improving the accuracy of the dynamic
559 height anomaly profiles. The rms uncertainty in the estimated AMOC due to gridding is
560 0.4 Sv for the whole timeseries. The loss of instruments increases the gO@2sv,

561 0.9 Svand 0.2 Sv for 2006, 2007 and 2008 with a bia@.4fSv for 2007.

562 2.5 The shallowest transports: the transport above the shallowest instrument

563 RAPID moorings are designed to have the shallowest measurement at 50 m to
564 avoid the high loss rates associated with surface expressions of mogvicgeaden et

565 al. (2010)) In reality, a depth of 50 m for the shallowesasurement is difficult to

566 achieve since moorings tend to be knocked down in the presence of strong currents.

567 Table2.1 shows the percentages of profiles with shallowest measurement in a

568 given depth range. Most of the profiles have the shallowest measurement in the 100 to
569 200 dbar depth ranfjedeeper than the depth of the shallow summer thermocline that

570 begins around 50 dbar. To calculate transport above tHewbat measurement, a

571 seasonally varying extrapolation technique is required. Here we compare linear

572 extrapolation of geostrophic shear with methods that account for the seasonally changing

573 rates of shear in the shallowest layers.
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574 Table2.1: Percentage of profiles at the western and eastern boundary with the shallowest

575 instrument in the indicated depth range.
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576

577 Figure2.7 illustrates the problem of surface extrapolation at the western boundary
578 using monthly data from an Argo based climatoldgoemnich and Gilson (2009))

579 When data are not present shallower than 200 dbar, linear extrapolation does not capture
580 changing rates of shear shallower than 150 dbar. This leads to transports of between 1 Sv
581 in February and 2 Sv in August not being captumgdinear extrapolation. Terms of

582 higher order than linear in depth are necesdagu(e2.7 ):
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584 Figure 2.7: (left) Typical transport profile anomaly relative to 200 dbar for February, May and August on the
585 western boundary. Blue lines indicate linear extrapolation from 200 dbar. (right) Black lines indicate the
586 residual dynamic height anomaly after linearly extrapolate values are subtracted. Green dashed lines indicate

587 a quadratic and red lines indicate a cubic fit to the black lines.

588
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589 Cubic terms are needed to adequately resolve the changes in geostrophic shear in

590 the shallowest layers. A model of the form:

By = 2z

NODRN k—1+!.. D Zpy

ot gDt L 224+ B! 1)) =1 g (1))
591 is used for accurate extrapolatiovhered ;."%40'<;=">-;?2>/"02<'@4A2."."
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594  /2"(-D-(-0=-"%-C/>2,1 >-(-"=>2.-0"/2"&-")$$"%&' (F"G>-"D;(./"/[E2"[-(<."20"/>-"(;?>/"
595 >'0%".;%-"2D"/>-"-J3'[;20%-.=(;&-"@;0-'("-B/('C2@'/;20"&2H-"/>-">'@ @ 2E-./"

596 <-'.3(-<-0/A"[>-".-=20%"/E2 'I-(<."%-.=(;&-"/>-"<20/>@4"H'(4;0?"I3'%('/;=""0%"
597 =3&:="-B/('C2@'/;20"&2H-"/>-"(-D-(-0=-"%-Ck8%"/>-"D;0'@"/-(<"-0.3(-."=20/;03;/4"
598 '['[>-" %-C/*2D"/>-">'@@2E-./"<-'.3(-<-0/F"'

599 G2'='@=3@'/-"I«'<-/-(." ! "0%" A"(-D-(-0=-"%'"/".-/."=@2.-"/2"[>-"K-4"

600 @2=";20."2D"/>-"<22(;0?."E-(-""..-<&@-%"D(2<""=2<&;0'/;20"2D"L(?2"C(2D; @-.A"
601 ,2(@%"M=-'0"N/&.-"O,MNP"C(2D;@-."0%"?@;%-("C(2D@-%"0%",(;?>/"

602 O)$$6PFFigure2.8">2E."/>-"@2="/;20."2D"/>-.-"C(2D;@-."/"/>-"-".]-(0"'0%"E-./-(0"
603 &230%'(;-.F'G>-"L(?2"0%"?@;%-("%'/""(-"C'(/;=3@'(@4"3.-D3@"D2("C(2H;%;0?"
604 .-'.20@@4"30&;'.-%"%'["E>;@-"/>-"I'(?4%", MN"%'/""C(2H;%-":<C2(/'0/"

605 <-.3(-<-0/."0-'("/2"/>-"=20/;,0-0/'@".>-@D"2D"/>-"1">'<".F"'G>-"?@;%-("%'/""

606  C(2H;%-."<-'.3(-<-0/."(230%"/>-"#$$$"<";.2& [>"E>-(-"/>-"K-4"-'./]-(0"<22(;0?"

607 ;."@2="-%E>-'C'(<-I-(." ! "0%'B'E-(-" [>-0"=@=3@"/-%"&4"<3@/;G@®-"@;0

608  (-2(-..;20"20./"0640'<;=">-:2>/"02<'@4"C(2D; @-."D(2<"-'=>"<20/>F

33



609

610
611
612

613

614

615

616

617

618

619

620

621

622

623

624

625

e[+
{oeq
e
-%l
Josg -

1 %64
" #! #$ #% (1 T # i$ 1%

Figure 2.8: Locations of Argo (blue), World Ocean database (green) and glider (red) profiles that are used as a
reference dataset foithe shear extrapolation climatology at the (left) western and (right) eastern boundaries.

Black crosses mark the nominal position of the moorings above which extrapolation is needed.

The results were tested robustly by randomly selecting half of théegradi
calculate the parameters and using the other half of the profiles to calculate the resulting
transport error due to the method of extrapolation. This was performed on the eastern and
western boundaries by simulating extrapolation above 200 Higar¢2.9) and above
100 dbar Eigure2.10). Errors due to linear extrapolation are largest at the western
boundary. On average, 2 Sv of transport is missed by linear extrapolation above 200 dbar
with an annual range of £ 0.5 Sv. Tiewv method of extrapolation reduces this to below
0.5 Sv with little annual range. On the eastern boundary, 0.5 Sv of transport is missed due
to linear extrapolation. The new method reduces this to practically zero. Linear
extrapolation above 100 dbar hetwestern boundary misses 0.2 Sv in February, rising to
1 Sv in August, with the new method reducing this below 0.2 Sv. On the eastern
boundary, linear extrapolation above 100 dbar misses 0.2 Sv with the new method

reducing this to practically zero alsthe implications are that, when the shallowest
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626 measurement is at 200 dbar, linear extrapolation results in an extra 1.5 Sv of northward
627 basinwide flow and, when the shallowest measurement is at 100 dbar, linear extrapolation

628 results in an extra 0.7 Sv inugust and 0.2 Sv in February.
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631 Figure 2.9: Transport anomaly errors (positive error means overestimation of northward transport) associated

632 with linear (gray) and monthly polynomial (black) extrapolation above 200 dbar for (left) western and (right)

633  eastern boundaries. Error bars are +1 standard error.
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635  Figure 2.10: As Figure 2.9 but for extrapolation above 100 dbar.

636 The seasonal behavior at the western boundary is also typical of that at-the mid
637 Atlantic ridge i.e. strong seasonality in the upper 50 m due to the development of a
638 shallow, warm seasonal thermoclinehe tate summer. In this respect, the eastern

639 boundary is different from the rest of the basin being in an upwelling regime where the
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640 seasonal effects of heating are negated by the strong upwelling that occurs during the late
641 summer and autume.g.Mittelstaedt (1983)

642 Alternative methods for extrapolation were also considered. Using a sea surface
643 temperature (SST) valu@Reynolds et al. (2007¥yith a climatological sea surface

644 salinity point and interpolating to the shallowest measurement using the methods

645 described in SectioB.4was tested. This provedfective when the shallowest

646 measurement was at 100 dbar but had errors of £ 0.5 Sv when the shallowest

647 <-.3(-<-0I"E'."/"$$"%&'(F 'Q-.20@"-((2(."@.2"(-<";0-%"3.,0?"/>;."<-/>2%""."

648 QQG"0%"%40'<;=">-;?>/"02<'@4";0/-?('1-%"/>(23?>"/>-".-'.20'@"<;B-%4-@@'?"
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653 As noted above, previowgrsionsof the RAPID calculation have used linear

654 extrapolation of dynamic height anomaly above the shallowest measurement and will
655 contain errors of the magnitude described hétaines et al. (2013)ompared the

656 RAPID measurements with two data assimilating models and found that the models had
657 an additional 1.5 Sv flowing southwards in the top 150 m during late summer, leading to
658 a reduction of 1.Bv in the strength of the AMOC. Their conclusion that this was likely
659 to be the result of the extrapolation method used in previous RAPID calculations is

660 consistent with the conclusions here. The method of seasonal extrapolation presented

661 here significarly improves the transport estimates in the upper few hundred metres.
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In summary, this new method reduces the mean strength of the estimated AMOC
by 0.4 Swover the full duration of the timeserféshis is due to little change in the winter
months and arouha 1 Sv decrease in the estimated AMOC during late summer. The
change acts to slightly decrease the amplitude of the seasonal cycle as described by

Kanzow et al. (2010)

2.6 The deepest measurements: estimates of Ant&@ottom Water transport

The deepest measurements pose challenges due to the large pressures and often highly
variable topography in the abyssal ocean. The RAPID array measures from the near
surface to 4820 dbar. However, most of the northward flowing AircdBottom Water
(AABW) occurs deeper than this. Between 2.2 and 3.7 Sv of AABW flows northwards in
waters colder than 1.8v4C at 26¥N in the region of 70.5%W ar{grégaWilliams et

al. (2011)) Here we incorporate two yearsd#ep moored measurements into the
estimation of the AMOC to assess the mean structure and variability of the flow deeper

than 4820 dbar.
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Figure 2.11: Location of the moorings that are used for calculating arthward flow below 4820 dbar, which

includes AABW. Grey shading indicates the area that the flow is calculated.

Two years of continuous mooring data measuring the deep flow are available
from April 2009 to April 2011. The key deep moorings are WB6 and BIARgure
2.11). These are combined with WB5 and MAR1 respectively to create merged
temperature and salinity profiles that extend to 5500 m. These profiles are appended to
the full western boundary profile and to the marwest profile. The extended wastiern
marwest profiles can then becludedin the full basinwide transport calculation as
described in Section 2.1. Dynamic height anomaly is calculated from the extended
western boundary and the marwest profiles and differenced to calculate the geostrophic
flow between them. Following the methods establishedrtajkaWilliams et al. (2011)
these dynamic height anomaly profiles are referenced to 4100 dbar and linearly
interpolated from 5500 dbar to zero at 6000 diyee area of the section deeper than 6000

dbar being quite small.
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Figure 2.12: (top) Full AMOC strength calculated with a constant AABW profile equivalent to 2 Sv (black) and

with a variable AABW (red, dashed). (bottom) Difference in AMOC strength between the two methods. This

scales linearly with the internal geostrophic AABW flow (right hand axis)
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695 Figure 2.12 shows the AMOC transport calculated with mooring derived AABW
696 estimates and using a tiAmevariant profile of AABW transport.Incorporation othe

697 deep moorings results in a small mean increase of 0.1 Sv in the estimation of the AMOC.
698 The difference between the two calculations scales linearly with the internal geostrophic
699 transport between the desgction of the dynamic height anomaly profiles. This deep

700 transport ranges from 1 Sv to 3 Sv in 2009 and 2010. The ratio between the change in the
701 calculated AMOC and internal deep transport is 1:5 so that a 1 Sv increase in geostrophic
702 flow deeper than&20 dbar reduces the AMOC by 0.2 Sv. Therefore the impact of time
703 varying AABW transports on the variability in the calculated AMOC transport is £ 0.2

704 Sv.

!"#:$% !"#:$$
705

706 Figure 2.13: The transports deeper than 4820 dbaduring the period of time-varying AABW with the mean

707  highlighted by the black, dashed line.

708 The mean transport at pressures greater than 4820 dbar is shown in Figure 2.13.
709 The transport has a mean of approximately 1 Sv. This is half the transport of AABW
710 reported byFrajkaWilliams et al. (2011)Much of this discrepancy is due to the fact that

711 here we estimate transport deeper than 4820 dbar, which includes some southward flow

40



712

713

714

715

716

717

718

719

720

721

722

723

724

725
726

west of 72%W. Traditional definitions of AABW isolate tlorthward flowing water
mass and hence result in more northward flow of AABW.

The mean vertical structure of the deep flow from the moored observations is
compared with the timevariant profile used in previous RAPID calculations in Figure
2.14. Theime-invariant profile was based on a number of hydrographic sedtions
Kanzow et al. (2010)it is likely that the sparse temporal sampling of the hydrographic
sections and variations in the depth of the hydrographiclggdéad to a less smooth
profile than that derived from the moorings. A new timeariant profile based on the
moored measurements below 4820 dbar is now used for the calculation of the full RAPID
timeseries. This has a mean value of 1 Sv and a vestrcature as indicated in Figure
2.14.Useof this profile reduces the estimated AMOC by 0.2 Sv relative to previous

calculations.

3500F
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45001

Depth m

5000F

55001

Sv/m i3

Figure 2.14: New (black, dashed) profile of northward flow of below 482@bar and old (grey, solid) profile

derived from hydrographic sections.
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2.7 Equation of state: TEQG$0

The Thermodynamic Equation of State for seawater was introduced in 2010, here
referred to as TEOZO0, replacing the previous equation of state, 8B0SThe ew

equation of state has a nrorgligible impact on densities and hence on the calculation of
geostrophic transport of the AMOC. Here, we calculate the AMOC using the new
equation of state and contrast with the previous calculation.

TEOS10 provides a thenodynamically consistent definition of the equation of
state in terms of the Gibbs function for seawater. It introduces conservative temperature,
defined to be proportional to enthalpy, as a more accurate measure of the heat content of
seawater. Perhapse most notable change is the use of absolute salinity. Absolute
salinity, or density salinity, is the salinity that most accurately reflects the density of a
seawater sample in the TEQS equation of state. Calculation of absolute salinity from
practicalsalinity is a two stage process. First, reference salinity is calculated as the best
estimate of the absolute salinity of standard seaw@idtero et al. (2008)\ this is
practical salinity multiplied by a constaiaictor of 35.165/35. Secondly, a geographically
varying factor is added to reflect the impact on seawater density of the variation of the
composition of seawater in different ocean basins, notably the impact of s{liC&ie
SCOR & IAPS0O(2010)) It is this geographically varying factor that results in the largest

change in the geostrophic transports calculated.
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Figure 2.15: Difference in streamfunction due to the change in equatin of state: EOS80 minus TEOS10. A 0.4
Sv decrease due to the use of TEG® at the depth of 1100 dbar is highlighted. (b) Change in specific volume
anomaly due to the use of TEOSO0. In both fiures, the bold line includes the geographically varying

contribution to absolute salinity whereas the thin line does not.

Figure2.15 (a) shows the difference between geostrophic transport streamfunctions
(Equation 1.5) calculated from EE€8® and TEOSLO0 based on moored hydrographic
profiles on either side of the basin & %2/N. Excluding the geographically varying factor
from absolute salinity and using the new equation of state results in little change in the
transport streamfunction. When this geographically varying factor is included, the use of
TEOS10 results in a wéer streamfunction at all depths. A maximum difference of 0.7
Sv occurs around 2700 dbar. At the depth of the AMOC, 1100 dbar, the difference is 0.4
Sv. This is the reduction in the strength of the AMOC due to the change in the equation
of state.

To analpe the changes, we look at the impact on specific volume anomaly due to

thenew equation of stat&igure2.15 (b) shows changes in specific volume anomaly
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calculatedusing values derived from the TEES toolbox relative to values derived

from EOSS80 both including and not including the geographically varying factor in
absolute salinity. In the top 2000 ohanges are evident due to the new formulation of

the equatiorof state and are present whether or not the geographically varying factor is
included. At pressures greater than 1500 dbar, there is little change due to the new
formulation of the equation of state and the changes are dominated by the geographically
varying factor included in absolute salinity.

The geographical variation in absolute salinity can be understood in terms of the
distribution of silicate at 26%N. Silicate is the single largest contribution to the
geographical variation of absolute salinitfigher concentrations of silicate on the
eastern boundary have an impact on the density and therefore the geostrophic circulation.

The use of TEOQ0 rather than EG80 has reduced the AMO&3timateby 0.4
Sv or approximately 2%, primarily due to the coesalion of higher silicate
concentrations at the eastern boundary in the calculation of density. This is in line with
the magnitude of expected changes describd®®, SCOR & IAPSQ2010) This
level of change is to be expected in all estimates of transport dependent on geostrophy
when TEOSLO is used. In fact, in areas such as the North Pacific, the impact could be

even larger due to larger geographical changes in absolute salinity.
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3.1 The Gulf Streanin the Florida Straits

The Gulf Stream is confined the shallow (< 800 m), narrolorida Straitsnearthe
latitude of 26%Nhe confinement of the primary western boundary wogean current
geogaphically makes 26vN an ideal location for measurement and separation of the
components of ocean circulation theflae transport of the Gulf Stream has been
measuredhearly continuouslypy a submarine cabbg about 27N since 1982(Baringer

and Larsen (2001)Meinen et al. (2010))with routine hydrographic sections being
collected for cable calibration multiptemes per year, making @ne of the longest

running and most valuabdkimeseries in oceanography. The existence of this timeseries
made 26%N the natural location foasinwide array monitoring the full AMOC.

The Gulf Stream rsa mean strength of 32 Sv, with a daily standard deviation of
about 3Svand a small seasomajcle with a peailto-peak amplitude less than 3 $vis
estimated that theaily transporimeasurements aeecurated within 1.1 Sv and annual
averages are accurate to within 0.3 Sv over the time period of the RAPID measurements
(Meinen et al. (2010)Garcia and Meinen (2014.)Jhe Gulf Stream in the Florida Straits
has had a remarkably constant strength with no statistically significant long term trends
discernable relative to the egetic shorter term variability.

A short gap of 56 days from 3/9/2004 to 29/10/2004 exists during the RAPID time
period after a hurricane destroyed the cable recording station. Subsampling intervals of

this length from the complete periods of the timeéesaerandomly indicates that there is a
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2 Sv rms error due to linear interpolation. No significant changes to the configuration of

the cable monitoring have otherwise occurred during the RAPID time period.

3.2 The Western Boundary Wedge

The Western Boundary Wedge (WBW) is the name given to the continental shelf east of
Abaco Island, Bahamas as far as\WiB2 mooring at 76.72WThis is an array of direct
current meters designed to measure the core of the northwards flowing ATuiliest
over the quickly changing depths of the continental slope and $helfarrayis used in
the AMOC calculatioroutto WB3 when the WB2 mooring is unavailable. The
methodologies involved in the estimation of the transports in the western boundary
wedge ag extensively described idohns et al. (200&8nd will not be repeated here.

The array measuredmponent®f the AntillesCurrentand the Deep Western
Boundary Current in combination from Abaco Island\B2 (WB3) with a mean
strength of 1-4) Sv with a standard deviation of 3 (10) Sv. We note that while the mean
transports are small, the variability is large. Inshore of WB2, the northward flowing
Antilles Current is the major flow whereas when extending the aritatyp MB3, the
Deep Western Boundary Current plays a dominant Tdie.transports ardirectly
measured and accurate to within 0.5 (5%)The WBW also plays a role in reducing the
variability in the calculated AMOC due to eddy noise by making measutsitiese to

the boundary(Kanzow et al. (2009))

3.3 Ekman transport at 26%N

Ekman transport is the local wimldiven transport in the uppecean (Ekman (1905))

given by
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where! , is the zonal component of the wind strésg the Coriolis parameter ahds
the density of seawater. The wind stress is calculated as

T = paCal' |'!
wherep, is the density of air] is the wind speed at a height ofh0and! j is the drag
coefficient. Cd is defined dd !" ~3 for wind speeds lower than 7n&/s and(o!!" !
11063!]! D! 1" ' 3 for higher wind speed$Smith (1980)) This transport is evenly
distributed over the top 100 m in the RAPID cédtion.

A number ofwind speedlata sources have been usedstimate th&kman
transport These are QuikScat
(http://podaac.jpl.nasa.gov/DATA_CATALOG/quikscatinfo.htn@CMPLevel 3.0
(Atlas et al. (2011)andERA-Interim (Dee et al. (2011)Winds.QuikScat was the wind
product of choice for RAPID publications fro@unningham et al. (20079 Rayner et
al. (2011) Since the demise ¢ie QuikScatcatterometein November 2009CCMPhas
been judgeds the best wind produ¢Kent et al. (2012))Due to operational reasons,
there is often a delay on the availability of this product. For this study;IBRAmM
windsare usedTable3.1 summarises the differences between the three prodicts.
26%N, all three products agree well. This is probably due in part to the same data bein
included in the multiple reanalyses. Only EfRA&erim, on a sparser grid than CCMP and

QuikScat, has noticeably less variability.

47



842
843

844

845

846

847

848

849

850

851

852

853

854

855
856

857

858

859

860

Table 3.1: Mean, standard deviations of Ekman transports of the QuikScat, CCN® and ERA-Interim wind

products for the period April 2004 to November 2009n units of Sv.

QuikScat CCMP ERA-Interim
Mean 3.6 3.6 3.8
Std. Dev. 3.4 3.3 2.9

3.4 The External transport: solving for the reference level velocity

The external transport is the transport added to the internal geostrophic transports so that
there is no net meridional flow. Although in reality there is a small net southward
transport through the section due to the Bering Strait inflow to the Arcéi¢Hemet
evaporatiorprecipitationrunoff, the purpose of requiring zero net mass transport is to
isolate the AMOC as a compensated meridional circulation cell that is superimposed on
the (weak) net transport through the ba@aryden and Imawaki (2001)pince the
baroclinic circulation is fully accounted for by the trébasin array, the residual mass
transport has to be carried by deptdependent velocityt is assumed that the flow is a
uniform velocity across the basso the transport is

Vext(2) 1 Veompus - w(1)!

Equation 3.1

where w(z) is the width of the basin ang,V..is calculated as the sum of all the

transport components (Gulf Stream, Ekman transport, western boundary wedge and the
internal geostrophic transport) divided by the area of the section at 26¥N (not including
the Florida Straits). Internal geostrophi@rspors arecalculated relative to a level of no

motion at 4820 dbar, the deepest common level across the array. The average geostrophic
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transportshallower than andalculated relative to 4820 dbar across the basin sum to 21

Sv southwards. While thelcalation of external transport is done in a tinaying

sense, on average, the 26 of internal geostrophic southward transport is combined with
32 Sv GUf Stream, 3 Sv Ekman transpattSv from the western boundary wecge 1

Sv from AABW (all northwards), to require 13v (equivalent to a reference level

velocity of 0.@4 cm/s) of southward external transport to satisfy the constraint of zero net
flow.

In a rectangular basin with vertical side wall§z)is a constardnd the choice of
reference legl has no effect on the overturning. In a real ocean basin, the external
transport does affect the overturning streamfunction due to the narrowing of the basin
with depth.Figure3.1 shows the bathymetry at 26%N. Above 3800 m, the basin width is
relatively constant; below this depth, the basin narrows substantially due to the presence
of the MAR and the sloping eastern boundary. Assuming a-dapthzonallyuniform
compensation velocity leads to a external transport profile, T(z), that is proportional to
w(z)as shown in Figure 3.1(b), which we refer to as a "hypsometric" compensation

profile.
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Figure 3.1: (left) Bathymetry at 26%N andright) derived basin width.

To investigate further the distribution of the hypsometric compensation, we

consider five cases.

a) Referencdevel at 4820 dbar, approximately the interface between northward flowing
AABW and southward flwing lower North Atlantic deep water (NADW)

b) Reference level at 1200 dbar, approximately the interface between northward flowing
AAIW and southward flowingipperNADW.

c) Treatingthe basin as rectanguliconsequentlyit is insensitive to the choice of
reference level. This involves replacing (z) with w; , the mean width of the basin,

in Equation3.1.
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d) (e) uses a reference level of 4820 dbar and a basin width pradti@uts all the
hypsometric compensatida the west @) andeast(e) of 45.5v4W
Changing the reference level (ayaries the total amount of external transport
required and so will lead to changes in the shear below 3500m. While historically,
hydrographic sectiobased estimates of transport use two levels of no motion, a
shallower level in the west (near 1200below the AAIW) and deeper level east of this,
we are investigating the simpler case of the sensitivity of the AMQ@Ganging a single
reference level. Changing the reference level form 4820 to 1200m changes the total
mean external transport requir@ddalance mass from 14 Sv to 22 Sv. Cases (c, d, e)
change the profile of the hypsometric compensation but leave the total external transport

unchanged.
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Figure 3.2: (a) Mid -ocean transport profiles derived from the five cases described in the text. jbrransport

streamfunction including mid-ocean, Florida Straits and Ekman transports.

Figure 3.2(a) shows the resulting geostrophic transport for each of the cases. The

results are all quite similar. Theielittle difference between any of the solutions
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904 shallower than 3500 m apart from a small constant offset. An offS@0005Sv/m

905 distributed over the top 4000 m results in a transport difference of 2 Sdiffidrent

906 solutions vary lesthan this forall of the hypsometrically compensated case®, d, €)
907 The only noticeable difference is in the deep odeathe rectangular bas{ie). This

908 solution deviates from the other solutionghat it removes thehear below 4000 m

909 where the ocean bassubstantially narrows

910 Figure 3.2 (b shows the streamfunctions at 26%N resulting from the various
911 solutions(a-e). A larger difference is apparent in the streamfunction profiles since the
912 transpordifferences are accumulatedrtically. Nevertheless, bbf the hypsometrically
913 compensated cases P, d, @ show similar solutionsnone differing by more than 1 Sv at
914 any depthAgain the rectangular basin soluti@) is the most different as the large

915 differences in transport at depth are accumulateiicady.

916 The experiments here abse reference levethatarebased on interfaces between
917 mean northwards and mean southward flowing water masses and also investigated
918 changing the shape of the compensation profie resultinlcAMOC solutionsshow a
919 weak dependence on reference leUsinga rectangular basshaperesulted in the

920 largest change to the solutidn.this case, theolution artificially removeshear from the
921 deep ocean. W conclude that hypsometric compensation is more agrate. Finally,
922  distributing the compensation in the eastern or western basin deagmfitantly

923 influence the resulting solution. There is a small effect whereby placing all the

924 compensation in the west results in slightly weaker southward flow abewgest of the
925 mid-Atlantic ridge (3700 m) and slightly stroemgsouthward flow below this depth. The

926 converse is true for placing all the compensation in the east. It is important to note that all
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927 of the hypsometric compensations investigated heregea®, d, ¢vary by less than the
928 accuracies of the transports discussed elsewhere in thi§hexts consistent with

929 Roberts et al. (2013yhose investigations of various reference levels resulted in AMOC
930 variationsof less than 2 Sv.

931 Kanzow et al. (20079bserved a high correlation between transpariability

932 derived from basinwide pressure differences in bottom pressure recorders and transport
933 variability derived by the application @f mass compensation constraint. This result was
934 extended, in a more limited sense, BigCarthy et al. (2012)ho observed high

935 correlation between transpariability derived from bottom pressure records on the
936 western bundary and a hypsometrically weighted mass compensation constraint.

937 These independehbttom pressurebservationsupport thecalculation of

938 AMOC variability usinga hypsometrically weighted mass compensation. Howexeer,
939 note thathe depth structure of this compensai®get to be fully determined

940 difference betweesomemodels and obseations highlighted by Roberts et al. (2013)
941 lies in the deep overturnirgireamfunction. Many models (e.g. FOAM (Roberts et al.
942 (2013) ard HYCOM (Xu et al(2012)) show a more vigorous and shallower deep

943 overturning cell than RAPID (e.g. Roberts et(2013) Figure 1; Xu et al(2012) Figure
944  6). Roberts et a[2013)showed that agreement between FOAM and the observations
945 could berecoweredby calculating the AMOC in the model using the RAPID

946 methodology. This provides a method of comparing\ikeh-like in terms of the depth
947  structure of the overturning streamfunctibman analysis of bottom pressure

948 measurement&anzow (personal gomunication)has foundhat the deep compensation

949 may be moreigorous than that derived from thgpsometric compensatia®escribed
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here While theimpactof this deep compensatiama topic of ongoing researchjst

unlikely tochangehe final value bthe AMOC by more than 1 Sv

@ 72%#"345#

The value of the AMOC is defined as the maximum of the transport streamfunction when

all the components are combined. The full tivaeying transport streamfunction is given

by:
!(!!!)=!fz{!!n#(!!!)! Lo (0D 1 (L) T (E12) 1 Ty (N1}

whereV is the transport streamfunction. Subscrifisek andwbwrefer to the transport
in the Florida Straits, Ekman transport and western boundary wé&gdges the internal
geostrophic transports derived fratquationl.4, applied as described in Sectidri

T.,: is the hypsometric mass compensation as desciribibe iprevious section. The mid
ocean transport is defined as the surhgf, ! .+ andT,, .! includes the new time
invariant AABW profile discussed in Secti@®. The mean component transports per

unit depth are shown fRigure4.1.
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Figure 4.1: Mean (solid lines) and standard deviations (shadingjomponent transport per unit depth of the
circulation derived from the RAPID calculation: (green) Ekman transports, (blue) Florida Straits transport,

(grey, dashed) western boundary wedge and (magenta) fgleostrophic midocean transports.

The AMOC is defined as the maximum of this streamfunction integrating down from the
surface:

"#$ (1) = W(t! 00!
where! .. is the depth of the maximum of the transport streamfundtigoire4.2
shows the transport streamfunction at each time step with the strength and depth of the
AMOC overlaid.

The AMOC has two depth modes as seefigure4.2. When northward flowing
Antarctic Intermediate Water (AAIW) is present, the depth of the maximum AMOC is
close to 1100 m. When no AAIW flows north, the depth of the maximum AMOC is close
to 700 m:the depth of the Florida Straits. We use this depth criteria to define titaCAM
when no water flows northwarduch as occurred in December 200 Carthy et al.

(2012). In this instance, we define the AMOC as the integf#the component transports
to either 1100 m, when northward flowing AAIW exist, or to 700 m, when no northward

flowing AAIW exists.
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The upper miebcean transport is defined as the foakan transports integrated
from the surface down to the depth of thaximum AMOC.When the depth of the
AMOC is greater than the depth of the Florida Str#its,sum of the total Florida Straits,

Ekman and upper midcean transports is equal to the strength of the AMOC.
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Depth (m)
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6000 . . ’
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Figure 4.2: AMOC streamfunctions: all (grey), mean (black) and AMOC values (grey dots).

The8.5 yeattimeseriedrom April 2004 toOctober2012 shown inFigure4.3,
has amean strength of 17.2 Sv with a 10 day filtered rms variability of 4.6 Sv. This mean
AMOC transport is lower thaearlier estimatesainly due to the decreasing strength of
the AMOC over the length of the reco(@meed et al. (2014))A smaller contribution to
the lower mean AMOC transport value is due to the improvements to the AMOC
calculation methodology described in this paper that have resulted in a reduced mean

strength of the overall AMOC of 0$v.
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Figure 4.3: The latest RAPID timeseries including the AMOC (red), Gulf Streamin the Florida Straits (blue),
Ekman (green) and upper midocean (magenta) transports. Colouredines are tenday values. Black lines are

three month low-pass filtered values.
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The meridional heat transport (MHT) carried across a-{basg sectin at any latitude

is given by (Jung (1952) Bryan (1982))

Q=f!f!op!!! po

where! is seawater density, is the specific heat of seawaters meridional velocityd

is potential temperature, and where the double integral is taken ovell thepth () of

the transbasin section between eastexy) and westernx(,) boundaries.Johns et al.
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(2011)produced estimates of the MHT across 26.5jN by breaking this total heat transport
down into a number of sepéeacomponents of temperature transport (relative to a
common temperature reference), which are then summed together to derive the total
MHT. The breakdown usdtkreis:
T L T T R
Equation 5.1

where the different terms represent, respectively, the meridional temperature transports of
the Florida Current! (- ), the Ekman layerq;- ), the western boundary wedd®& s\ ),
the zonallyaveraged contribution thhe midocean circulation!(,,,), and the miebcean
OeddyO contribution due to spatially correlattlé fluctuations [ -4 ). The latter
term is a true heat transport since it has no mass transport associated with it and is
independent of tempature reference.

The methodology by which each of these terms is estimated is described
thoroughly inJohns et al. (2018nd we will only briefly review these heille@ addition
to the updated methods for computing the AM@I(d-ocean transport that have been
described in Sectiodand the Ekman transports discussed in Se@&igrchangeso the
calculationsof Johns et al. (2011include the following:

1. The Ekman heat transport is now calculated usSiRg-Interim windsand the
interior ocean temperature pites derived from Argo (se2below), where the Ekman
transport iessentiallyassumed to be confined to the upper 50 m of the water column.
Thus the Ekman layer temperature is a weighted average of the upper 50 m temperatures.
Previously we had used Reynolds SST's in the interior and assumed the Ekman layer

temperature to be equal the Reynolds SSWe estimate that averaging over the top 50
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m gives an estimate of 0.005 PW lower than the SST based estimate, with all of the
difference occurring in the sumniethe only time the mixed layer depth is less than 50
m. Distribution of tle Ekman heat transport over the top 50 m is consistent with Hall and
Bryden (1982), who used a weighted temperature average over the top 50withdhd
findings of Wijffels et al. (1994), who found that all of Ekman transport occurred within
0.2¥C ohe SST value.

2. The midocean "eddy" heat fluggppy is derived from an objective analysis of
available Agodata profiles in the interior combined with T/S profiles from the RAPID
moorings. This objective analysis (OA) product is produced interngalthdoRAPID
program based on Argo and moorings datweekly temporal resolutioArgo data has
good coveragat this latitudgapproximately 40 profiles per month from 262d06 and
more than 100 profiles per month from 2008)owing accurate determation of the
internal emperature and salinity fieldsleridional velocity anomalies across the section
are derived from this OA using a geostrophic approximation relative to 1000 m.
Previously,! s had been calculated from a "piecewise" mooring aggr(also
relative to 1000 myising only the mooring data across the section, as descrikihirs
et al. (2011pnd, as such, the principal improvement here is the increase in resolution
across the section provided by o floats The two approaches agree within error
bars and are consistent with the range of estimates available frorb&sins
hydrographic sections along26 As noted inJohns et al. (201 1dhis "eddy" heat flux
is actually associated mainly with the largeale structure af and7 anomalies across
the subtropical gyre, rather than sogcale features. The Argo daaeetherefore able to

resolve it adequately even at relatively coarse resolution across the section.
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3. The interior zonal average temperature trangportnow uses a time varying
interior temperature field derived from the Argo and RAPID mooring data as above,
merged into a seasonal temperature climatology below 2000 m based on the RAPID
HydroBaseproduct described idohns et al. (2011Previously the interior zonal mean
temperature field was taken orilpm the seasonally varying RAPID idyoBase

climatology.
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Figure 5.1: Time series of the MHT (black), and the contributions by the temperature transport of the Florida
Current (blue), the Ekman layer (green), and the midocean region from the Bahamas to Africa (red). High

frequency data are 10day averages and smoothurves represent 9eday low pass filtered data.

The updated time series of the MHT is showfigure5.1, where the three contributions
in the midocean region (£, Qwsw, and @ppy) are combined into one term. There is

overall a very close correspondence between the MHT time series and the AMOC time
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1061 series, where the MHT reaches low values in the winters of 2009/10 and 2010/11 during
1062 the corresponding low AMOC event

1063 Accuracies of the individual components and the total MHT are giveabie5.1,

1064 along with their mean values, standard deviations, and standard errors over the 8.5 year
1065 recordobtained to date (April 2008 October 2012) . The overall accuracy of dagly

1066 meanMHT estmate is 0.21 PW, which is about a factor of two smaller than its standard
1067 deviation of 0.36 PW. The error variance associated with this random measurement
1068 uncertainty (0.24= 0.04 PW) is thus about onthird of the actual sample variance of

1069 the MHT timeseries (0.36= 0.13 PW). The integral time scale of the MHT timeseries
1070 is 29 days, and stis gives 53 degrees of freedaamssuming one independent

1071 measurement for each two integral timescalg.overall statistical uncertainty in the

1072 mean MHT estimiz is therefore dominated by the intrinsic MHT variability. The

1073 standard error of the mean MHT over the 8.5 year record is 0.05 PW, which is reduced
1074 significantly due to the long length of the record. A bias error of up to 0.06 PW is added
1075 to this statistial error to account for possible sampling and computational biases in the
1076 observing system, as outlined {dohns et al. (2011)}eading to a total error for the

1077 mean MHT of 0.11 PW, or about 10% of the measured meaa wvélLi25 PW.
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Table 5.1: Summary of statistics for the total MHT and its components as measured by the
RAPID array. Temperature transports (multiplied hy,) are computed relative to 0;C £y

and Qorare independent of temperature reference). The mean values reflect the averages from
April 2004 to October 2012In computing the standard errors of the mean quantities, the number

of degrees of freedom is estimated by dividing the record length by tivdaategral time scale

of the variability of the respective gatity Johns et al., 2011).

Temperature or Heat transport (PW)
MHT Component
Mean value Std. dev.| Meas. error Std. error

Qrc 251 0.25 0.12 0.03

Qex 0.35 0.29 0.11 0.03

Qws 0.12 0.18 0.02 0.02

Qmo -1.81 0.31 0.13 0.04
Qeppy 0.08 0.03 0.03 0.01
Qror 1.25 0.36 0.21 0.05

As described inJohns et al. (2011)he RAPID data can also be used to

determine the "overturning" and "gyre" components of the MHT, which are defined by

(Bryan (1982)Bsning and Herrmann (1994))

where angle brackets now represent the zonal average across the entire transoceanic

section (from Florida to Africa), asterisks represent the deviations from these zonal

Qor! [ 1 € )0z

! g =ﬁ! MR
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means, and’ is the transport per unit depth profile. These heausports represent the
heat fluxes carried by individually masenserving vertical ("overturning") and
horizontal ("gyre") cells, where the former is also sometimes called the baroclinic heat
transport(Bryden and Imawaki (ZIL)). The breakdown into the overturning and gyre
MHT components is shown Figure5.2, where it is clear thapproximately 90% of the
heat transpolt andan everhigher proportiorof the interannual variability observed thus
farN is contained in the overturning component. The gyre component on the other hand
shows a fairly regular seasonal cycle which is mainly dominated by the annual cycle of
the Florida Current.

A natural companion of the MHT estimates is the estimation of continuous
freshwater fluxes across the section using the moored array. The initial analysis of this is

described in McDonagh et alsubmitted) and will not be discussed further here.
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1103 Figure 5.2: Breakdown of the total MHT (black) into its "overturning" (blue) and "gyre" (red) components; see

1104 text for definitions. The curves shown are 9@lay low pass filtered values.

1105 C D.++,$> #/:#5)/<=.-")- #

1106 Table 6.1: Summary of the errors associated with the components and calculation of the AMOC.

RMS Error:
RMS Error: 10
(Sv) Annual
day values
Values
"345 # 'EA FE€
H%)-1%);2'<#7%$,/-;)$1# FES4 FE#H
Accuracy of Temperature and
0.8 0.6
Salinity measurements
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1120

1121

1122

1123

1124

1125

Gridding error 0.4 0.4

412%$#<)+;)/%/1#

Western Boundary Wedge 0.5 0.5

Gulf Stream in Florida Straits 1.1 0.3

In this paper we have reviewed and discussed the AMOC measurements at 26vN,
including improvements to the calculation of the AMOC and MHT siRegner et al.
(2011)and Johns et al. (2011). We have made detasé@chates of the uncertainties
(Table6.1) and described improvements to the calculation of the AM®¢ use of a
better shear extrapolation technique, improved AAB\Mfile and the use of the new
equation of state TEQSON and MHTN by using an Argo and mooring climatology to
improve estimation of Ekman, eddy and micean temperature transpoAs. these
observations are frequently used for model comparison and vafidatis important that
the details and errors in the observations are understood.

The AMOC calculation at 26%N takes advantage of the geostrophic balance to use
a relatively sparse array of moorings to measure the northward flow. The latitude of 26Y4N
is an ideal location for a basinwide AMOC monitoring array for two main reasons:
firstly, the measurement of the Gulf Stream in the Florida St(Bigsinger and Larsen
(2001))defines the western boundary current,as®tondly, the steep continental shelf
off the Bahamas suppresses westward propagating mesoscale features and allows for
estimate®f transportrepresentative of the basinwide floflanzow et al. (2009))

This method elies on accurate profiles of dynamic height anomaly, derived from

temperature, salinity and pressure measurements from moored instruments. The accuracy
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of the instruments themselves is improved by a careful process dicsdmigh calibration
(Kanzow et al. (2006))This results in temperature, salinity and pressure measurements
accurate to 0.002v4C, 0.003 and 1 dbar, respectively. Of these measurements, it is salinity
that is the largest source of error in the calculaiDC due to potential biases in the
calibration process. Temperature and pressure errors of 0.002%C and 1 dbar have a
smaller impact on the estimated AMOC than a salinity error of 0.003. We estimate an

rms uncertainty of 0.8 Sv due to calibration issues.

There are around 20 instruments on a typical full depth mooring. These need to be
interpolated on to a high resolution vertical grid to construct useful dynamic height
anomaly profiles. We use the methodJufhns et al.2005)based on the gradients of
temperature and salinity to interpolate the sparse instruments onto a high resolution grid.
There is an rms uncertainty of 0.4 Sv in estimating the AMOC due to this procedure.
While this rms uncertainty in the AMOC is slnghe estimated maximum gridding
inaccuracies of 0.05%4C in temperature in the thermocline are 25 times larger than the
accuracy with which temperature can be determined. In comparison, a maximum
gridding inaccuracy of 0.01 in salinity is only 3 timegkarthan the accuracy with which
salinity can be determined. For a different application, interspersing some cheaper
temperaturenly instruments between the moored CTDs might be considered so that
errors due to gridding are reduced relative to the acgwfathe measurement.

The errors associated with gridding and calibration of the dynamic height
moorings are combined with the errors in the Gulf Stream transport, western boundary
wedge and Ekman transports to give an overall estimate of the erroe festilmated

AMOC. The 106day estimations of the AMOC have an rms uncertainty of 1.9 &vi¢
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6.1). We have also considered uncertainties in annual averages. Tlsederrmt drop
dramatically for annual averages due to the nature of the uncertainties. When the full
array is operationagn annual rms uncertainty of (5 is estimated. This can increase

when mooring losses occur. The mooring losses that have ocoutyesignificantly

influence the error estimate in 2005 and 2007, when the WB2 mooring failed and mini
mooring losses on the eastern boundary respectively increased the estimated annual rms
uncertainty to 1.1 Sv and 1.4 Sv.

The shallowest and deepest meaments present particular challenges. The
practicalities of deploying a mooring in the real ocean mean that measurements shallower
than 100 m are often absemi{aines et al. (2013 ompared the RAPID measurements
with a da# assimilating model and found that linear extrapolation above the shallowest
measurements in RAPID failed to capture 1.5 Sv of southward transport in the late
summer in the top 150 m. Here, we have implemented a seasonally varying extrapolation
techniquehat captures additional southward transport due to the shallow seasonal
thermocline. We estimate that the transport not captured by this technique is less than 0.1
Sv.

The deepest measurements pose a challenge due to the large pressures, remote
locationand often highly variable topography that the moorings are deployed in.

Moorings have been successfully deployed to measure deep (> 4820 dbar) transport for a
duration of 2 years. The variability of the estimated AMOC changed by + 0.2 Sv when
these deep nawings were included in the calculation. While the variability observed was
small, the continuous measurements lead to improvements to the mean shape and

strength of the transport profile. Consequently a new mocehaged timanvariant
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transport profildhas replaced the previous hydrograjiaged transport profile. The new
profile fixes transport deeper than 4820 dbar to 1 Sv. This transport is not directly
comparable to AABW transport as the 4820 dbar delimiter differs from the standard
1.8¥C potentiamperature isotherm often used in hydrographic stugfeska
Williams et al. (2011))Even so, these seemingly low estimates of AABW transport
coincide with changes in the deep overturning cell. Hydrographic estimates of AABW
transport since 1957 at 24%N suggested that transport in these deeper layers used to be
stronger (Johnson et al. (2008)Purkey and Johnson (20123ed hydrography to
estimate largecalechanges in transport of the deep overturning cell from 1993 to 2006,
giving a reduction of the deep overturning cell by as much as 8.2 Sv over this 13 year
period. While the previous hydrographic sectimased estimates of transport are subject
to issues baliasing when used to quantify transport variability, the present estimates
from the RAPID array supports the observations that AABW transport is lower than it
has been in the past.

The AMOC at 26.5%N is now calculated using TERQ3he new equation sfate
for seawater. The introduction of the geographical variations in absolute salinity
primarily driven by silicate concentrationgre found to have a naregligible effect on
the calculation of the density gradient across the basin and hence the Al&C.
AMOC, as estimated using TEELD, is 0.4 Sv weaker than using EG& This 2%
change is of the order pfedicted changes to basinwide transports virgsitioning to
the new equation of statdOC, SCOR & IAPS(Q2010)) Estimates of circulation
strength throughout the worldOs oceans will need to be revised by similar amounts due to

this new equation of state, with some regions changing more than others.
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The use of a hypsometric mass compensation, taking account of the ngrodwi
the basin with depth, to reference the internal geostrophic transports introduces a
dependence on the choice of reference level for the resulting overtastimgte
(Roberts et al. (2013))Here, we have comparechamber of choices of reference level
and shapes of hypsometric transport profiles. We conclude that the impact on the
estimated strength of the AMOC due to choitesterence level is less tharS¥, which
is comparable tohe accuracy of the calculatiofhere is some uncertainty in the
magnitude of the deep transport and this is a topic of ongoing research.

The calculation of the AMOC is made by combining the Gulf Stream, western
boundary wedge, Ekman and massnpensated geostrophic transports togdthget an
overall basinwide transport profile. This is integrated vertically to get a transport
streamfunction, the maximum of which is defined as the strength of the AMOC. The
AMOC has a strength of 17.2 Sv from April 2004 to October 2012. This is ibaerthe
estimate of 18.7 Sv for the first year of measurements in 200¢hningham et al.
(2007))mainly due to an observed decline in the strength over the period of observation
(Smeed et al. (20)¥and also due to improvements to the calculation detailed in this text
that have reduced the strength of the AMOC by 0.6@&4 Sv due to the new
extrapolation above the shallowest measurement, +0.2 Sv due to the new AABW
transport;0.4 Sv due tohe new equation of state).

The calculation of the MHT is more difficult than the AMOC as it needs, in
principle, the covariances of temperature and velocity across the section. Here, we have
presented an update to the method$odins et al. (2011y incorporation of time

varying Argo temperature and velocity fields in the calculation of thearéén, Ekman
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and eddy heat flux term€hanges in the calculation of the AM@{Sohave implications
for heat transportSpecifically, Haines et al. (2018)ghlighted a 0.1 PW lower MHT in
a high resolution ocean model compared to RAPID caused by disagreement in the top
100 m transport. Improvements to the surface extrapolation described in Section 2.5 have
reduced the mean MHT by 0.04 PW (maximum reduction of 0.07 PW in October;
minimum of 0.01 PW in January). This change is smaller than that found by Haines et al.
(2013) but in line with the reduction in the AMOC described in this manuscript. Overall,
thereduction in the mean value of the MHT from 1.22 PW to 1.33 PW published by
Johns et al. (2011yas mainly due to very low heat transport in 2009 and 2010
(Cunningham et al. (20133nd aso the decline in AMOC transports over the ten years
(Smeed et al. (2014)yather than changes in methodology.

The AMOC monitoring project at 26¥N has revolutionised our understanding of
the variability and structure of theMOC on subannual(Cunningham et al. (2007))
seasonal(Kanzow et al. (2010)Chidichimo et al. (2010)and interannugMcCarthy et
al. (2012)timescales. It has provided the first continuous estimates of heat transports
across an ocean basifdohns et al. (2011))Smeed et al. (2014)ave presented thHest
multi-year trend analysis of the timeseries. The 26%N measurements were the first full
ocean depth, basinwide, continuous in time estimates of the AMOC and it is hoped that
the detailed description of the calculation and discussion of the assariatexin this

manuscript will contribute to greater understanding of these AMOC and MHT estimates.

| "<J/)(=%:0%+%/1-#

TheRAPID/MOCHA/WBTSarray is a collaborative effosupported through the UK

70



1240

1241

1242

1243

1244

1245

1246

1247

Natural Envionment Research Council (NERRAPID-WATCH program, the US

National Science Foundation (NSHRgridional Overturning Circulation Hedlux Array
project, and the US National Oceanographic and Atmospheric Administration (NOAA)
Western Boundaryime Series projecAMOC transport estimatascluding error

estimatesre freely available fromww.rapid.ac.uk/rapidmod=lorida Current transports

estimates are available fronww.aoml.noaa.gov/phod/flor&dturrent MHT estimates

can be found online &titp://www.rsmas.miami.edu/users/mocha
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