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ABSTRACT 24 

 

The abyssal ocean is primarily filled by cold, dense waters formed around Antarctica and 26 

collectively referred to as Antarctic Bottom Water (AABW). At steady state, AABW must be 

consumed in the ocean interior at the same rate it is produced, but how and where this 28 

consumption is achieved remains poorly understood. Here, we present estimates of abyssal water 

mass transformation by geothermal heating and parameterized internal wave-driven mixing. We 30 

use maps of the energy input to internal waves by tidal and geostrophic motions interacting with 

topography combined with assumptions about the distribution of energy dissipation to evaluate 32 

dianeutral transports induced by breaking internal tides and lee waves. Geothermal 

transformation is assessed based on a map of geothermal heat fluxes. Under the hypotheses 34 

underlying the constructed climatologies of buoyancy fluxes, we calculate that locally-dissipating 

internal tides and geothermal heating contribute respectively about 8 and 5 Sv of AABW 36 

consumption (upwelling), mostly north of 30ºS. In contrast, parameterized lee wave-driven 

mixing causes significant transformation only in the Southern Ocean, where it forms about 3 Sv 38 

of AABW, decreasing the mean density but enhancing the northward flow of abyssal waters. The 

possible role of remotely-dissipating internal tides in complementing AABW consumption is 40 

explored based on idealized distributions of mixing energy. Depending mostly on the chosen 

vertical structure, such mixing could drive 1 to 28 Sv of additional AABW upwelling, 42 

highlighting the need to better constrain the spatial distribution of remote dissipation. Though 

they carry large uncertainties, these climatological transformation estimates shed light on the 44 

qualitative functioning and key unknowns of the diabatic overturning. 

 46 
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1. Introduction 48 

The abyssal ocean is primarily filled by Antarctic Bottom Water (AABW), a cold, dense water 

mass produced around Antarctica that spreads northward to cover most of the world ocean floor 50 

(Johnson 2008). While sinking and spreading along the seabed, the densest, newly-formed 

AABW entrain and mix with ambient Southern Ocean waters to reach a maximum northward 52 

flow of about 20-30 Sv (1 Sv   106 m3 s-1) near 30ºS (Ganachaud and Wunsch 2000, Lumpkin 

and Speer 2007, Talley et al. 2003, Talley 2008, 2013). In order to close the abyssal overturning 54 

circulation and reach a steady state, the northward-flowing AABW must gain buoyancy and 

upwell across isopycnals in the Pacific, Indian and Atlantic basins. In the deep ocean, this 56 

buoyancy gain can only be achieved through two processes: mixing and geothermal heating. 

Were the cold bottom waters not consumed by such diabatic processes, they would gradually fill 58 

the whole ocean interior. In contrast, the overlying, southward-flowing deep waters may upwell 

mostly adiabatically in the Antarctic Divergence, allowing their consumption to rely largely on 60 

near-surface transformation (Toggweiler and Samuels 1995, Talley 2013). 

 62 

Downward diffusion of buoyancy by turbulent mixing is considered to be the dominant 

mechanism allowing for AABW consumption and, thereby, for the maintenance of the abyssal 64 

stratification (Munk and Wunsch 1998, Wunsch and Ferrari 2004). The required diapycnal 

mixing is thought to be primarily driven by the breaking of internal waves. These ubiquitous 66 

waves in the ocean interior derive their energy from winds and tides, and generate turbulence 

when they become unstable and break (Garrett and Munk 1979). Baroclinic tide and lee wave 68 

generation by tidal and geostrophic flows impinging on rough topography are amongst the most 

significant sources of internal wave energy for the deep ocean (Egbert and Ray 2000, Garrett and 70 

St Laurent 2002). Some of these internal waves tend to break near their generation sites and 
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contribute to mixing in the near- field, whereas low-mode waves are able to propagate over large 72 

distances and may dissipate in the far-field (St Laurent and Garrett 2002). 

 74 

According to a recent calculation (Nikurashin and Ferrari 2013), mixing driven by locally-

dissipating internal tides and lee waves is able to drive 25 Sv of AABW upwelling globally, and 76 

could therefore account for the full strength of the abyssal overturning. Yet, experiments with 

ocean general circulation models (OGCM) have shown less of an impact of parameterized near-78 

field mixing from internal tides and lee waves: only about 5 Sv and 2 Sv of additional abyssal 

flow was simulated with the successive inclusion of near- field tidal mixing and lee wave-driven 80 

mixing (Simmons et al. 2004, Saenko and Merryfield 2005, Melet et al. 2014). In a recent 

OGCM study (Oka and Niwa 2013), it was suggested that the addition of far- field tidal mixing – 82 

that is, mixing driven by remotely-dissipating internal tides – is key in simulating a Pacific 

overturning circulation of realistic strength. Meanwhile, although most studies focus on 84 

diapycnal mixing as the main buoyancy supply for AABW, geothermal heating was shown to be 

a rivalling heat source for the bottom-most waters of the ocean (Emile-Geay and Madec 2009). 86 

Indeed, it has been estimated that 2 to 6 Sv of abyssal flow may be sustained by geothermal heat 

fluxes alone (Adcroft et al. 2001, Hofman and Morales Maqueda 2009, Emile-Geay and Madec 88 

2009). These recent disparate results show that it remains largely unclear which processes control 

the strength of the lower branch of the overturning and how and where the diabatic return of 90 

northward-flowing bottom waters is accomplished. 

 92 

In the past decades, much attention has been directed to the identification of mechanical energy 

sources able to sustain sufficient internal wave activity and deep mixing. Munk and Wunsch 94 

(1998) calculated that 2.1 TW are required to upwell 30 Sv of dense waters across isopycnals 
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from 4000 to 1000 m depth. Considering that AABW need only upwell until it joins the 96 

southward adiabatic route to the Southern Ocean outcrop region (Talley 2013), this number could 

be substantially reduced. On the other hand, deep ocean power availability from tides and lee 98 

wave radiation has been estimated as 0.9-1.3 TW (Egbert and Ray 2001, Nycander 2005, Melet et 

al. 2013a) and 0.15-0.75 TW (Scott et al. 2011, Nikurashin and Ferrari 2011, Wright et al. 2014, 100 

Nikurashin et al. 2014), respectively. But though these global estimates of power availability and 

requirement may compare favourably, they do not discriminate between different water masses, 102 

despite different return pathways. Indeed, differing spatial distributions of wave-breaking energy 

can have radically different implications for ocean circulation (Simmons et al. 2004, Saenko et al. 104 

2012, Oka and Niwa 2013).  

 106 

The water mass transformation framework (Walin 1982, Nurser et al. 1999, Marshall et al. 1999, 

Iudicone et al. 2008a) enables us to translate the energy available for mixing into diapycnal 108 

transports that can be meaningfully compared to rates of dense water input. Here, we address 

some of the questions regarding AABW consumption by evaluating climatological rates of water 110 

mass conversion in the ocean interior by internal wave breaking and geothermal heating. We 

describe the water mass transformation framework and the dataset employed in the following 112 

section. In section 3, we outline some qualitative properties of dianeutral transports induced by 

mixing and geothermal heating and justify the choice of the 28.11 kg m-3 neutral surface as the 114 

upper boundary of AABW based on the climatological density structure of the ocean. 

Transformation estimates are presented in section 4. Results from earlier and present studies are 116 

compared and reconciled in section 5. Conclusions make up the last section. Further discussion 

on the role of non- linearities in the equation of state and on the importance of hypsometry for 118 

water mass transformation can be found in Appendices A and B, respectively. 
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 120 

2. Methods 

 a. Water mass transformation in the neutral density framework 122 

We denote by K  and  the turbulent diapycnal and isopycnal diffusivities, respectively. For a 

given oceanic property  , we define the diapycnal diffusive flux of   as F K    , where 124 

  is the gradient along the diapycnal direction. The isopycnal diffusive flux of   is given by 

, with  the spatial gradient in the tangent isopycnal plane. In a reference frame that 126 

follows instantaneous isopycnals and in the absence of external forcings from the surface, the rate 

of change of the locally-referenced potential density (  ) due to diffusive fluxes of Conservative 128 

Temperature ( ) and Absolute Salinity ( SA ) must be balanced by advection across isopycnals 

(McDougall 1984, Iudicone et al. 2008a): 130 

   (1) 

where we have introduced the diapycnal velocity  . Note that, by convention, the diapycnal axis 132 

is oriented from low to high density, so that 0   corresponds to transport towards greater 

densities. For brevity, Conservative Temperature and Absolute Salinity will be referred to simply 134 

as ‘temperature’ and ‘salinity’ in all the following.  

 136 

Water mass transformation by isopycnal mixing was estimated by Iudicone et al. (2008a,b) and 

Klocker and McDougall (2010), who showed that isopycnal diffusion results in significant net 138 

densification in the Southern Ocean, contributing to the production of abyssal waters but not to 

their consumption. Here, we focus on the consumption of AABW by internal wave-driven 140 

diapycnal mixing and geothermal heating and only diagnose the contribution of diapycnal mixing 
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terms to the diapycnal velocity: 142 

 A

A

S

SF F   
           (2) 

Since neutral surfaces are tangent to local isopycnal surfaces  by construction, the diapycnal 144 

velocity   equates the local dianeutral velocity (Jackett and McDougall 1997). By integrating 

  over a given neutral surface ( )A  , with   neutral density, one obtains the total dianeutral 146 

transport or transformation rate ( )T   (Walin 1982): 

 
1

( ) ( )
( ) ( ) ( )A

A

S

S
A A

T dA F F dA
 

    



              (3) 148 

Equation (3), though exact and relatively simple, is difficult to implement in a discrete 

calculation. In order to avoid sampling issues, reduce data noise and allow more detailed 150 

diagnostics, we take advantage of the global character of neutral density to propose an equivalent, 

more robust formulation for computing the dianeutral transports. Multiplying (2) by the factor 152 

/b       (Iudicone et al. 2008a), we obtain the neutral density balance: 

 A

A

S

Sb F b F   
            (4) 154 

From here, two different directions may be taken.  

 156 

The simplest approach consists in neglecting spatial variations of the coefficients b   and 

ASb   (that is, neglecting effects related to the non- linearity of the equation of state), allowing 158 

the diapycnal velocity to be expressed as: 

 1( ) ( ) ( )A A

A A

S Slin
S Sb F b F b F b F       

                (5) 160 

Noting that A

A

S

Sb F b F bF F  
     , equation (4) reduces to lin F 

   , giving: 

 
( )

( )lin

A
T F dA




     (6) 162 
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Since the area of integration ( )A   depends on  , care must be taken when moving the  -

derivative in (6) outside of the integral. Consider a neutral density layer defined by 1 2     164 

(Fig. 1). The layer will intersect the surface and bottom of the ocean over two distinct surfaces, 

which we denote by 1 2( , )O    and 1 2( , )I    and refer to as outcrop and incrop surfaces, 166 

respectively. Together with 1( )A   and 2( )A  , these surfaces bound the considered layer volume. 

Using these definitions and Leibniz’s integral rule, we obtain: 168 

 
( ) ( , ) ( , )

( )lin

A O I
T F dA F dA F dA  

  
  


 

          (7) 

Note that ( )A  , ( , )O    and ( , )I    enclose the volume of waters denser than  , so that, 170 

using Gauss’s theorem, one may also recast T lin  in terms of the volume-integrated divergence of 

the neutral density flux F  : 172 

 
'

( )linT F dV


 
 


     (8) 

The discrete form of (7) reads 174 

 
( ) ( )

2 2

( , ) ( , )
2 2 2 2

( )lin

A A

O I

T F dA F dA

F dA F dA

 
 

 

 
   

   

   
 

   
   

  

 

 

 
  (9) 

where   is a small but finite density step. Implementation of (9) now solely requires the 176 

specification of surface and bottom boundary conditions. Since we only consider mixing in the 

ocean interior, air-sea exchanges are excluded and our surface boundary condition is 0surfF   178 

and 0AS
surfF  , implying 0surfF  . At the ocean bottom, the diffusive salinity flux must 

vanish, 0AS
botF  , but the diffusive temperature flux must meet the geothermal boundary 180 

condition: 0/ ( )bot geo pF Q c  , where Qgeo  [W m-2] is the geothermal heat flux and cp
0

 the 
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appropriate (constant) heat capacity. The transformation rate T lin can then be decomposed into 182 

contributions of mixing and geothermal heating: 

 
( ) ( )

2 2

( )lin
mix

A A
T F dA F dA 

 
 

   
 

      (10)  184 

 
0( , ) ( , )

2 2 2 2

( )
geolin

geo
I I

p

b Q
T F dA dA

c


   

   


     

   
       (11) 

where we have introduced the thermal expansion coefficient /     in (11). Note that, in 186 

view of the ocean aspect ratio, F   is very well approximated by zK    (e.g., Iudicone et al. 

2008a), where height z  increases upwards and has its origin at the surface. Tmix
lin  can therefore be 188 

computed as: 

 
( ) ( )

2 2

( )lin
mix z z

A A
T K dA K dA 

 
     

 
        (12) 190 

 

Non-linearity in the equation of state need not be neglected, however. Noting again that 192 

diapycnal gradients are well approximated by vertical gradients, we can integrate the neutral 

density tendency at the right-hand side of (4) from the seafloor ( z H  ) to the level of a given 194 

neutral surface ( ( )Az z  ) to obtain an equivalent diffusive flux of neutral density eqF   across 

( )A  : 196 

 
( )

( ) ( ) ( )
A

A

z

eq z z S z z A
H

F b K b K S dz
     


              (13) 

eqF   represents the actual neutral density flux crossing the surface ( )A   as a result of turbulent  198 

diapycnal mixing of salinity and temperature below the level of ( )A  , accounting for the full 

non- linearity of the equation of state. Equating   with z , we have by construction200 

A

A

S

eq SF b F b F  
          , so that (4) becomes 1( ) eq eqF F 

  
        and  
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( )

( ) eq
A

T F dA



     (14) 202 

Replacing F   by 
eqF   in (7)-(9) gives continuous and discrete equivalents of (14). The bottom 

boundary condition is unchanged and  204 

 
0

( , )
2 2

( ) ( ) geo

p

b Qlin

geo geo cI
T T dA



 
 

     
 

       (15) 

While surface diffusive fluxes of salinity and temperature remain set to zero, the equivalent 206 

surface flux of neutral density may now differ significantly from zero (mixing in the ocean 

interior may be a net source or sink of volume – and of volume-integrated neutral density). The 208 

dianeutral transport induced by diapycnal mixing is thus obtained as: 

 
( ) ( ) ( , )

2 2 2 2

( )mix eq eq eq
A A O

T F dA F dA F dA  
   

   
     

   
        (16) 210 

where the last term’s integrand is 

0

( ) ( )
Aeq z z S z z Asurf

H

F b K b K S dz    



             . 

In practice, to avoid irrelevant non- linear effects resulting from strong diffusivities but finite 212 

  and 
AS   gradients in unstratified surface waters (see equation (20) and Appendix A), the 

no-flux surface boundary condition ( 0surfF   and 0AS
surfF  ) is matched by linearly reducing 214 

F  and FSA  to zero from the base of the mixed layer to the surface. This procedure is justified 

since we are interested in interior rather than near-surface transformation, thus excluding mixed 216 

layer processes, and since diapycnal gradients may no longer be accurately diagnosed as vertical 

gradients within vanishing stratification. 218 

 

For diagnostic purposes, it is useful to rewrite the dianeutral transports Tmix  and Tgeo  as the  -220 

derivative of a total buoyancy flux into the volume of waters denser than  . From (7), we 
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identify: 222 

 
( , )

( ) ( )geo eq
I

T F dA






     (17)

 

 
( ) ( , )

( )mix eq
A O

T F dA


 



     (18) 224 

In (17) and (18), ( , )I    and ( ) ( , )A O    correspond to the areas bounding the volume of 

waters denser than   from below and from above, respectively. 226 

  

 b. Climatologies 228 

Annual climatologies of the required hydrographic properties, including neutral density, are taken 

from the World Ocean Circulation Experiment hydrographic atlas (Gouretski and Koltermann 230 

2004). All variables are computed according to the TEOS-10 framework (McDougall et al. 2011).  

 232 

A climatological distribution of the energy lost to the internal wave field T  [W kg-1] is 

constructed from published estimates of energy fluxes into baroclinic tides (Nycander 2005, 234 

Melet et al. 2013a; Fig. 2a) and lee waves (Scott et al. 2011; Fig. 2b) combined with the near-

field mixing parameterization of St Laurent et al. (2002): 236 

 
1 exp[( ( , , ) ) / ]

( , , ) [ ( , ) ( , ) ( , )]
[1 exp( ( , ) / )]

T LW LW IT IT ITAH ITAH

H x y z
x y z q E x y q E x y q E x y

H x y




  

 
  

 
  (19) 

Parameterization (19) assumes that a fixed fraction q  of generated internal waves contributes to 238 

near-field mixing and that the dissipating energy decays exponentially from the seabed with an e-

folding length  . Here, ELW , EIT  and EITAH  [W m-2] designate the power input to internal 240 

waves by geostrophic currents impinging on small-scale topography and by barotropic tidal flows 

interacting with topographic features of horizontal scales larger ( EIT ) and smaller ( EITAH ) than 242 
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10 km, respectively. Topographic roughness at scales smaller than 10 km is dominated by abyssal 

hills, and though it is not deterministically resolved in current global bathymetric products, its 244 

contribution to internal tide generation has been recently estimated (Melet et al. 2013a) following 

the methodology of Nycander (2005). The barotropic to baroclinic conversion by abyssal hill 246 

roughness, with a global energy flux of 0.1 TW, represents a non-negligible contribution to tidal 

mixing and will therefore be included in our water mass transformation estimates. The qLW , qIT  248 

and qITAH  parameters represent the fraction of the predicted internal wave generation power 

which dissipates close to generation sites, assumed to be constant in space for each flux. In the 250 

case of lee waves, which are stationary and thereby expected to dissipate only in the near-field, 

the choice of a coefficient qLW <1 is justified by observational (Sheen et al. 2013, Waterman et 252 

al. 2013, 2014) and modelling (Nikurashin and Ferrari 2010a,b, Nikurashin et al. 2014) results 

showing that the predicted energy fluxes (Scott et al. 2011) tend to overestimate the water 254 

column dissipation by about a factor of 3 to 10. 

 256 

Falahat et al. (2014) calculated that, on a global average, the first two vertical normal modes take 

up 59 % of the energy flux into internal tides. Since near- field dissipation is thought to be quasi-258 

negligible for the lowest two modes, this places an upper bound for qIT  at 41 %. On the other 

hand, the global data analysis of Waterhouse et al. (2014) suggests a minimum of 20 % of local 260 

internal tide dissipation. Because small-scale bathymetry tends to favour the generation of small-

scale, high-mode waves, a somewhat larger portion of local dissipation should apply to internal 262 

tides generated by abyssal hills, so that qITAH  ~ 0.5 may be considered a reasonable reference 

value (A. Melet, personal communication, 2014). The parameter qLW  is less well constrained, 264 

with a probable range of about 0.1-0.5 (Nikurashin and Ferrari 2010a,b, Sheen et al. 2013, 
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Waterman et al. 2013, 2014, Nikurashin et al. 2014). Near-field dissipation is generally observed 266 

to decrease away from the seafloor with a decay scale ranging roughly between 300 and 1000 m 

(St Laurent et al. 2002, St Laurent and Nash 2004, Nikurashin and Ferrari 2010a,b). To allow 268 

comparison with earlier studies, we choose typical values qLW = qIT =1/ 3 and   = 500 m, and 

we set qITAH =1/ 2.  270 

 

We note that both q  and the vertical structure of local dissipation must vary regionally 272 

depending on topographic and oceanographic conditions (St Laurent and Garrett 2002, St Laurent 

and Nash 2004, Polzin 2009, Nikurashin and Ferrari 2010a,b, Nikurashin and Legg 2011, 274 

Waterman et al. 2013, 2014, Nikurashin et al. 2014, Falahat et al. 2014). Though the present 

choices for qLW , qIT  and qITAH  aim to be representative of global average values, they should be 276 

viewed as a somewhat arbitrary reference, facilitating comparison with earlier work (e.g., 

Simmons et al. 2004, Saenko and Merryfield 2005, Nikurashin and Ferrari 2013, Melet et al. 278 

2014) while oversimplifying the energy partitioning of the real ocean. Nonetheless, the diagnosed 

dianeutral transports depend linearly on the chosen q  values, and local-scale deviations from 280 

global averages should not strongly affect the general picture of the presented transformation 

estimates. On the other hand, because of the non-linear dependence on  , we will examine the 282 

sensitivity of transformation rates to the vertical decay scale. Though we do not test alternative, 

non-exponential vertical distributions of local dissipation (e.g., Polzin 2009, Melet et al. 2013b), 284 

varying   should give some indication of the robustness of the diagnosed transports. 

 286 

The turbulent diffusivity can be related to the buoyancy frequency 2
z

g
N 


    and wave-
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breaking energy T  according to (Osborn 1980): 288 

 2
f TK N R     (20) 

where R f  is the mixing efficiency, taken to be one-sixth. Note that Rf =1/ 6  corresponds to a 290 

flux coefficient 
2

2
0.2

T

K N

K N




  


, the canonical upper-bound value postulated by Osborn 

(1980). Because mixing efficiency should approach zero in unstratified waters, we must remedy 292 

for unrealistically large values of the predicted eddy diffusivity in weak stratification. Therefore, 

following Simmons et al. (2004), K  is computed as: 294 

 2 2 1

2 8 2
min( ,10 m s )

max( ,10 s )

f TR
K

N


 

  
   (21) 

 296 

The spatial distribution of geothermal heat fluxes Qgeo(x,y) [W m-2] (Goutorbe et al. 2011) is 

depicted in Figure 2c. Qgeo  averages 65.5 mW m-2 in the ocean and represents a global energy 298 

flux of 23.7 TW. We note that this average heat supply is somewhat weaker than most earlier 

estimates (Stein and Stein 1992, Pollack et al. 1993, Huang 1999), which fall within 80-100 mW  300 

m-2, possibly owing to a low bias in young oceanic crust (Goutorbe et al. 2011). Therefore, the 

presented transformation estimate by geothermal heating is likely to be a lower bound. 302 

 

3. Preliminary remarks 304 

The near-field mixing parameterization given by (19) and (20) aims at mimicking bottom-

intensified mixing by breaking internal waves over rough topography (St Laurent et al. 2002). 306 

The increase of energy dissipation with depth implied by (19) has some implications for the 

associated buoyancy forcing and circulation, as illustrated in Figure 3a. Starting from the 308 
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advective-diffusive balance of (2) and neglecting diapycnal variations of the thermal expansion 

and haline contraction coefficients (a rough but not unreasonable approximation in the deep 310 

ocean, which has relatively weak , AS  variations – see Appendix A), the velocity induced by 

diapycnal mixing may be approximated by: 312 

 1 2

2 2

1 1
( ) ( ) ( ) ( )z z f TK K N R

N N
   

                (22) 

Since f TR   decays away from the bottom, 0   and mixing drives transport towards higher 314 

densities (which we will refer to as downwelling or downward transport for simplicity, although 

this transport is not necessarily vertical). Indeed, the downward buoyancy flux associated with 316 

upward-decaying T  is divergent, and the resultant increase in density must be compensated by 

downward advection across isopycnals. Yet, in the approximation of a linear equation of state  318 

and ignoring the geothermal heat source at the seabed, mixing can only redistribute buoyancy and 

sinks and sources of buoyancy must balance each other. Because of the zero stratification of the 320 

bottom boundary layer and the no-flux bottom boundary condition, the downward buoyancy flux 

induced by diapycnal mixing ( 2K N ) must vanish at the seabed, implying a strong convergence 322 

of the buoyancy flux in the vicinity of the seafloor (Ledwell et al. 2000, St Laurent et al. 2001, 

Simmons et al. 2004, Melet et al. 2013b). When geothermal heating is taken into account, 324 

buoyancy convergence near the bottom is increased as the net downward diffusive buoyancy flux 

induced by mixing must eventually match an opposite sign, upward bottom buoyancy flux.  326 

 

Thus, in the presence of geothermal heating and a bottom-intensified mixing energy according to 328 

(19) and (20), the bottom-most waters gain buoyancy whereas the overlying waters lose 

buoyancy. Note that increasing the vertical decay scale   of energy dissipation will not modify 330 
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the regions of buoyancy loss and buoyancy gain, but will slightly reduce the buoyancy gain near 

the seabed and spread the compensating buoyancy loss higher in the water column. Rather than 332 

triggering convective instability, this buoyancy transfer is cancelled by diapycnal advection, with 

relatively weak but widespread downwelling away from the seabed and strong upwelling along 334 

topographic features (Fig. 3a). This behaviour has been noted in observations of enhanced 

abyssal mixing near rough topography, such as in the Brazil Basin (Polzin et al. 1997, Ledwell et 336 

al. 2000, St Laurent et al. 2001). Note that the bottom layer which concentrates buoyancy 

deposition is characterized by a vanishing mixing efficiency, reconciling equations (19) and (22) 338 

with 0   near the seafloor (St Laurent et al. 2001). 

 340 

An increase of internal wave energy dissipation with depth does not systematically characterize 

the deep ocean (e.g., Toole et al. 1994, Waterhouse et al. 2014). Indeed, observations of internal 342 

wave activity over smooth bathymetry generally show no significant bottom intensification of 

energy dissipation (Toole et al. 1994, Kunze and Sanford 1996, Polzin et al. 1997). The induced 344 

buoyancy flux may then decrease towards the seafloor, causing buoyancy gain and upwelling 

over a wider depth range away from the seabed (Fig. 3b). Yet, because of geothermal heating and 346 

of the need for the diffusive buoyancy flux to vanish close to the seabed, waters banked along 

topographic slopes are likely to experience increased buoyancy gain relative to horizontally-348 

adjacent waters (Fig. 3b). This effect, related to hypsometry (the decrease of the ocean’s 

horizontal area with depth), implies that upwelling may occur preferentially along the sloping 350 

topography even in the absence of enhanced wave breaking near the seafloor. 

 352 

Several consequences may be drawn from the previous remarks. First, it can be hypothesized that 

global AABW consumption and upwelling occur primarily along the bottom topography. This 354 
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hypothesis is consistent with suggestions that diabatic upwelling of dense waters is mostly 

confined to below the crests of the major topographic ridges (Lumpkin and Speer 2007, Huussen 356 

et al. 2012, Ferrari et al. 2014). A focused upwelling along topography implies in turn that the 

circulation induced by such mixing would be very different in a flat-bottom ocean. Second, it can 358 

be expected that water masses covering the largest portions of the seabed will exhibit the 

strongest consumption rates, or, said differently, that dianeutral upwelling will peak within the 360 

neutral density layer which has the largest incrop area. Indeed, two related effects combine to 

reinforce potential upwelling rates within density layers occupying a large seafloor area: 362 

increased exposure to near-bottom buoyancy deposition by abyssal mixing and geothermal 

heating and weak bottom diapycnal density gradients requiring strong velocities to balance the 364 

buoyancy gain. 

 366 

The incrop area, defined by , is plotted in Figure 4a.  exhibits a 

maximum at    28.20 kg m-3 within the Southern Ocean (thick red line) and a much stronger 368 

peak at    28.11 kg m-3 within the 30ºS-67ºN region (thick blue line). Consequently, dianeutral 

upwelling north of 30ºS may be expected to peak at    28.11 kg m-3. In addition, mass 370 

conservation dictates that the surface of maximum dianeutral transport north of 30ºS must 

correspond to the level of maximum cumulated northward dense water transport at 30ºS – except 372 

for potential, small additional inflow of waters denser than 28.11 kg m-3 from the north (see Fig. 

5a,b; Ganachaud and Wunsch 2000). In other words, if dianeutral transport north of 30ºS peaks at 374 

28.11 kg m-3, then the overturning streamfunction at 30ºS should also peak near 28.11 kg m-3. 

Indeed, the 28.11 kg m-3 neutral surface is the approximate boundary between northward abyssal 376 

flow and southward deep water flow at 30ºS found by inverse studies (Ganachaud and Wunsch 
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2000, Lumpkin and Speer 2007), supporting our inference from the climatological density field. 378 

Defining the light-end of AABW as the neutral density level at which the abyssal overturning 

streamfunction peaks, we will thus refer to AABW as waters characterized by    28.11 kg m-3. 380 

 

A closer look at the latitudinal structure of the incrop area (Fig. 5a) reveals that ~ 28.11 kg m-3 382 

waters are in contact with the seafloor mostly in the Northern Hemisphere, and that the maximum 

incrop area gradually moves towards lighter densities from south to north. (In Figure 5a, the 384 

density-binned values of incrop area are re-projected to pseudo-depth for visual purposes. The re-

mapping procedure involves a simple bottom-up filling of each latitude band with ocean grid 386 

cells ordered from dense to light.) This supports the idea that the densest abyssal waters which 

cover the seafloor are gradually converted to lighter densities as they move northwards. 388 

Preferential consumption of bottom-most waters leads to progressive homogenization of AABW, 

reducing the abyssal stratification and thereby increasing the thickness and incrop area of the 390 

dominant neutral density layers (Figs. 4 and 5). This in turn reinforces the efficiency of AABW 

consumption near the seabed, allowing potentially strong diabatic transport across the 28.11 kg 392 

m-3 neutral surface in northern basins. 

 394 

4. Water mass transformation estimates 

a. Transformation by near-field mixing and geothermal heating 396 

    1) LOCAL DIANEUTRAL TRANSPORTS 

The spatial structure of dianeutral transports induced by locally-dissipating internal tides, lee 398 

waves and geothermal heating is illustrated in Figures 6 and 7. Local dianeutral transports forced 

by mixing dominate those forced by geothermal heat fluxes (Fig. 6). Because lee wave generation 400 
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occurs mainly along the deep Southern Ocean floor, lee wave-driven transformation appears 

dominated by a dipole of lightening below 28.15 kg m-3 and densification above. Internal tides 402 

are generated at various depths and densities, resulting in a more noisy distribution of positive 

and negative transports. Whereas mixing transfers buoyancy across isoneutral layers, the 404 

geothermal heat flux causes only lightening and upward transport. In addition, the spatial pattern 

of the induced geothermal transports resembles closely that of the incrop area shown in Figure 406 

5a: geothermal heating consumes most efficiently water masses blanketing vast seafloor areas, so 

that dianeutral transports appear aligned along the 28.11 kg m-3 surface. 408 

 

Figure 7 shows the horizontal pattern of upwelling and downwelling across specific neutral 410 

surfaces, chosen as the neutral density level of maximum net upwelling globally. Unsurprisingly, 

the level of maximum upwelling due to lee wave breaking coincides with the peak incrop area 412 

south of 30ºS (    28.20 kg m-3) while peak upwelling rates due to near-field tidal mixing and 

geothermal heating coincide with the peak incrop area north of 30ºS (    28.11 kg m-3). Mixing 414 

driven by internal tides and lee waves results in downwelling across wide areas, including strong 

downwelling where the surface approaches the seafloor, but upwelling where the neutral surface 416 

grounds. Geothermal heating acts only where the neutral density layer (of thickness  ) covers 

the ocean floor (Fig. 7c), which is also the area where near-field mixing causes upwelling (Fig. 418 

7a). Upwelling across the 28.11 kg m-3 surface by geothermal heating and tidal mixing is 

concentrated on the sides of major oceanic ridges and along topographic slopes of the North 420 

Pacific. 

 422 

    2) TOTAL DIANEUTRAL TRANSPORTS 
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The water mass transformation rate as a function of neutral density is obtained by summing the 424 

local dianeutral transports over neutral surfaces (Fig. 8). The volume rate of water mass 

formation or consumption in a given density class 1 2[ , ]   corresponds to the difference in 426 

transformation rates 2 1( ) ( )T T  . Any volume loss within one density class must be balanced 

by a volume gain in another density class. 428 

 

Internal tides, lee waves and geothermal heating have qualitatively different impacts on water 430 

mass transformation (Fig. 8a). Whereas geothermal heat fluxes induce only negative rates 

(buoyancy gain), diapycnal mixing must extract buoyancy from one water mass in order to 432 

supply buoyancy to another. This behaviour is most clearly apparent in the lee wave 

transformation curve, which exhibits a dipole of positive and negative transports: lee wave-driven 434 

mixing is a net source (sink) of buoyancy for waters denser (lighter) than 28.15 kg m-3. This 

results in the formation of 9 Sv of 28.05-28.20 kg m-3 waters, at the expense of denser and lighter 436 

water masses, which together lose volume at the same rate. In the case of baroclinic tides, 

buoyancy gain (upwelling) dominates for neutral densities greater than 27.20 kg m-3, while 438 

buoyancy loss prevails for lighter waters. Indeed, the total downward buoyancy flux associated 

with near- field tidal mixing is convergent over most of the deep ocean density range (Fig. 9a). In 440 

contrast, the buoyancy flux due to dissipating lee waves peaks at 28.15 kg m-3, well within the 

AABW layer (Fig. 9b). 442 

 

Parameterized near- field tidal mixing drives ~ 9 Sv of upwelling across the 28.11 kg m-3 surface 444 

globally, of which 2 Sv are attributable to internal tides generated by abyssal hill roughness (Fig. 

8a). Despite the relatively weak local transports due to geothermal heating (Figs.  6 and 7), its 446 
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peak transformation rate of –5.5 Sv at    28.11 kg m-3 is of comparable magnitude to the 

maximum upwelling rate due to locally-dissipating internal tides. On the other hand, 448 

parameterized mixing from breaking lee waves results in net downwelling across the 28.11 kg m-3 

surface, consuming about 6 Sv of waters denser than 28.20 kg m-3 but forming about 7 Sv of 450 

lighter AABW. Decomposing dianeutral transports between the Southern Ocean (80ºS-30ºS, Fig. 

8c) and other basins (30ºS-67ºN, Fig. 8b) reveals that water mass transformation is dominated by 452 

tidal mixing and geothermal heating north of 30ºS and by lee wave-driven mixing south of 30ºS. 

North of 30ºS, tidal mixing and geothermal heating consume respectively about 8 Sv and 5 Sv of 454 

AABW, whereas upwelling forced by lee waves remains weaker than 2 Sv, a contribution similar 

to that of internal tides generated by abyssal hills. Lee wave-driven mixing is concentrated in the 456 

Antarctic Circumpolar Current (ACC), where it converts ~ 5 Sv of bottom waters heavier than 

28.3 kg m-3 into lighter AABW, and draws ~ 3 Sv of lighter deep waters into the AABW density 458 

range. Hence, according to the present parameterization, mixing by breaking lee waves is little 

involved in the diabatic return of AABW flowing out of the Southern Ocean. Rather, it 460 

participates in the lightening of the densest AABW while enhancing bottom water flow by 

forming additional, lighter AABW prior to its escape into the Atlantic and Indo-Pacific basins. 462 

 

The shape of the geothermal transformation and its narrow peak at 28.11 kg m-3 are not controlled 464 

by spatial contrasts in heat fluxes (Fig. 2c), but rather by the incrop area (Fig. 4a), as postulated 

in section 3 (see Appendix B for further discussion). Similarly, the sharp decrease of the area of 466 

neutral surfaces at 28.11 kg m-3 (Fig. 4a), equivalent to the sharp peak of the incrop area, controls 

the peak tidal transformation by forcing a strong convergence of the total buoyancy flux near 468 

28.11 kg m-3 (Fig. 9a). Hence, the concomitant maxima of geothermal and tidal transformations, 
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and their correspondence with the approximate boundary between deep and bottom waters, must 470 

not be seen as fortuitous. Rather, a dynamic-thermodynamic equilibrium is reached in which 

AABW is gradually transformed into densities close to 28.11 kg m-3 as it progresses through the 472 

Southern Ocean and further northward along the sea bottom, so that a voluminous, weakly 

stratified water mass occupies a vast portion of the World Ocean floor and maximizes its 474 

exposure to geothermal heating and abyssal mixing (Figs. 4 and 5). 

 476 

    3) SENSITIVITY TO THE VERTICAL DECAY SCALE  . 

The overall efficiency of mixing energy in supplying buoyancy to the deep ocean depends on its 478 

distribution relative to the neutral density field, and in particular on the degree of cancellation 

between convergent and divergent buoyancy fluxes. Parameterized near- field tidal mixing drives 480 

a net source of buoyancy over most of the ocean interior, fluxing buoyancy from the upper ocean 

down to deep and abyssal waters (Fig. 9a). On the other hand, because the energy of dissipating 482 

lee waves is placed at large depths (90% of the estimated lee wave generation occurs below 3000 

m), the resultant mixing is unable to bring heat from thermocline waters to the deep ocean (Fig. 484 

9b). Nevertheless, the efficiency of buoyancy transfer from light to dense waters may be 

enhanced if the vertical decay scale   is increased, that is, if internal wave energy tends to 486 

dissipate higher in the water column. 

 488 

Figure 9 illustrates the sensitivity of transformation estimates to the   parameter. Different   

values result in weak overall differences in buoyancy fluxes and dianeutral transports. A doubling 490 

of the decay scale increases the tidally-driven buoyancy flux out of the thermocline and into the 

deep ocean, resulting in slightly greater upwelling rates within the 27-28.1 kg m-3 density range, 492 



 23 

but in virtually unchanged transformation within the AABW layer (Fig. 9a,d). Doubling   also 

slightly smoothens and shifts upwards the peak buoyancy flux driven by lee waves, reducing 494 

downwelling across the deep/bottom water boundary but leaving the transformation estimate 

largely unchanged (Fig. 9b,e). On the other hand, reducing the decay scale to 300 m tends to 496 

accentuate somewhat peak dianeutral transports, including a 1 Sv increase of tidally-driven 

AABW consumption due to an increased buoyancy flux across    28.11 kg m-3, but deviations 498 

from the reference curve remain no greater than 2 Sv (Fig. 9a-f). 

 500 

Hence, in our climatological setting, water mass transformation by near-field mixing is not set by 

the choice of vertical decay scale for energy dissipation, but more so by the ocean’s density 502 

structure and bathymetry, combined with the horizontal distribution of internal wave generation. 

While demonstrating the robustness of the present transformation estimates, this weak sensitivity 504 

contrasts with results from OGCM experiments showing enhanced abyssal flow under larger   

(Saenko et al. 2012, Oka and Niwa 2013). The difference could arise from the response of 506 

stratification to mixing in numerical experiments: strong, focused near-bottom mixing may 

weaken the simulated local stratification and ultimately reduce its ability to sustain a buoyancy 508 

flux. 

 510 

b. Transformation rates due to far-field mixing 

    1) ENERGY DISTRIBUTION FOR REMOTE DISSIPATION  512 

In the preceding subsection, we have examined transformation rates associated with the 

commonly used mixing parameterization for internal waves that dissipate near their generation 514 

sites. Because less is known about the dissipation of internal waves than about their generation, it 
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is assumed that one-third of the wave energy dissipates where it is generated, while the other two-516 

thirds are ignored or assumed to contribute to sustain a background vertical diffusivity of about 

10-5 m2 s-1 (St Laurent et al. 2002, Simmons et al. 2004). Yet, using a map of the depth- integrated 518 

tidal energy dissipation diagnosed from global numerical simulations (Niwa and Hibiya 2011), 

Oka and Niwa (2013) recently extended the parameterization to include far- field tidal mixing. To 520 

specify the vertical structure of energy dissipation, the authors used an exponential decay from 

the bottom for the fraction q  of locally-dissipating energy, but assumed a vertically uniform T  522 

for remote dissipation. 

 524 

To explore the implications of various assumptions about the distribution of far- field mixing 

energy, we calculate transformation rates due to remotely-dissipating internal tides under various 526 

idealized scenarios. We construct two horizontal distributions of the energy flux ( , )far fieldE x y   

[W m-2]: 528 

(Su) uniformly distributed energy over the whole ocean volume: ( , )far fieldE x y  is proportional 

to local water depth H(x,y) ; 530 

(Sp) horizontal spread of energy around generation sites: ( , )far fieldE x y  
is obtained by 

uniformly redistributing the energy flux (1 ) ( , ) (1 ) ( , )IT IT ITAH ITAHq E x y q E x y    within a 532 

radius of 1,000 km of each (x,y)  grid point. This ad hoc procedure aims at grossly mimicking 

horizontal propagation of internal tide energy, as observed in maps produced by Niwa and 534 

Hibiya (2011). 

Of particular interest for abyssal water mass transformation is the fraction of far- field energy 536 

dissipated in shallow versus deep areas of ocean basins. The percentage of mixing energy located 

in ocean areas deeper than 3000 m is 92 % under scenario Su, dropping to 67 % in scenario Sp. 538 
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For comparison, the percentage of local tidal dissipation occurring within the same area is 30 %. 

Both scenarios thus imply that far- field dissipation contributes more energy to deep oceanic 540 

regions than near-field dissipation – possibly departing from real conditions if most of the remote 

tidal dissipation was to occur at continental shelves and upper continental slopes (see, e.g., Nash 542 

et al. 2004, Martini et al. 2011, Kelly et al. 2013, Waterhouse et al. 2014). Nonetheless, the two 

distributions are sufficiently different that they should hint at the sensitivity to the fraction of 544 

remote dissipation taking place in shallow waters. 

 546 

The vertical structure of energy dissipation is specified according to the following scenarios: 

  (S2) T   proportional to N 2  i.e. constant K ; 548 

  (S1) T  proportional to N  i.e. K  proportional to 1N  ; 

  (S0) constant T  i.e. K  proportional to 2N  ; 550 

  (S-1) T  proportional to 1N   i.e. K  proportional to 3N  . 

The numbering of the scenarios corresponds to exponents of N  in the assumed dependence of 552 

dissipation to stratification. Scenario S2 is believed typical of nonlinear energy transfer and 

dissipation in a uniform internal wave field described by a Garrett-Munk spectrum (Garrett and 554 

Munk 1972, Muller et al. 1986) and was the form used by Koch-Larrouy et al. (2007). Choice S1 

corresponds to the vertical structure suggested by Gargett (1984) and subsequently used in ocean 556 

modelling (Cummins et al. 1990). Assumption S0 was used in simulations of Oka and Niwa 

(2013). Choice S-1 is the only scenario for which the far- field energy dissipation increases with 558 

depth. 

 560 

By combining the proposed horizontal and vertical distributions, we obtain eight scenarios with 
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identical overall power available for mixing, equal to 0.85 TW. Scenario S2u results in a globally 562 

uniform eddy diffusivity of 1.23   10-5 m2 s-1. We stress here that these scenarios are not meant 

to provide realistic parameterizations of far- field tidal mixing nor to span all possible outcomes 564 

for the energy of low-mode internal tides. Rather, they are meant to achieve preliminary 

understanding and to explore the sensitivity to key choices in constructing the energy distribution.  566 

 

    2) DIANEUTRAL TRANSPORTS 568 

The resulting transformation curves are shown in Figure 10. The differing horizontal distributions 

across scenarios Su (upper panels) and Sp (lower panels) have a relatively modest impact on 570 

water mass transformation north of 30ºS (Fig. 10b,e). Significant qualitative differences appear 

only in the Southern Ocean, where the weak internal tide generation results in negligible mixing 572 

under scenario Sp but in significant mixing under Su (Fig. 10c,f). Yet, even under Su, Southern 

Ocean dianeutral transports induced by far- field tidal mixing remain quite weak overall, with 574 

peak upwelling rates not exceeding 6 Sv. Except under scenario S1u for which far- field mixing 

drives 4 Sv of AABW consumption south of 30ºS, AABW transformation in the Southern Ocean 576 

is dominated by the parameterized lee wave dissipation. The weak Southern Ocean transports 

relative to those occurring north of 30ºS can be largely explained by the stronger stratification of 578 

the Southern Ocean abyss and the associated lack of large incrop areas. In the following, we refer 

exclusively to dianeutral transports for the 30ºS-67ºN region (Fig. 10b,e). 580 

 

North of 30ºS, peak transformation rates tend to be enhanced under the uniform volume 582 

distribution Su compared with the horizontally spread distribution Sp, as might be expected from 

the former’s greater power availability in the open ocean and over abyssal plains in particular. 584 

The transformation estimates remain qualitatively similar, however, suggesting that the details of 
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the horizontal distribution of the open ocean dissipation are not crucial to the large-scale water 586 

mass conversion. In contrast, dianeutral transports forced by parameterized far-field mixing are 

strongly sensitive to the vertical structure given to energy dissipation.  588 

 

The uniform diffusivity of scenario S2 results in ~ 3 Sv of upwelling within deep water masses, 590 

but the upwelling rate drops to only 1 Sv at the deep/bottom water boundary, implying negligible 

AABW consumption. Under scenario S1, a maximum dianeutral transport of –7 Sv to –8 Sv 592 

appears at or near the 28.11 kg m-3 neutral density level, with gradually decreasing upwelling 

towards lighter and denser waters. Thus, under the assumption that remote dissipation scales as  594 

N , far- field mixing could balance a significant portion of the estimated northward abyssal flow 

at 30ºS.  596 

 

The vertically homogenous energy dissipation rate of scenario S0 has radically different 598 

implications for the overturning circulation. Indeed, aside from effects associated with the non-

linearity of the equation of state (see Appendix A for a discussion of these effects), a vertically 600 

uniform buoyancy flux implies that convergence occurs only at the seafloor, with no impact on 

the remainder of the water column except for compensating divergence at the surface. Thus, 602 

under such mixing, buoyancy is extracted at the base of the mixed layer and fluxed directly to the 

bottom boundary layer, with non- linearity in the equation of state contributing some additional 604 

buoyancy loss in upper waters and some additional buoyancy gain at depths (Appendix A). 

Consequently, the resultant water mass transformation displays a shape quite similar to that 606 

associated with geothermal heating, with upwelling reaching a maximum of 16-21 Sv at the 

boundary between deep and abyssal waters. Hence, given a constant mixing efficiency of one-608 

sixth, 0.85 TW of uniformly distributed energy dissipation may provide for ~ 20 Sv of bottom 
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water consumption. 610 

 

Even stronger AABW consumption can be obtained by applying a vertical profile of wave-612 

breaking energy proportional to 1/N  as assumed in scenario S-1. Here, efficient lightening of 

abyssal waters is achieved at the expense of waters lighter than 28 kg m-3, most of which undergo 614 

densification. Dianeutral transport across    28.11 kg m-3 reaches –23 Sv in S-1p and –28 Sv in 

S-1u. This scenario highlights the result that rates of deep water mass conversion and the implied 616 

ocean circulation do not depend as much on the overall consumed power as they do on the spatial 

– and especially vertical – distribution of energy lost to the internal wave field. 618 

 

In summary, by carrying energy away from major topographic features towards deeper parts of 620 

ocean basins, low-mode internal tides could be more efficient than their locally-dissipating 

counterpart in supplying buoyancy to bottom water masses. However, the actual impact of low-622 

mode internal tides on AABW consumption depends on the (largely unknown) location of their 

ultimate decay into small-scale turbulence. Results from the tested idealized scenarios suggest 624 

that the fraction of remote dissipation occurring in the open ocean and the vertical structure of the 

open-ocean dissipation are key uncertainties in the far- field energy distribution. Insignificant 626 

AABW consumption is to be expected if remote dissipation occurs primarily at continental 

margins or within the pycnocline, whereas a leading role of far- field tidal mixing in consuming 628 

AABW is possible if the associated mixing energy is more evenly distributed over the ocean’s 

volume. 630 

 

5. Relation with previous studies 632 
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a. Diapycnal mixing 

The present transformation estimate due to near- field mixing is consistent with previous OGCM 634 

studies, but inconsistent with the analogous estimate of Nikurashin and Ferrari (2013). We show 

that, excluding the added contribution of abyssal hill roughness, parameterized tidal mixing 636 

according to (19) and (21) drives the upwelling of 6 Sv of bottom waters north of 30ºS, in broad 

agreement with a ~ 5 Sv enhancement of the lower branch of the overturning circulation in 638 

numerical experiments (Saenko and Merryfield 2005). Melet et al. (2014) show that including lee 

wave radiation as a second source of mixing slightly strengthens the abyssal overturning and 640 

shifts it towards lower densities, a response that closely matches our results. In contrast, 

Nikurashin and Ferrari (2013) estimated that the local dissipation of baroclinic tide and lee wave 642 

energy drives 16 and 9 Sv of global AABW upwelling, respectively. The discrepancy with the 

present estimate comes from the contribution of the bottom layer of buoyancy gain: their 644 

calculation excluded the near-bottom convergence of the buoyancy flux, so that their values 

reflect global diabatic sinking rates of interior waters in response to the divergent buoyancy flux 646 

associated with depth- increasing dissipation (R. Ferrari and M. Nikurashin, personal 

communication, 2014). Problematically, they seemed to imply that their estimates of interior 648 

transformation pertained to the upwelling rather than the downwelling of water masses. Our 

results are consistent with theirs for the interior transformation, but we find that the bottom layer 650 

contribution is as large and needs to be considered to compute the overall transformation rates. In 

particular, their estimate implied that both sources of mixing force net upwelling throughout the  652 

27-28.5 kg m-3 neutral density range, whereas mixing due to breaking lee waves is expected to 

cause both negative and positive rates of transformation within this density range (Fig. 8). Given 654 

that other sources of mixing and buoyancy may contribute to AABW consumption, such as low-

mode internal tides, geothermal heating, deep overflow mixing or alternate dissipation routes of 656 
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balanced flows, their values might also have appeared uncomfortably high. 

 658 

Our idealized estimates of water mass transformation by far- field mixing shed light on the recent 

findings of Oka and Niwa (2013), who report a doubling of the simulated strength of the Pacific 660 

overturning circulation with the addition of vertically uniform dissipation for remotely-breaking 

internal tides. It is shown that this assumption, a priori most simple, results in almost exclusive 662 

consumption of waters covering the seafloor, causing strong diabatic upwelling within the 

voluminous, weakly-stratified water mass which occupies most of the seabed area of northern 664 

basins. 

 666 

b. Geothermal heating 

The role of geothermal heating in converting abyssal waters has been quantified in a manner 668 

consistent with that of diapycnal mixing, and is shown to be non-negligible. This agrees with a 

previous water mass transformation estimate (Emile-Geay and Madec 2009) and with earlier 670 

numerical studies reporting a significant geothermal influence on the lower overturning cell and 

North Pacific abyssal temperatures (Adcroft et al. 2001, Hofman and Morales Maqueda 2009, 672 

Emile-Geay and Madec 2009). Despite relatively weak local buoyancy fluxes, geothermal 

heating efficiently consumes the thick, homogenous water mass which covers large seafloor areas 674 

of the North Pacific and eastern Atlantic (Fig. 7c). With about 5 Sv of induced AABW upwelling 

across the 28.11 kg m-3 neutral surface north of 30ºS, geothermal heating almost rivals 676 

parameterized near- field tidal mixing in maintaining the northward AABW flow out of the 

Southern Ocean. This result suggests that geothermal heat fluxes have a non-negligible part in the 678 

energy flows that sustain the abyssal overturning. The respective roles of diapycnal mixing and 

geothermal heating for ocean energetics can be compared by calculating their potential energy 680 
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supply to the global ocean (e.g., Huang 1999, Nycander et al. 2007): 

 
t p tE g z dV     (23) 682 
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where no-flux surface and bottom boundary conditions must be applied in (25), as required for 

interior mixing alone. Equating   with z  and integrating by parts, (25) may be rewritten as: 686 

2( ) ( ) ( )A

A

S

t p mix z z SE K N dV g F F z dV  
 

            

showing that ( )t p mixE  differs from 2
f TK N dV R dV      when accounting for spatial 688 

variations in   and 
AS  . 

 690 

Near-field mixing parameterized by (19), (21) supplies potential energy at a total rate of 97 GW, 

with internal tides and lee waves contributing 64 and 33 GW, respectively. The geothermal 692 

contribution is of comparable magnitude, amounting to 35 GW. Geothermal heating efficiently 

raises the ocean’s centre of mass by supplying buoyancy directly to the ocean bottom. On the 694 

other hand, of the 600 GW of internal wave energy assumed to be lost near generation sites, only 

16.2 % is ultimately converted to potential energy. This percentage, though close to Rf =1/ 6  in 696 

the present case, needs not be equal to the assumed mixing efficiency because of non-linearity in 

the equation of state (which contributes –5 and +9 GW in the potential energy supply by internal 698 

tides and lee waves, respectively) and because of the upper-bound imposed on vertical diffusivity 

(which induces a net total loss of 7 GW). Note that the 1 fR  fraction of lee wave and internal 700 

tide energy that dissipates through viscosity represents a quasi-negligible heat source for the 
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ocean, with a total heat supply of 1.45 TW comparing to 23.7 TW of geothermal input globally. 702 

 

6. Conclusions 704 

A hydrographic climatology and estimates of available power from lee and tidally-generated 

internal waves and from geothermal heating have been used to quantify rates of water mass 706 

transformation in the ocean interior. It was shown that parameterized near- field mixing under 

typical assumptions cannot account for the full strength of the abyssal overturning. The specified 708 

local dissipation of internal tide energy consumes about 8 Sv of AABW north of 30ºS. Breaking 

lee waves, most energetic in the Southern Ocean, instead precondition abyssal waters prior to 710 

their escape north of the ACC, reducing their density but increasing their northward volume 

transport. In addition, geothermal heating, estimated to sustain about 5 Sv of AABW flow, was 712 

found to be a significant component of the abyssal overturning. 

 714 

High mixing rates observed or inferred to prevail in the deep Southern Ocean (Olbers and Wenzel 

1989, Heywood et al. 2002, Naveira Garabato et al. 2004, Sloyan 2005, Kunze et al. 2006) are 716 

often suggested to contribute prominently to the diabatic closure of the abyssal overturning 

circulation (Ito and Marshall 2008, Nikurashin and Ferrari 2013). However, inverse estimates and 718 

model simulations generally show an increase of the maximum northward abyssal flow as 

AABW crosses the ACC (e.g., Lumpkin and Speer 2007, Jayne 2009, Melet et al. 2014), 720 

indicating that the ACC is most likely a positive contributor to the northward dense water volume 

transport. This picture is consistent with isoneutral mixing (Iudicone et al. 2008a,b, Klocker and 722 

McDougall 2010) and near- field diapycnal mixing representing net sources of waters denser than 

28.11 kg m-3 in the ACC region. We show that parameterized lee wave-driven mixing, which 724 

largely dominates the estimated total water mass transformation by near- field mixing and 



 33 

geothermal heating in the Southern Ocean, has an ambiguous role on the diabatic return of 726 

AABW: as well as augmenting the AABW input to northern basins, lee wave radiation 

contributes to the homogenization of AABW and so facilitates its subsequent consumption by 728 

tidal mixing and geothermal heating. Additionally, we stress that diapycnal mixing can densify a 

water mass if the associated downward buoyancy flux is divergent within its density range: in 730 

particular, parameterized near-field mixing is a buoyancy sink for 27.7-28.15 kg m-3 waters in the 

Southern Ocean. A portion of Lower Circumpolar Deep Water, mainly of North Atlantic origin, 732 

may thus be transformed into denser AABW-class waters by topographically-enhanced mixing in 

the ACC, short-circuiting the overturning from the upper to the lower branch (Naveira Garabato 734 

et al. 2007). This short-circuit could provide for some of the interior consumption of deep waters 

and further intertwines both branches of the circulation. 736 

 

Given fixed spatial distributions of energy dissipation and geothermal heat fluxes, the density 738 

field and topography of the ocean exert strong controls on the implied water mass transformation. 

Density classes which cover large portions of the seafloor are ideally placed to receive buoyancy 740 

from overlying water masses and the solid Earth through abyssal mixing and geothermal heating. 

In the present climate, AABW, which covers roughly two-thirds of the sea bottom (Fig. 5c; 742 

Johnson 2008), and its most voluminous variety (    28.11 kg m-3) in particular, are most 

efficiently consumed by such diabatic processes. Yet, under a different climate, rates of water 744 

mass transformation by geothermal heating and near- field mixing may strongly deviate from the 

present estimates. For instance, the geothermal circulation would be reduced in a more stratified 746 

abyssal ocean, because individual density layers would have access to narrower seabed areas or, 

equivalently, because the stronger density gradients would require weaker dianeutral advection to 748 
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balance the geothermal buoyancy gain (Emile-Geay and Madec 2009). In addition, if AABW 

upwelling is mostly confined to actively-mixing ocean boundaries, the height distribution of 750 

topographically-complex seafloor may provide a strong constraint on the vertical extent and 

overall strength of the abyssal overturning. 752 

 

Conversely, given fixed ocean topography and density structure, as well as fixed overall power 754 

available for mixing, transformation rates strongly depend on the specified spatial distribution of 

energy sinks. The vertical structure of the energy lost to the internal wave field has particularly 756 

important implications. In the deep ocean, away from strong gradients of the thermal expansion 

coefficient, an increasing mixing energy with depth implies mostly buoyancy gain within a thin 758 

bottom layer and buoyancy loss elsewhere, driving strong, localized upwelling along topography. 

In contrast, a mixing energy that decreases with depth distributes buoyancy more evenly over the 760 

water column, driving only upward deep transport. On the other hand, a vertically-homogenous 

mixing energy is highly efficient at driving a diabatic abyssal circulation, acting somewhat like a 762 

geothermal heat flux for the abyss and selectively consuming waters draping the ocean floor. 

 764 

Important limitations to the present work must be underlined. First, uncertainty in the abyssal 

stratification, inherent to the sparse observations available at abyssal depths and especially close 766 

to the seabed, is a significant source of uncertainty for the estimated transformation rates. Second, 

the parameterization of near- field mixing relies on simplifying assumptions about the fraction of 768 

local internal wave dissipation, taken to be globally uniform for each wave type, and its vertical 

distribution, uniformly specified as an exponential decay from the bottom. In particular, the qLW  770 

parameter and the overall amount of lee wave dissipation remain poorly constrained, so that the 
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estimated transformation by breaking lee waves should be regarded as qualitatively representative 772 

of the real ocean but quantitatively accurate only to within a factor of ~ 3. On the other hand, the 

uncertainty in tidally-forced dianeutral transports associated with qIT  and qITAH  values is 774 

estimated to be a factor of ~ 1.5. Nonetheless, the impact of spatial variability in the mode-

partitioning of internal tide generation deserves further investigation. Third, presently-used maps 776 

of internal wave generation rates contain uncertainty, primarily associated with imperfect 

knowledge of bathymetry and bottom flows and with shortcomings of the linear wave theory 778 

(Nycander 2005, Scott et al. 2011, Melet et al. 2013a), that may introduce further errors in the 

constructed dissipation fields. Inaccuracies in the field of geothermal heat fluxes (Goutorbe et al. 780 

2011) could also bias the geothermal transformation estimate. However, it is the relatively well-

constrained, background flux of about 55 mW m-2 typical of abyssal plains, together with incrop 782 

areas, that controls peak geothermal transports (see Appendix B). Therefore, we do not expect 

uncertainties in geothermal heat fluxes to translate into strong biases in geothermal 784 

transformation rates. Next, it was assumed that one-sixth of the energy lost to the internal wave 

field contributes to irreversible mixing, except when this assumption led to unrealistic vertical 786 

diffusivities (> 100 cm2 s-1). Although the present assumption of a constant mixing efficiency 

allowed comparison with earlier studies, refinements could be considered in future work (e.g., St 788 

Laurent et al. 2001, Melet et al. 2013b). Fifth, as opposed to numerical experiments, such static, 

climatological transformation estimates prohibit the response of stratification to vertical mixing 790 

and geothermal heating. In particular, this approach masks possible incompatibilities between the 

observed stratification and the estimated mixing levels, such as may result from overestimated 792 

mixing efficiencies. Further, the climatological approach neglects possible time correlations 

between fluctuations of hydrographic properties and mixing rates at the resolved spatial scales. 794 
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Last, the present estimates do not allow quantification of the interplay between different 

processes. What would be the induced geothermal circulation if no mixing from lee waves and 796 

internal tides had contributed to shape the observed bottom density distribution? Such questions 

may find answers in OGCM studies (Emile-Geay and Madec 2009). 798 

 

Nevertheless, we note that the climatological dianeutral transports diagnosed here are in broad 800 

agreement with earlier results from OGCM simulations using similar parameterizations or 

geothermal forcing (e.g., Simmons et al. 2004, Saenko and Merryfield 2005, Emile-Geay and 802 

Madec 2009, Oka and Niwa 2013, Melet et al. 2014), lending support to our conclusions. Such 

consistency also suggests that water mass transformation estimates provide a powerful tool to test 804 

parameterizations of diapycnal mixing and anticipate their impact on the simulated water mass 

structure and overturning circulation. 806 

 

Whereas observations suggest a total AABW input to the Pacific, Indian and Atlantic basins of 808 

about 20-30 Sv (Ganachaud and Wunsch 2000, Lumpkin and Speer 2007, Talley et al. 2003, 

Talley 2008, 2013), herein-estimated contributions of near- field mixing and geothermal heating 810 

only sum to about 15 Sv of AABW upwelling north of 30ºS. Far-field mixing from the 

breakdown of low-mode internal tides radiating away from generation sites could provide the 812 

required additional buoyancy supply. However, how and where non- local energy dissipation 

occurs is still largely unknown, so that gross assumptions must be made to represent this source 814 

of mixing (Oka and Niwa 2013). We explored the potential contribution of far- field mixing to 

deep water mass conversion using idealized distributions of mixing energy. Depending mostly on 816 

the assumed vertical energy profile, AABW upwelling rates of 1 to 28 Sv were found compatible 

with a global power consumption of 0.85 TW. Such different rates of transformation imply 818 
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radically different overturning circulations, highlighting the need for better constraints on the 

vertical distribution of remote energy dissipation, and, ultimately, for an accurate three-820 

dimensional mapping of energy sinks. Other sources of mixing also require quantification. In 

particular, turbulence and entrainment in narrow passages, known to be important controls on the 822 

abyssal density distribution, could also be important contributors to AABW consumption (Polzin 

et al. 1996, Thurnherr and Speer 2003, Bryden and Nurser 2003, Thurnherr et al. 2005, Huussen 824 

et al. 2012). Candidate sources of mixing energy for the abyss also include the loss of balance of 

meso- to large-scale motions as they develop frontal instabilities near topography (Zhai et al. 826 

2010, Dewar et al. 2011) or in the interior (Molemaker et al. 2010). 

 828 

Despite limitations and uncertainties attached to the present transformation estimates and the 

correspondingly incomplete closure of the AABW lifecycle, a qualitative picture of the diabatic, 830 

abyssal branch of the overturning can be proposed based on previously established and present 

results: 832 

1. Intense buoyancy loss near Antarctica drives gravitational sinking of cold, relatively fresh 

surface waters. Aided by thermobaricity in their descent (Killworth 1977, McPhee 2003), the 834 

sinking waters entrain surrounding waters, thereby increasing the dense water input to the deep 

Southern Ocean (Orsi et al. 2002). 836 

2. Mixing with ambient waters and topographic constraints contribute to reduce the density of 

abyssal waters allowed to enter the ACC (Orsi et al. 1999, Johnson 2008). 838 

3. Further mixing occurs within the ACC, where turbulence from breaking lee waves consumes 

some of the densest AABW but also converts some of the overlying Circumpolar Deep Water 840 

into AABW-class waters. 

4. A fairly homogenous, weakly-stratified bottom water mass is transported northward into the 842 
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Indo-Pacific and Atlantic basins at a rate of about 20-30 Sv. As it progresses and re-circulates 

along the seafloor and through constrictive passages, AABW undergoes further homogenization 844 

and gradually gains buoyancy through deep mixing and heating from below. 

5. Geothermal heating and abyssal mixing force AABW upwelling, preferentially along 846 

topographic features. The diabatic return of AABW occurs predominantly in regions of weak 

abyssal stratification and/or fractured topography. 848 
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APPENDIX A 854 

On the role of the non-linearity of the equation of state 

Locally-dissipating internal tides and lee waves both induce a non-zero buoyancy flux into the 856 

global ocean: lee waves result in a volume-integrated neutral density loss of -2.0   105 kg s-1 

whereas internal tides cause a net neutral density gain of 2.4   106 kg s-1 (Fig. 9a,b). Indeed, 858 

because of non-linearity in the equation of state, mixing can be a net source or sink of neutral 

density and a strict balance between buoyancy gain and buoyancy loss need not be achieved.  860 

 

We examine the role of non-linearity by decomposing total dianeutral transports mixT  into a linear 862 

component lin

mixT  and a non- linear component nonlin lin

mix mix mixT T T   (Fig. A1). Total buoyancy fluxes 

and transformation rates resulting from near-field mixing are shown for the regions north (Fig.  864 

A1b,c) and south (Fig. A1e,f) of 30ºS. The impact of non-linearity on dianeutral transports 
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induced by parameterized near- field mixing appears relatively modest. Significant effects can be 866 

noted, however. First, upward transport across the 28.11 kg m-3 is increased by 1 Sv both north 

and south of 30ºS, meaning that non-linearity causes additional buoyancy gain (more precisely, 868 

neutral density loss) in the abyss. This effect is mostly explained by the increase with depth of the 

thermal expansion coefficient    below about 2000 m (or    27.8 kg m-3) due to its pressure 870 

dependence (Fig. A1a,d; Palter et al. 2014).  

 872 

Using (4) and (5), we can write the diapycnal velocity induced by non-linear effects as: 

 1( ) [ ( ) ( ) ]A

A

Snonlin lin
Sb F b F      

              (A1) 874 

Equation (A1) shows that net neutral density loss (corresponding to upwelling, 0nonlin  ) occurs 

when mixing transfers heat towards lower b b      or transfers salt towards lower876 

b b    , and conversely. Because the haline contraction coefficient   has relatively weak 

spatial variations relative to  , nonlin  is dominated by the first term. Variations in the b  factor 878 

are most significant south of 55ºS (Iudicone et al. 2008a), so that its effect is secondary here 

except for some amplification of the non-linear   effect in the Southern Ocean (Fig. A1d). Thus, 880 

the increase of   with depth in the abyss enhances neutral density loss and thereby the efficiency 

of AABW consumption. This shows up as increased buoyancy gain and upwelling for waters 882 

denser than 27.8 kg m-3 (Fig. A1b,c,e,f).  

 884 

The tendency is reversed for lighter waters, however, since   decreases sharply with depth 

within the tropical thermocline. For mode, intermediate and tropical waters (    27.5 kg m-3), 886 

non- linearity in the equation of state becomes a first order effect. In the linear approximation, 

buoyancy gain by waters denser than 25 kg m-3 is exactly balanced by buoyancy loss for waters 888 
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lighter than 25 kg m-3 (Fig. A1b,e). Including the full non- linearity of the equation of state causes 

the buoyancy loss of waters lighter than 27.2 kg m-3 to amount to more than twice the buoyancy 890 

gain of denser waters. Indeed, by fluxing heat towards smaller  , diapycnal mixing causes 

strong additional buoyancy loss (neutral density gain) in the upper ocean. Note that this effect 892 

will be greatly amplified when other sources of upper-ocean mixing are taken into account. Here, 

diapycnal temperature and salinity fluxes F  and FSA  arise only from near- field mixing below 894 

the mixed layer driven by bottom-generated internal waves. Including mixed layer turbulence and 

processes such as direct wind mixing and surface-generated waves would greatly enhance the 896 

diapycnal fluxes F  and FSA , and thereby the buoyancy loss and associated downwelling in 

(A1). Indeed, the herein-estimated volume-integrated buoyancy loss owing to parameterized 898 

near-field mixing is 1.9   106 kg s-1, about 50 times weaker than that required to balance the 

global buoyancy gain from air-sea buoyancy fluxes (Schanze and Schmitt 2013, Palter et al. 900 

2014). 

 902 

APPENDIX B 

On the role of the incrop area 904 

The total geothermal and mixing- induced buoyancy fluxes entering the volume of waters denser 

than  , defined by equations (17) and (18), can be written as the product between a mean 906 

buoyancy flux and the corresponding area of integration (Fig. B1a-c): 

  ( , ) ( , )
( ) ( )geo eq geo

I I
T F dA F dA 

 
 
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 
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Noting that, given the aspect ratio of the ocean, the surfaces bounding the considered volume 910 
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from below and above have virtually equal areas , we can decompose Tgeo  and Tmix  as the 

sum of a “mean flux term” and a “hypsometric term” as follows (Fig. B1d-f): 912 

     (B3) 

      (B4) 914 

The second term, referred to as hypsometric term, includes the factor  which measures 

the reduction of the horizontal cross-sectional area of water volumes defined by '   as one 916 

moves to higher  , or equivalently the incrop area of neutral density layers . Strictly 

speaking,  reflects pseudo-hypsometry rather than hypsometry in that it can be non-zero in 918 

the absence of sloping topography (e.g., in the presence of sloping isopycnals on a flat bottom). 

 920 

The mean geothermal buoyancy flux is almost constant throughout the ocean’s neutral density 

range, so that convergence of the total geothermal flux is almost exclusively controlled by the 922 

shrinking rate of the area  (Fig. B1a-c). Therefore, one could replace the spatially variable 

geothermal heat fluxes of Figure 2c by a uniform heat flux without noticeably modifying the 924 

shape of the geothermal transformation curve: rates of geothermal upwelling are almost entirely 

determined by the incrop area (Fig. B1f). Near-field tidal mixing drives a mean buoyancy flux 926 

that decreases below the 27.25 kg m-3 neutral surface (Fig. B1b). The decrease in the mean flux 

adds to the sharp decrease in area  near 28.11 kg m-3 to reinforce buoyancy deposition in the 928 

light AABW density class. Yet, the peak upwelling rate forced by internal tides at    28.11 kg 

m-3 remains controlled by the incrop area, as shown by the dominance of the hypsometric term at 930 

abyssal densities (Fig. B1d). On the other hand, the mean buoyancy flux associated with lee 

wave-driven mixing exhibits a strong peak near 28.25 kg m-3 (Fig. B1b), so that the increase of 932 
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the mean flux counteracts the hypsometric contribution to upwelling around    28.11 kg m-3 

(Fig. B1e). The maximum upwelling rate implied by breaking lee waves is reached at higher 934 

densities, when the mean flux term becomes weaker but when the mean flux multiplying  in 

the hypsometric term is still large. 936 

 

The same decomposition between hypsometric and mean flux terms can be applied to 938 

transformation by far- field mixing (Fig. B2). Given the strong qualitative similarity between 

horizontal distributions Su and Sp, we choose to show only Sp scenarios. In the AABW density 940 

range, the hypsometric term systematically dominates over the mean flux term, whereas the 

reverse is true for neutral densities lower than 28 kg m-3. This concurs with the strongest values 942 

of the incrop area being found within the 28-28.3 kg m-3 density range. Though the contribution 

of the mean flux term to upwelling at 28.11 kg m-3 reaches 5 Sv in scenario S0p and 9 Sv in 944 

scenario S-1p, most of the increase in AABW consumption going through scenarios S2 to S-1 

can be explained by an increase in the mean buoyancy flux across the 28.11 kg m-3 neutral 946 

surface. Indeed, the strength of the buoyancy flux at    28.11 kg m-3 determines the actual 

efficiency of the hypsometry effect at the peak incrop area. But here as in the case of near-field 948 

mixing and geothermal heating, the incrop area remains a dominant control on the structure of 

water mass transformation at abyssal densities, with waters of densities close to 28.11 kg m-3 950 

being ideally placed to undergo rapid diabatic upwelling. 

 952 
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 1186 

Figure legends 

Figure 1: Sketch of a neutral density layer 1 2     bounded by neutral surfaces 1( )A   and 1188 

2( )A   and by its outcrop and incrop surfaces 1 2( , )O    and 1 2( , )I   . 

 1190 

Figure 2: Energy flux [log(W m-2)] into (a) internal tides (Nycander 2005; Melet et al. 2013a) and 

(b) lee waves (Scott et al. 2011). (c) Geothermal heat fluxes [mW  m-2] into the bottom ocean 1192 

estimated by Goutorbe et al. (2011). Mean and globally integrated fluxes are indicated in the 

upper- left corner of each panel. The energy flux shown in (a) includes internal tide generation by 1194 
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topographic features with horizontal scales larger (Nycander 2005) and smaller (Melet et al. 

2013a) than 10 km. 1196 

 

Figure 3: Idealized schematic of local dianeutral transports induced by geothermal heat fluxes 1198 

and internal wave breaking above (a) rough or (b) smooth bathymetry. (a) The thin red arrows 

depict local downward buoyancy fluxes associated with bottom-intensified mixing parameterized 1200 

by (19) and (20), accounting for their sharp decay in a relatively thin bottom layer (dashed line) 

of reduced mixing efficiency. The induced large-scale dianeutral transports (thick blue arrows) 1202 

are directed towards higher (lower) density outside (within) the bottom layer. Thick black lines 

represent selected neutral surfaces. (b) As a comparison example, buoyancy fluxes and dianeutral 1204 

transports resulting from weaker internal wave activity and decreasing energy dissipation with 

depth are sketched. In this chosen situation, dianeutral upwelling occurs everywhere in the water 1206 

column but preferentially along the seafloor. Note that we plot buoyancy fluxes as straight 

vertical arrows instead of dianeutral arrows so as to visualize the regions of divergent versus 1208 

convergent buoyancy flux, and to be consistent with the present methods where local density 

fluxes are approximated as vertical. 1210 

 

Figure 4: Key characteristics of the climatological neutral density field, for ocean domains (blue) 1212 

north and (red) south of 30ºS. (a) Incrop (thick lines), outcrop (thick dashed lines) and neutral 

surface (thin lines) areas as a function of neutral density  . (b) Isoneutral layer volume (thick 1214 

lines) and volume of waters denser than   (thin lines) as a function of neutral density  . Note 

the different vertical scale above and below  = 27 kg m-3 and the upper x-axis for thin lines. 1216 
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Neutral density ranges of bottom (BW), deep (DW) and mode/intermediate (MW / IW) waters 

are indicated by the light grey shading and the right-end labels. 1218 

 

Figure 5: (a,b) Along- isopycnal zonal sum of (a) incrop area and (b) isoneutral layer volume, 1220 

where the density-binned values are re-projected to pseudo-depth for visual purposes. The re-

mapping procedure involves a simple bottom-up filling of each latitude band with ocean grid 1222 

cells ordered from dense to light. Note that we use a variable density step   for appropriate 

sampling. (c,d) Fraction of (c) seabed area and (d) ocean volume occupied by six neutral density 1224 

layers and their volume-averaged stratification (shading) as a function of latitude, illustrating the 

gradual lightening and homogenization of AABW as it progresses northwards. The Arctic Ocean 1226 

and marginal seas are excluded from all calculations. 

 1228 

Figure 6: Along-isopycnal zonal sum of dianeutral transports [Sv] induced by locally-dissipating 

(a) internal tides and (b) lee waves and by (c) geothermal heating, where the density-binned 1230 

values are re-projected to pseudo-depth for visual purposes. Shaded cells depict the rate of 

upwelling (red) or downwelling (blue) within each neutral density layer and each latitude band. 1232 

 

Figure 7: Maps of dianeutral transport [mSv] induced by locally-dissipating (a) internal tides and 1234 

(b) lee waves and by (c) geothermal heating across neutral surfaces    28.11, 28.20 and 28.11 

kg m-3, respectively. These neutral surfaces correspond to the respective density levels of 1236 

maximum global upwelling. Mixing causes dianeutral transports towards both lighter (red) and 

denser (blue) water. Geothermal heating causes dianeutral transport towards lighter waters within 1238 

the bottom-most neutral density layer (    0.005 kg m-3 at    28.11 kg m-3). 
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 1240 

Figure 8: Water mass transformation by near- field diapycnal mixing and geothermal heating. (a) 

Global, (b) 30ºS-67ºN and (c) 80ºS-30ºS dianeutral transports resulting from (black) geothermal 1242 

heating and from near- field mixing by (blue) internal tides, (pale blue) internal tides generated by 

abyssal hills only and (red) lee waves. To minimize data noise resulting from the patchiness of 1244 

mixing and induced transports (see Figs. 6 and 7), the shown transformation profiles are obtained 

using (17) and (18), where a small degree of smoothing is applied to the total buoyancy flux 1246 

before taking the  -derivative. Note the different vertical scale above and below  = 27 kg m-3. 

Neutral density ranges of bottom (BW), deep (DW) and mode/intermediate (MW / IW) waters 1248 

are indicated by the light grey shading and the right-end labels. 

 1250 

Figure 9: Sensitivity of global water mass transformation by near-field mixing to the vertical 

decay scale of energy dissipation. Shown are (a-c) neutral density fluxes and (d-f) dianeutral 1252 

transports induced by locally-dissipating (a,d) internal tides, (b,e) lee waves and (c,f) both, using 

an e-folding length   of (orange) 300 m, (black) 500 m and (pale blue) 1000 m in the vertical 1254 

structure function of equation (19). Black curves correspond to the reference case shown in 

previous figures. 1256 

 

Figure 10: Water mass transformation by far- field tidal mixing under eight idealized scenarios, 1258 

for (a,d) global, (b,e) 30ºS-67ºN and (c,f) 80ºS-30ºS ocean domains. The horizontal energy 

distribution is specified according to assumption (a-c) Su or (d- f) Sp and the vertical energy 1260 

structure scales either as (S2, blue) N 2  , (S1, pale blue) N , (S0, orange) 1 or (S-1, red) 1/N . 

Transformation by near- field mixing (both lee waves and internal tides) is plotted in grey for 1262 
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comparison. 

 1264 

Figure A1: Impact of the non- linearity of the equation of state on water mass transformation by 

near-field mixing (a-c) north and (d-f) south of 30ºS. (a,d) Area-averaged (orange) thermal 1266 

expansion coefficient  , (pale blue) haline contraction coefficient   and (black) b  factor along 

neutral surfaces. A value of 5   10-4 (g kg-1)-1 is subtracted to   for display purposes. (b,e) Total 1268 

neutral density fluxes and (c,f) dianeutral transports induced by near- field mixing including 

(black line) or excluding (dashed black line) the contribution of non-linearity (grey line). 1270 

 

Figure B1: Role of the incrop area on global water mass transformation by near-field mixing and 1272 

geothermal heating. (a) Neutral density profile of (black)  and (grey) its  -derivative . (b) 

Area-averaged and (c) total neutral density fluxes induced by (black) geothermal heating, (blue) 1274 

near-field tidal mixing and (red) lee wave-driven mixing. (d-f) Decomposition of (black) global 

water mass transformation by (d) near- field tidal mixing, (e) breaking lee waves and (f) 1276 

geothermal heating into (orange) mean flux and (pale blue) hypsometric terms. 

 1278 

Figure B2: Role of the incrop area on global water mass transformation by far-field tidal mixing. 

Decomposition of (black) global water mass transformation by remotely-dissipating internal tides 1280 

under scenarios (a) S2p, (b) S1p, (c) S0p and (d) S-1p into (orange) mean flux and (pale blue) 

hypsometric terms. 1282 
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Figure 1: Sketch of a neutral density layer 1 2     bounded by neutral surfaces 1( )A   and 

2( )A   and by its outcrop and incrop surfaces 1 2( , )O    and 1 2( , )I   . 
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Figure 2: Energy flux [log(W m-2)] into (a) internal tides (Nycander 2005; Melet et al. 2013a) and 
(b) lee waves (Scott et al. 2011). (c) Geothermal heat fluxes [mW  m-2] into the bottom ocean 

estimated by Goutorbe et al. (2011). Mean and globally integrated fluxes are indicated in the 
upper- left corner of each panel. The energy flux shown in (a) inc ludes internal tide generation by 
topographic features with horizontal scales larger (Nycander 2005) and smaller (Melet et al. 

2013a) than 10 km. 
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Figure 3: Idealized schematic of local dianeutral transports induced by geothermal heat fluxes 

and internal wave breaking above (a) rough or (b) smooth bathymetry. (a) The thin red arrows 
depict local downward buoyancy fluxes associated with bottom-intensified mixing parameterized 

by (19) and (20), accounting for their sharp decay in a relatively thin bottom layer (dashed line) 
of reduced mixing efficiency. The induced large-scale dianeutral transports (thick blue arrows) 
are directed towards higher (lower) density outside (within) the bottom layer. Thick black lines 

represent selected neutral surfaces. (b) As a comparison example, buoyancy fluxes and dianeutral 
transports resulting from weaker internal wave activity and decreasing energy dissipation with 

depth are sketched. In this chosen situation, dianeutral upwelling occurs everywhere in the water 
column but preferentially along the seafloor. Note that we plot buoyancy fluxes as straight 
vertical arrows instead of dianeutral arrows so as to visualize the regions of divergent versus 

convergent buoyancy flux, and to be consistent with the present methods where local density 
fluxes are approximated as vertical.  
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Figure 4: Key characteristics of the climatological neutral density field, for ocean domains (blue) 
north and (red) south of 30ºS. (a) Incrop (thick lines), outcrop (thick dashed lines) and neutral 
surface (thin lines) areas as a function of neutral density  . (b) Isoneutral layer volume (thick 

lines) and volume of waters denser than   (thin lines) as a function of neutral density  . Note 

the different vertical scale above and below  = 27 kg m-3 and the upper x-axis for thin lines. 

Neutral density ranges of bottom (BW), deep (DW) and mode/intermediate (MW / IW) waters 

are indicated by the light grey shading and the right-end labels. 
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Figure 5: (a,b) Along- isopycnal zonal sum of (a) incrop area and (b) isoneutral layer volume, 

where the density-binned values are re-projected to pseudo-depth for visual purposes. The re-
mapping procedure involves a simple bottom-up filling of each latitude band with ocean grid 

cells ordered from dense to light. Note that we use a variable density step    for appropriate 

sampling. (c,d) Fraction of (c) seabed area and (d) ocean volume occupied by six neutral density 

layers and their volume-averaged stratification (shading) as a function of latitude, illustrating the 
gradual lightening and homogenization of AABW as it progresses northwards. The Arctic Ocean 



 62 

and marginal seas are excluded from all calculations. 
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Figure 6: Along-isopycnal zonal sum of dianeutral transports [Sv] induced by locally-dissipating 

(a) internal tides and (b) lee waves and by (c) geothermal heating, where the density-binned 
values are re-projected to pseudo-depth for visual purposes. Shaded cells depict the rate of 

upwelling (red) or downwelling (blue) within each neutral density layer and each latitude band. 
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Figure 7: Maps of dianeutral transport [mSv] induced by locally-dissipating (a) internal tides and 
(b) lee waves and by (c) geothermal heating across neutral surfaces    28.11, 28.20 and 28.11 

kg m-3, respectively. These neutral surfaces correspond to the respective density levels of 
maximum global upwelling. Mixing causes dianeutral transports towards both lighter (red) and 

denser (blue) water. Geothermal heating causes dianeutral transport towards lighter waters within 
the bottom-most neutral density layer (    0.005 kg m-3 at    28.11 kg m-3). 
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Figure 8: Water mass transformation by near- field diapycnal mixing and geothermal heating. (a) 
Global, (b) 30ºS-67ºN and (c) 80ºS-30ºS dianeutral transports resulting from (black) geothermal 
heating and from near- field mixing by (blue) internal tides, (pale blue) internal tides generated by 

abyssal hills only and (red) lee waves. To minimize data noise resulting from the patchiness of 
mixing and induced transports (see Figs. 6 and 7), the shown transformation profiles are obtained 

using (17) and (18), where a small degree of smoothing is applied to the total buoyancy flux 
before taking the  -derivative. Note the different vertical scale above and below  = 27 kg m-3. 

Neutral density ranges of bottom (BW), deep (DW) and mode/intermediate (MW / IW) waters 
are indicated by the light grey shading and the right-end labels. 
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Figure 9: Sensitivity of global water mass transformation by near-field mixing to the vertical 
decay scale of energy dissipation. Shown are (a-c) neutral density fluxes and (d-f) dianeutral 

transports induced by locally-dissipating (a,d) internal tides, (b,e) lee waves and (c,f) both, using 
an e-folding length   of (orange) 300 m, (black) 500 m and (pale blue) 1000 m in the vertical 

structure function of equation (19). Black curves correspond to the reference case shown in 
previous figures. 
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Figure 10: Water mass transformation by far- field tidal mixing under eight idealized scenarios, 
for (a,d) global, (b,e) 30ºS-67ºN and (c,f) 80ºS-30ºS ocean domains. The horizontal energy 
distribution is specified according to assumption (a-c) Su or (d- f) Sp and the vertical energy 

structure scales either as (S2, blue) N 2  , (S1, pale blue) N , (S0, orange) 1 or (S-1, red) 1/N . 
Transformation by near- field mixing (both lee waves and internal tides) is plotted in grey for 
comparison. 
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Figure A1: Impact of the non- linearity of the equation of state on water mass transformation by 
near-field mixing (a-c) north and (d-f) south of 30ºS. (a,d) Area-averaged (orange) thermal 

expansion coefficient  , (pale blue) haline contraction coefficient   and (black)  factor along 

neutral surfaces. A value of 5   10-4 (g kg-1)-1 is subtracted to   for display purposes. (b,e) Total 

neutral density fluxes and (c,f) dianeutral transports induced by near- field mixing including 

(black line) or excluding (dashed black line) the contribution of non-linearity (grey line). 

b
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Figure B1: Role of the incrop area on global water mass transformation by near-field mixing and 

geothermal heating. (a) Neutral density profile of (black)  and (grey) its  -derivative . (b) 

Area-averaged and (c) total neutral density fluxes induced by (black) geothermal heating, (blue) 

near-field tidal mixing and (red) lee wave-driven mixing. (d-f) Decomposition of (black) global 
water mass transformation by (d) near- field tidal mixing, (e) breaking lee waves and (f) 
geothermal heating into (orange) mean flux and (pale blue) hypsometric terms. 
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Figure B2: Role of the incrop area on global water mass transformation by far-field tidal mixing. 
Decomposition of (black) global water mass transformation by remotely-dissipating internal tides 

under scenarios (a) S2p, (b) S1p, (c) S0p and (d) S-1p into (orange) mean flux and (pale blue) 
hypsometric terms. 
 


