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1 Introduction

The general circulation of the atmosphere is driven by spa-
tial inhomogeneities in input of solar radiation and fluxes 
to/from the ocean. The atmosphere responds to these inho-
mogeneities by transporting latent heat (LH) and/or dry 
static energy (DSE) from the regions with an excess in 
energy (e.g. the tropics) to regions of deficit in energy (e.g. 
polar regions). If the atmosphere’s radiative properties or 
the fluxes to/from the ocean change the atmospheric circu-
lation might change as well. For instance, the tropical over-
turning circulations, i.e. Hadley and Walker cells, are pro-
jected to weaken as a result of anthropogenic emissions and 
associated surface warming (Vecchi et al. 2006; Vecchi and 
Soden 2007; Lu et al. 2008; Seager et al. 2010). Changes 
have also been projected for the Indian Monsoon (Bollasina 
et al. 2011; Ming and Ramaswamy 2011) and midlatitude 
dry and moist isentropic circulations (Laliberté and Pauluis 
2010; Wu and Pauluis 2013).

Man-made emissions of greenhouse gases (GHG) and 
aerosols result in positive trends in surface air tempera-
ture over most of the Earth in the twentieth and twenty-
first centuries (IPCC 2013). Increased temperature leads to 
increased specific humidity following the Clausius–Clap-
eyron relation [cf. (Wallace and Hobbs 2006)],

 

where qs is saturation specific humidity, T  is tempera-
ture, Rv = 461.5 J kg−1 K−1 is the gas constant for water 
vapour and Lv(T) is the latent heat of condensation at 
temperature T . It is assumed throughout this paper that 

(1)
dqs

dT
=

qsLv

RvT2
,

(2)
∆qs

qs
= α(T)∆T =

Lv

RvT2
∆T ,

Abstract This study finds that the global atmospheric cir-
culation weakens, i.e. transports less mass, by about 5 % 
per degree of global warming as a result of anthropogenic 
emissions. This is found by calculating a global thermo-
dynamic mass stream function and diagnosing long-term 
changes in a set of climate-model simulations in the Inter-
governmental Panel on Climate Change 5th assessment 
report. The global atmospheric circulation also expands 
in thermodynamic coordinates due to increased dry static 
energy and latent heat in the tropical troposphere. The sur-
face warming and moistening follows a Clausius–Clapey-
ron relation and tropical moist ascent remains nearly moist 
adiabatic. Furthermore, the meridional overturning circu-
lation is found to only weaken slightly suggesting that the 
dominant change is in the zonally asymmetric circulation, 
i.e. the Walker circulation. The total poleward energy trans-
port increases while the poleward mass transport decreases. 
The results are found to be robust across the climate mod-
els studied.
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Lv = 2.5 · 106 J kg−1 and the total pressure, p, is much 
larger than the water vapour pressure. Then, T = 273 K 
yields α ≈ 0.07 K−1, i.e. saturation specific humidity 
increases by about 7 % per degree of warming (Eq. 2). Held 
and Soden (2006) found that the relative humidity is largely 
unchanged with global warming, and that specific humid-
ity, q, averaged over the tropics (30◦N–30◦S) increases by 
about 7.5%K−1. They further proposed a thermodynamic 
scaling where precipitation, P, can be approximated as a 
product of convective mass flux, Mc, and specific humidity, 
q, near the Earth’s surface,

where ∆ represents the difference between 1980–2000 and 
2080–2100 and ∆q/q = 0.07∆T  is used. Convective mass 
flux, Mc, can however be impractical as a diagnostic since 
it is not a resolved variable in global climate models and is 
often stored at relatively low temporal resolution.

With an unchanged global atmospheric circulation, i.e. 
∆Mc = 0, global warming would cause upward flux of 
latent heat and thus precipitation and latent heat release to 
all increase by 7 % K−1. However, by considering radia-
tive balance Stephens and Hu (2010) argued that precipi-
tation is constrained by radiative cooling and can thus not 
increase as rapidly as surface specific humidity. Several cli-
mate-model studies have found that precipitation increases 
by about 1− 3%K−1 (Held and Soden 2006; Vecchi and 
Soden 2007; Stephens and Hu 2010) with differences 
mostly arising from aerosol treatments and cloud feed-
backs. It thus follows from Eq. 3 that the upward mass flux 
and hence the global overturning circulation should weaken 
by 4–6 % K−1.

When studying the global atmospheric circulation it is 
important to consider both its zonal and meridional com-
ponents. Some studies of the tropical circulations have 

(3)P = Mcq ⇒
∆P

P
=

∆Mc

Mc

+ 0.07∆T ,

hitherto diagnosed changes in its strength by studying e.g. 
sea-level pressure (SLP) and sea-surface temperature (SST) 
gradients (Vecchi et al. 2006; Tokinaga et al. 2012; Bayr 
and Dommenget 2013). However, SST gradients and SLP 
gradients in certain regions only approximate the strength 
of one part of a circulation (e.g. the surface branch of the 
Walker cell).

Another common metric is vertical mass flux at 500 hPa, 
 ω500 (Vecchi and Soden 2007; Merlis and Schneider 2011; 
Bony et al. 2013). However, upward mass fluxes include 
both adiabatic and diabatic motions, i.e. only a part is asso-
ciated with air-mass transformations. Furthermore, data 
must have daily or sub-daily resolution to capture fluxes 
by midlatitude eddies correctly. Temporal resolution is also 
important in the tropics as there are significant differences 
between 6-h and monthly data when calculating mass and 
energy fluxes by the Hadley cells (not shown).

This study diagnoses future changes of the global atmos-
pheric circulation in a set of coordinated climate-model 
simulations in the Coupled Model Inter-comparison Pro-
ject, phase 5 (CMIP5). CMIP5 simulations were carried 
out for the United Nations Intergovernmental Panel on 
Climate Change (IPCC) 5th Assessment Report (AR5). 
The simulations are analysed partly using a recently devel-
oped thermodynamic stream function that captures both 
the zonal and meridional overturning circulations as a sin-
gle cycle (Kjellsson et al. 2014; Laliberté et al. 2014). The 
stream function resides in LH–DSE space and therefore 
clearly highlights precipitation, radiative cooling, diabatic 
heating and moistening. Changes of the global circulation 
are discussed in light of these processes, mass and energy 
transports are calculated, and model results are compared 
to simple theoretical predictions. Changes in the meridi-
onal overturning circulation and the poleward energy trans-
port are also studied separately to understand the relative 
changes in zonal and meridional overturning circulations.

Table 1  The resolution of 
CMIP5 data output and the 
ensemble members used

Ψ20C and Ψ21C are the maximum 
amplitudes of the hydrothermal 
stream function averaged over 
periods 1980–2000 and 2080–
2100 (RCP8.5) respectively. For 
more details about the models, 
see Table 2

Name Resolution Ens. mem. Ψ20C Ψ21C

BCC-CSM1.1 2.8125° ×  2.8125°, 26 levels r1i1p1 549 514

CanESM2 2.8125° × 2.8125°, 35 levels r1i1p1 428 376

CCSM4 1.25° × 0.9375°, 26 levels r6i1p1 443 412

CNRM-CM5 1.4° × 1.4°, 31 levels r1i1p1 438 411

CSIRO-Mk3.6.0 1.875° × 1.875°, 18 levels r1i1p1 490 438

EC-Earth2.3 1.125° × 1.125°, 62 levels r1i1p1 491 444

GFDL-CM3 2.5° × 2°, 48 levels r1i1p1 475 405

IPSL-CM5B-LR 2.5° × 1.25°, 39 levels r1i1p1 398 366

MIROC5 1.4° × 1.4°, 40 levels r1i1p1 459 421

MRI-CGCM3 1.125° × 1.125°, 48 levels r1i1p1 473 443

NorESM1-M 2.5° × 1.875°, 26 levels r1i1p1 452 431

ERA-Interim 1.25° × 1.25°, 60 levels n/a 412 n/a
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2  Data

Horizontal winds, u, v [m s−1], temperature, T [K], specific 
humidity, q [kg kg−1], and surface pressure, ps [Pa] are 
obtained from 11 coupled climate models and ERA-Interim 
reanalysis as listed in Table 1. All data are retrieved from 
the CMIP5 archive at the Earth System Grid Federation1 
except EC-Earth (downloaded directly from SMHI storage, 
Sweden), GFDL-CM3 (downloaded directly from GFDL2), 
CCSM4 (downloaded from Earth System Grid3) and ERA-
Interim (downloaded from ECMWF4). All data have 6 h 
output frequency and are on model levels where the pres-
sure at level k is pk = ak + bkps or pk = akp0 + bkps. Pres-
sure, p [Pa], geopotential height, z [m], and vertical veloc-
ity, ω [Pa s−1] are calculated every 6 h on each model level 
using the hydrostatic approximation and mass continuity 
following Simmons and Burridge (1981) and Kjellsson and 
Döös (2012). Prior to analysis all data are re-gridded from 
their original resolution (Table 1) to a 2.5◦ × 2.5◦ C-grid 
(Mesinger and Arakawa 1976) using bilinear interpolation. 
For the BCC and CanESM models this means moving to a 
somewhat finer grid than the output, but throughout the 
analysis in this paper nothing suggests that this is a prob-
lem. See Table 2 for more details about the models.

Climate-model simulations in the CMIP5 models begin 
with a long “spin-up” period (typically >1,000 years) 
where radiative forcing and concentrations of GHG and 
aerosols are kept fixed at pre-industrial (i.e. mid-nineteenth 
century) levels, until the models are in a relatively steady 
climate. The models are then run with observed or recon-
structed radiative forcing and GHG and aerosol concen-
trations typically starting in 1850, but for some models a 
few years later. These simulations of the past ∼150 years 
are named historical simulations. All historical simula-
tions end in 2005. The RCP8.5 scenario is a scenario where 
anthropogenic GHG emissions are such as to cause a radia-
tive forcing of 8.5 W m−2. It implies more than a tripling 
in equivalent CO2 concentration from 2000 to 2100. All 
RCP8.5 simulations start in 2006 and run to at least 2100. 
All CMIP5 simulations are described in detail by Tay-
lor et al. (2012) and various RCP emission scenarios are 
described by Meinshausen et al. (2011). The effects of 
anthropogenic emissions in the RCP8.5 scenario are here 
assessed by calculating the differences between model-sim-
ulations of the late twentieth century (1980–2000) and the 
late twenty-first century in the RCP8.5 emission scenario 
(2080–2100). These simulations will be denoted as 20C 
and 21C respectively.

1 http://pcmdi9.llnl.gov/esgf-web-fe.
2 http://nomads.gfdl.noaa.gov:8080/DataPortal/cmip5.jsp.
3 https://www.earthsystemgrid.org/search.html.
4 ecaccess.ecmwf.int.

3  Methods

Convection is not resolved by any of the models in Table 1 
and it is not parameterised when analysing the data since it 
is already parameterised by the models. Vertical velocity, ω,  
is calculated from mass continuity on grid-box scales and 
this analysis will therefore not capture sub-grid scale verti-
cal fluxes of moisture and heat associated with convective 
plumes. Furthermore, vertical mass fluxes associated with 
up- and downdrafts may, to some extent, cancel when aver-
aged over a grid box leading to an underestimation of the 
vertical mass fluxes in thermodynamic space.

LH, l = Lvq, DSE, s = cpT + gz, and moist static energy 
(MSE), h = l + s, are calculated using Lv = 2500 kJ kg−1 
as the latent heat of vaporisation (assumed constant), 
cp = 1.004 kJ kg−1 K−1 as the specific heat capacity of 
dry air at constant pressure and g = 9.81 m s−2 as gravity. 

(a)

(b)

(c)

(d)

(e)

Fig. 1  Meridional overturning stream functions calculated from 
ERA-interim 1980–2000 using Eq. 5 with pressure (a), LH (b), DSE 
(c) and MSE (d) as vertical coordinates respectively. Units in Sver-
drup (1 Sv = 109 kg s−1). Positive values (solid stream lines) indicate 
clockwise circulation. Black dots indicate maximum and minimum 
values of the stream functions. Lines in a–d show zonal mean pres-
sure (a), LH (b), DSE (c), and MSE (d) in the lowermost model level 
respectively. e Shows meridional fluxes of LH (blue), DSE (red) and 
MSE (black) calculated from Eq. 6

http://pcmdi9.llnl.gov/esgf-web-fe
http://nomads.gfdl.noaa.gov:8080/DataPortal/cmip5.jsp
https://www.earthsystemgrid.org/search.html
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Note that DSE is similar to potential temperature, θ, which 
is conserved for adiabatic motions, and MSE is similar to 
equivalent potential temperature, θe, which is conserved for 
moist adiabatic motions.

Figure 1a shows the classical meridional overturning 
stream function, Ψ (y, p), for ERA-Interim reanalysis. It 
represents the total mass flux above the pressure level p at 
latitude y (cf. Peixoto and Oort (1992)) and is defined as

In practice the meridional velocities are sorted according 
to their pressure and then integrated from 0 to p to give 
Ψ (y, p). The result (Fig. 1a) is a three-cell structure in each 
hemisphere with the Hadley, Ferrel and Polar cells. The 
Polar cells have an amplitude of ∼ 5 Sv and do conse-
quently not appear clearly in Fig. 1a.

Following Döös and Nilsson (2011) the definition of a 
meridional overturning stream function with a generalised 
vertical coordinate is

where χ is any tracer variable (e.g. temperature or specific 
humidity). µ[x] is a Heaviside function where µ = 1 for 
x ≥ 0 and µ = 0 otherwise. With this definition Ψ (y,χ) 
only includes mass fluxes with χ ′(x, y, p′, t) ≤ χ. Note 
that χ need not be monotonic with height. This allows for 
calculating meridional overturning stream functions using 
LH, DSE, and MSE as vertical coordinates (Fig. 1b–d) as 
also done by e.g. Czaja and Marshall (2006), Pauluis et al. 
(2010) and Döös and Nilsson (2011). Meridional fluxes of 
LH, DSE and MSE (Fig. 1e) are calculated from the merid-
ional overturning stream functions as

where χ is LH, DSE, or MSE. The limits χmin(y) and 
χmax(y) are the values of χ where Ψ (y,χ) = Ψ0. It is 
assumed that Ψ0 = 0 Sv.

The Hadley cell in the tropics comprises an equatorward 
branch in the lower troposphere and a poleward branch in 
the upper troposphere. The equatorward branch has high 
LH and low DSE and the poleward branch has low LH 
and high DSE (Townsend and Johnson 1985; Held and 

(4)Ψ (y, p) =
1

t1 − t0

∫ t1

t0

∮

x

∫ p

0

g−1v(x, y, p′, t) dp′ dx dt.

(5)

Ψ (y,χ) =
1

t1 − t0

∫ t1

t0

∮

x

∫ ps

0

× µ[χ − χ ′(x, y, p′, t)]g−1v(x, y, p′, t) dp′ dx dt,

(6)

Fχ (y) = −

∫ χmax(y)

χmin(y)

∂Ψ (y,χ)

∂χ
χ dχ

=

∫ χmax(y)

χmin(y)

(Ψ (y,χ)− Ψ0) dχ ,

Schneider 1999; Pauluis et al. 2010). Mass fluxes in the 
midlatitudes are mainly associated with transient eddies 
where the equatorward and poleward mass transports occur 
at similar pressure but the latter generally have higher LH 
and DSE than the former (McIntosh and McDougall 1996; 
Döös and Nilsson 2011; Laliberté et al. 2012; Kjellsson and 
Döös 2012). Thus the meridional overturning circulation 
depends on the choice of vertical coordinate. In LH coordi-
nates (Ψ (y, l), Fig. 1b) the result is two cells in each hemi-
sphere transporting LH from the subtropics to the tropics 
and midlatitudes (Fig. 1e). Moreover, the midlatitude cells 
in Ψ (y, l) are stronger than the Ferrel cells in pressure coor-
dinates. In DSE coordinates (Ψ (y, s), Fig. 1c) the circula-
tion comprises only one cell in each hemisphere with two 
maxima each as the tropical and midlatitude cells merge. 
The transport of DSE is from the tropics and poleward at 
almost all latitudes (Fig. 1e). As a final result, in MSE coor-
dinates (Ψ (y, h), Fig. 1d) the result is two cells centered in 
the midlatitudes where the poleward MSE fluxes peak (Fig. 
1e).

The hydrothermal stream function was defined by 
Kjellsson et al. (2014) using a method originally developed 
for the ocean by Zika et al. (2012) and Döös et al. (2012). 
It resides in LH–DSE space and therefore has no spatial 
coordinate. It represents mass fluxes across a DSE surface 
at or below a certain LH value, or mass fluxes across a 
LH surface at or below a certain DSE value. The hydro-
thermal stream function is the global integral of all atmos-
pheric motions where LH or DSE change, irrespectively of 
direction. The hydrothermal stream function is thus able 
to include both zonal-mean overturning circulations as in 
Fig. 1a–d as well as zonally asymmetric features such as 
the Walker circulation. This is somewhat similar to a recent 
study where Pauluis and Mrowiec (2013) defined an “isen-
tropic” stream function in z–θe space (similar to z–MSE 
space).

The tendency of DSE is defined as 
ds/dt = ∂s/∂t + v · ∇s = ṡ. In LH–DSE coordinates ṡ can 
be written as

where Ω is the whole atmosphere, dM is a mass element, 
and primes denote variables in x, y, p space. Throughout 
this paper, l̇ and ṡ are LH and DSE tendencies in (x, y, p) 
space while L̇ and Ṡ are tendencies in (l, s) space. Moreo-
ver, δ[x] is the Dirac function for which 

∫∞
−∞

δ[x]dx = 1 
and δ[x] = 0 for x �= 0.

The unit of δ[s− s′] and δ[l − l′] is kg kJ−1 and ṡ′ has 
kJ kg−1 s−1, thus Ṡ has units kg s−1 (kJ kg)−1. The LH 

(7)

Ṡ(l, s) =
1

t1 − t0

∫ t1

t0

∫

Ω

δ[s− s′(x, y, p, t)]

× δ[l − l′(x, y, p, t)]ṡ′(x, y, p, t) dM dt,
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tendency can be integrated similarly and denoted L̇. The 
hydrothermal stream function is defined as

where Ψ (l, s) has units of kg s−1. The two definitions above 
yield identical results if the tendencies are non-divergent, 
i.e. ∂lL̇ + ∂sṠ = 0. This only holds if the system conserves 
mass, LH and DSE perfectly which no CMIP5 model does. 
Furthermore, over a 20-year period decadal variabilities 
or global warming can give trends in LH and DSE. How-
ever, in this study this introduces only small errors and 

(8)
∂Ψ (l, s)

∂l
= Ṡ,

∂Ψ (l, s)

∂s
= −L̇

∂lL̇ + ∂sṠ ≈ 0 is found to be a fair approximation. The 
error in the hydrothermal stream function, i.e. mass fluxes 
outside closed stream lines, is found to be <5 % of the 
maximum amplitude. Mass continuity in LH–DSE space 
is discussed further in the Appendix. In this study the 
stream function Ψ (l, s) is calculated from Ṡ, but the results 
obtained from L̇ have been verified to be almost identical. 
The total tendencies Ṡ and L̇ comprise both a local time 
derivative and an advective term. This definition differs 
slightly from Kjellsson et al. (2014) where an approxima-
tion of ṡ was done as ṡ = ds/dt = ∂s/∂t + v · ∇s ≈ v · ∇s.  
This was justified since the contribution from ∂s/∂t to 

Fig. 2  Hydrothermal stream 
function, Ψ (l, s), calculated 
from Eq. 9 for historical 
simulations (1980–2000) in 
the CMIP5 models and ERA-
interim reanalysis shown in 
Table 1. In each figure, a thick 
dashed line shows the tropical 
mean (15◦S–15◦N) profile and a 
thinner dashed line shows MSE 
for saturated air at z = 0 m and 
p = 1,013 hPa. The direction 
of the mean flow is indicated by 
the arrows in the bottom right 
figure
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Ψ (l, s) was found to be very small. A similar approximation 
is less valid in the ocean (Groeskamp et al. 2014). The full 
tendency as given in Eq. 7 is used throughout this paper. 
Hence,

4  Results

The hydrothermal stream function is calculated for the 
years 1980–2000 in the historical simulations and ERA-
Interim reanalysis in Table 1 (Fig. 2). The unit of the 
stream function is Sverdrup (Sv) where 1 Sv = 109 kg s−1.  
For all models the result is a single anti-clockwise cycle 
as indicated by the arrows in the bottom right panel 
in Fig. 2. The result is very similar to Kjellsson et al. 
(2014) who used ERA-Interim and EC-Earth but longer 
periods. For all models three distinct branches are dis-
cernible along the −30 Sv stream line. One branch 
extends from (l ≈ 40 kJ kg−1, s ≈ 300 kJ kg−1) to 
(l = 0 kJ kg−1, s ≈ 340 kJ kg−1) with stream lines approx-
imately parallel to the tropical-mean (15◦S–15◦N) moist 
adiabat where MSE is almost conserved. This indicates 
conversion of LH to DSE by condensation of water vapour 
associated with cloud formation and precipitation. DSE 
tendencies are positive to the right of the mean tropical 
profile and negative to the left. This suggests that moist 
ascent is concentrated where MSE is higher than the tropi-
cal mean. From (l = 0 kJ kg−1, s ≈ 340 kJ kg−1) mass 
is transported toward lower DSE along l = 0 kJ kg−1,  
indicating radiative cooling of dry air. Some air 
descends in the tropics where DSE is seldom lower than 
300 kJ kg−1, and some air is transported all the way to 
(l = 0 kJ kg−1, s ≈ 260 kJ kg−1) where the low DSE 
indicates cold air near the polar regions. As the air cools 
and descends it is moistened either near the surface or by 
mixing with moisture transported upward by e.g. shallow 
convection. This increases LH. For lower tropospheric air, 
surface heating increases DSE which increases qs (Eq. 1) 
so that the flow follows a Clausius–Clapeyron relation. 
The Clausius–Clapeyron lines in Fig. 2 are calculated from 
Eq. 1 using es(273 K) = 611 Pa (cf. Wallace and Hobbs 
(2006)) and T = cp/s (i.e. z = 0 m and p = 1,013 hPa). 
This is identical to calculations by Kjellsson et al. (2014). 
The Clausius–Clapeyron lines thus represent saturated 
surface air. Testing different relative humidities shows 
that the actual stream lines follow a line consistent with 
~80 % relative humidity. A global-mean relative humidity 
of ~80 % was found by e.g. Held and Soden (2006) and is 
not projected to change significantly with global warming. 
Following Kjellsson et al. (2014), the three branches are 

(9)Ψ (l, s) =
1

t1 − t0

∫ t1

t0

∫

Ω

µ[l − l′]δ[s− s′]g−1ṡ′ dM dt.

henceforth referred to as “precipitating” branch, “radiative 
cooling” branch and “moistening” branch after the main 
processes they represent.

Some differences in amplitude and shape of the hydro-
thermal stream function can be noted between the models 
(Fig. 2 and Table 1). Some models have a distinct “dip” 
in the precipitating branch (e.g. CCSM4, NorESM1-M, 
MIROC5) while some have nearly straight stream lines 
(e.g. GFDL-CM3, BCC-CSM1.1, IPSL-CM5B-LR). The 
“dip” can be explained by the MSE minimum in the tropi-
cal mid-troposphere which is due to moist air in convecting 
plumes detraining and mixing with the drier environment 
(Pauluis and Mrowiec 2013). Hence, differences in the pre-
cipitation branch between models could partly be owing to 
differences in parameterisations of convection and entrain-
ment. E.g. CCSM4 and NorESM1-M display similarities in 
the precipitating branch and both models use the Commu-
nity Atmospheric Model (CAM) but in somewhat different 
versions. There is also some similarity between EC-Earth 
and ERA-Interim which both use the IFS atmospheric 
model from ECMWF.

The hydrothermal stream function is also calculated for 
simulations of the late twenty-first century (2080-2100) in 
the RCP8.5 emission scenario. The overall result is that 
the stream function weakens (Table 1) and widens com-
pared to 1980–2000 (Figs. 2, 3). Increased surface air tem-
peratures increases the surface DSE while also increasing 
the surface LH following the Clausius–Clapeyron rela-
tionship. The moistening branch does not move closer 
or further away from the Clausius–Clapeyron line but 
instead widens along it. This suggests that relative humid-
ity does not change by much with global warming. The 
increased DSE and LH results in increased MSE almost 
uniformly throughout the precipitation branch which wid-
ens the hydrothermal stream function without altering its 
shape. Profiles of LH, DSE and MSE show that the largest 
increase in LH is in the lower troposphere while the larg-
est DSE increase is in the upper troposphere (Fig. 4). This 
results in an MSE increase that is almost uniform through-
out the tropical troposphere.

Changes in the global atmospheric circulation with 
global warming are assessed using mainly three measures 
calculated from each climate model. The width, dLH, of 
the hydrothermal stream function is defined as the span in 
LH between the cooling branch and the outermost “tip” 
where the moistening and precipitation branches meet. 
The strength of the circulation, ψ, is defined as the peak 
amplitude of the hydrothermal stream function. Lastly, the 
surface air temperature, Ts, is calculated by taking the tem-
perature and pressure in the lowest model level (k = KM)  
and assuming constant potential temperature in the layer, 
i.e. θKM = θs,
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Surface air temperature is calculated from T on model levels 
to ensure that it has the same temporal and spatial resolution 
as the data and to be consistent for all models and reanalysis. 
It should be noted that the lowermost model level mid-point is 
very close to the surface, typically a few meters, so Ts ≈ TKM.

The three metrics are calculated for each model for 
both periods 1980-2000 and 2080-2100, and the change 

(10)

θKM = TKM

(

p0

pKM

)R/cp

, θs = Ts

(

p0

ps

)R/cp

⇒ Ts = Tk

(

ps

pKM

)R/cp

.

between the two periods are denoted ∆dLH, ∆ψ, and ∆Ts 
respectively. Linear regression of the fractional changes 
∆dLH/dLH and ∆ψ/ψ to ∆Ts shows that the hydrothermal 
stream function widens by k∆dLH = 7.1% K−1 and weak-
ens by k∆ψ = −5.1%K−1 (Fig. 5).

Interestingly, the weakening is offset so that ∆Ts ∼ 2 K 
results in almost no weakening but a clear widening. The 
results by Held and Soden (2006) showed that the increase 
in precipitation is offset in a similar manner. It should be 
kept in mind that the hydrothermal stream function resides in 
LH–DSE coordinates and a widening thus implies a shift of 
LH and DSE in the precipitation branch towards higher val-
ues. The widening does not imply a widening in geometrical 

Fig. 3  Same as Fig. 2 but for 
simulations of the late twenty-
first century (2080–2100) 
following the RCP8.5 emission 
scenario
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(x, y, p) coordinates, although a widening of the Hadley cells 
in (y, p) space has been found (Lu et al. 2008). Furthermore 
the weakening of the hydrothermal stream function is a com-
bination of changes in both zonal and meridional overturn-
ing circulations. Hence, it may include a strengthening of 
the zonal-mean meridional overturning in midlatitudes as 
reported by Laliberté and Pauluis (2010) and Wu and Pauluis 
(2013). Changes in the zonal-mean circulations in various 
vertical coordinates are discussed later in this paper.

As stated above LH mostly increases in the lower tropo-
sphere and DSE mostly increases in the upper troposphere 
such that MSE increases nearly uniformly with height (Fig. 
4). The fractional increase in tropical MSE per degree of 
warming is denoted as ∆h/h, where ∆h is the difference 
between the historical (1980-2000) and RCP8.5 (2080-
2100) simulations. The fractional change in tropical near-
surface MSE can be predicted from the fractional changes 
in DSE and LH

where 7%K−1 is the increase in specific humidity from Eq. 
2. For typical values q = 16 kg kg−1 and h = 340 kJ kg−1 
the increase in MSE is ∆h/h = 1.1%K−1. Regressing 
tropical-mean ∆l/l, ∆s/s and ∆h/h as a function of ∆Ts 
shows that MSE increases by 1.02%K−1 in the CMIP5 
models, which is close to the predicted value. In the lower 
troposphere 0.30%K−1 is due to DSE (i.e. temperature) 
increase and 0.72%K−1 comes from increased LH (i.e. 
specific humidity). In the upper troposphere there is almost 
no contribution from LH increase.

Previous studies (Held and Soden 2006; Stephens and 
Hu 2010) have studied how precipitation changes with 
global warming and found that the fractional increase 
is 2%K−1. If the change in precipitation is estimated 
as the product of mass flux in the precipitation branch 

∆h

h
=

∆s

h
+

∆l

h
≈

(

cp

h
+

0.07Lvq

h

)

∆Ts,

Fig. 4  Tropical-mean (15◦S
–15◦N) vertical profiles of LH, 
DSE and MSE. Black lines 
show historical simulations 
and dashed lines show RCP8.5 
simulations

Fig. 5  Change in amplitude 
and width of the hydrother-
mal stream function from 
1980–2000 to 2080–2100 
shown for each model. Dashed 
line is a linear fit with slope 
kΨ = −5.1%K−1 in (a) and 
slope k∆LH = 7.1%K−1 in (b)
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and LH in lower tropospheric air (similar to Held and 
Soden (2006)) the fractional increase of precipitation is 
−5.1%K−1 + 7.1%K−1 = 2% K−1. This consistency 
suggests that the estimate is reasonable and that the hydro-
thermal stream function provides a good measure of the 
strength of the global atmospheric circulation.

Increased precipitation implies increased LH flux across 
DSE surfaces in the precipitation branch. LH flux is calcu-
lated as

where lmin(s) and lmax(s) are the minimum and maximum 
LH values for which Ψ (l, s) = Ψ0. The last step in Eq. 11 is 
obtained by integration by parts. To assert that only closed 
stream lines are included, Ψ0 = −50 Sv. Calculating the 
change of the mean LH flux across DSE surfaces between 315 
and 325kJ kg−1 and regressing onto ∆Ts shows a statistically 
significant (p < 0.05) increase with global warming (Fig. 6). 
Since the hydrothermal stream function has closed stream 
lines it follows that the increased DSE resulting from increased 
LH flux in the precipitation branch must be lost by increased 
radiative cooling in the cooling branch. In fact, several stud-
ies (Held and Soden 2006; Stephens and Hu 2010; Bony et al. 
2013) suggest that changes in precipitation are constrained by 
changes in radiative cooling. In the hydrothermal stream func-
tion, radiative cooling is negative DSE tendency for very dry 
air. The energy that is lost through this process can be calcu-
lated by integrating the negative DSE tendencies, i.e.

(11)

FLH(s) =

∫

lmax(s)

lmin(s)

∂Ψ (l, s)

∂l
l dl = −

∫

lmax(s)

lmin(s)
(Ψ (l, s)− Ψ0) dl

(12)Ṡ− =

∫ ∞

s

∫ lmax(s)

lmin(s)

∂Ψ (l, s)

∂l
µ

[

0−
∂Ψ (l, s)

∂l

]

dl ds,

where the Heaviside function, µ, only selects the DSE ten-
dency where it is negative, i.e. there is diabatic cooling. As 
in Eq. 11 we set lmin(s) and lmax(s) as boundaries and only 
count Ψ (l, s) inside the Ψ0 = −50 Sv stream line. Regress-
ing the change ∆Ṡ− onto ∆Ts does not result in a statisti-
cally significant trend (p ∼ 0.07). However, changes in the 
cooling branch and precipitation branch (Fig. 6) result in 
linear trends of similar magnitude but opposite signs indi-
cating some balance between them. Note that the changes 
in radiative cooling are offset to be higher than the changes 
in LH flux. This can be due to various reasons such as LH 
fluxes being underestimated as moist convection is not 
resolved by the data, or because DSE can increase in the 
precipitation branch from other factors such as radiative 
absorption or cloud feedbacks.

The hydrothermal stream function captures both the 
zonal and meridional overturning cells, e.g. Hadley and 
Walker cells as well as the midlatitude eddies. By compar-
ing changes in the meridional overturning stream functions, 
Ψ (y,χ), to changes in the hydrothermal stream function, it 
is possible to estimate to what extent the meridional compo-
nent contributes to the weakening of the global atmospheric 
circulation. The two hemisphere-wide overturning cells in y
–MSE coordinates weaken with global warming in all mod-
els studied here (Fig. 7). The Northern Hemisphere (NH) 
cell weakens by −5.8% K−1 and the Southern Hemisphere 
(SH) cell by −2.0% K−1. This corresponds to changes of 
∆ΨNH(y, h) = −6.4 Sv K−1 and ∆ΨSH(y, h) = 3.4 Sv K−1 
for the NH and SH cells respectively. Changes in the meridi-
onal overturning in LH (Ψ (y, l)) and DSE (Ψ (y, s)) coordi-
nates are not statistically significant but do indicate a weak-
ening of the Hadley cells in both cases, consistent with 
results by Lu et al. (2008) and Wu and Pauluis (2013). It 
should be pointed out that Laliberté and Pauluis (2010) and 

Fig. 6  Difference in mean 
DSE tendency in the cooling 
branch, ∆Ṡ, and LH flux, ∆FLH

, both at s = 315 kJ kg, as a 
function of global warming 
∆Ts. Dashed lines show linear 
fits, kF = 0.63 PW K−1 and 
kṠ = 0.48 PW K−1, where only 
the former is statistically signifi-
cant at the 95% level
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Wu and Pauluis (2013) find a strengthening of the meridi-
onal overturning stream function in moist isentropic coordi-
nates in NH midlatitudes in boreal winter and SH midlati-
tudes in austral winter. However, the results in Fig. 7 reflect 
changes in amplitude of the annual-mean meridional over-
turning cells so a strengthening in the midlatitudes in win-
ter may not show. Any discrepancies between Laliberté and 
Pauluis (2010), Wu and Pauluis (2013) and the present study 
can thus be explained by the different methodologies. Com-
paring the weakening of the meridional overturning (Fig. 7) 
to the weakening of the hydrothermal stream function which 
is 22.8 Sv K−1 (Fig. 5) the results show that only a small 
part of the weakening can be explained by changes in the 

zonal-mean circulation. This implies that most of the weak-
ening occurs in zonal asymmetric features such as zonal 
overturning circulations as well as local meridional over-
turning circulations at different longitudes. This could be 
because the meridional overturning circulation is constrained 
by e.g. the equator-to-pole temperature gradient. Results by 
Vecchi et al. (2006), Vecchi and Soden (2007), and Tokinaga 
et al. (2012) also suggest that most of the weakening hap-
pens in the zonal overturning circulations (e.g. Walker circu-
lation) and not the meridional overturning circulations.

The meridional fluxes of LH, DSE and MSE (Eq. 6), 
and their changes from 1980-2000 to 2080-2100, are cal-
culated from the meridional overturning stream functions 

SH NH

Fig. 7  Fractional change in poleward mass transport by the meridi-
onal overturning in MSE coordinates, Ψ (y, h), as a function of global 
surface warming, ∆Ts. Left figure shows Southern Hemisphere (SH) 

and right figure shows Northern Hemisphere (NH). Both figures 
include a fitted dashed line with slopes kSH = −2.0% K−1 and 
kNH = −5.8% K−1 for SH and NH respectively

Fig. 8  Changes in meridional 
fluxes of LH, DSE, and MSE as 
a function of latitude for each 
model
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in LH, DSE and MSE coordinates respectively (Figs. 1, 8). 
LH fluxes increase at almost all latitudes, consistent with 
an intensified hydrological cycle as predicted by Held and 
Soden (2006). Furthermore, there is a distinct increase in LH 
flux by the SH Hadley cell by up to 1.5 PW in some mod-
els. The increases in LH fluxes are partly counteracted by 
decreases in DSE fluxes. In the tropics, increases in equa-
torward LH fluxes are of similar magnitude as increases in 
poleward fluxes of DSE which results in almost no change 
in MSE fluxes. In the midlatitudes, the increases in poleward 
LH fluxes are generally somewhat larger than the decreases 
in poleward DSE fluxes giving a slight increase in MSE 
fluxes by <0.5 PW. Czaja and Marshall (2006) and Stone 
(1978) suggested that the combined poleward heat transport 
by the atmosphere and ocean are set by the solar constant, 
the radius of Earth and the planetary albedo, and might thus 
not change by much with global warming. This study pre-
sents increases in poleward MSE flux in the atmosphere 
while other studies suggest a decrease in poleward heat flux 
by the oceans associated with a slowdown of the Atlantic 
Meridional Overturning Circulation Weaver et al. (2012).

5  Summary and discussion

This study diagnoses long-term changes in the global atmos-
pheric circulation between simulations of late twentieth and 
twenty-first century climates from the CMIP5 archive. Using 
a stream function in LH–DSE coordinates that captures both 
Hadley and Walker cells as well as midlatitude eddies shows 
that the global atmospheric circulation weakens with global 
warming. Associated with the weakening is a widening of 
the stream function in LH–DSE space due to an increase of 
tropical MSE that is almost uniform with height. The wid-
ening and weakening results in increased LH fluxes across 
DSE surfaces leading to more LH being converted into DSE 
through precipitation. The hydrothermal stream function has 
closed stream lines, thus any increase in LH or DSE of air 
masses must be balanced by a subsequent decrease or vice 
versa. It was here found that LH fluxes across the DSE sur-
faces s ≈ 315 kJ kg−1 are in approximate balance with radi-
ative cooling. All of the above results are robust across the 
set of models included in this study.

The method of using a mass stream function in thermo-
dynamical coordinates differs from the methods used by e.g. 
Held and Soden (2006), Vecchi et al. (2006) and Bony et al. 
(2013) where vertical velocity, ω, or a sea-level pressure 
gradient was used as a metric for circulation strength. Both 
SLP gradients and ω include both adiabatic and diabatic 
effects so that the flows they represent may not be associated 
with an overturning circulation and/or energy transport. Fur-
thermore, this study has based all calculations on 6-h model 
outputs, while many other studies (Vecchi and Soden 2007; 

Tokinaga et al. 2012; L’Heureux et al. 2013) have used 
output of a lower frequency, e.g. monthly. Data of a lower 
frequency than daily underestimates the fluxes by midlati-
tude eddies thus underestimating the strength of the global 
atmospheric circulation. Vecchi and Soden (2007) suggested 
that the tropical circulation weakens by 5− 10% K−1 with 
global warming which is in line with the 5.1% K−1 found 
here. The differences between the results of this study and 
those obtained by e.g. Vecchi and Soden (2007) could be 
due to some of the reasons above and more.

This study has assessed centennial changes by studying 
the difference between 20-year averages of 1980–2000 and 
2080–2100 for a number of climate models. 20-year aver-
ages are not long enough to eliminate the effects of multi-
decadal variations in ENSO or Atlantic Multidecadal Oscil-
lations (AMO). Hence, some of the differences between 
models and the periods 1980–2000 and 2080–2100 could 
be due to natural, internal climate variations in the models. 
However, since internal climate variations have different 
periods and magnitudes as well as timings in each model, 
the use of several models should minimise such effects. 
The results of this study are thus likely due to the external 
forcing in the RCP8.5 scenario and not due to internal cli-
mate variations in the models.

It is of interest to speculate how the results in this study 
would change if global climate models were cloud-resolv-
ing and thus did not need convective parameterisation. The 
hydrothermal stream functions would likely look somewhat 
different especially in the “precipitation” branch and would 
most likely have larger amplitudes as the up- and down-
drafts in convective plumes would be captured. The global 
atmospheric circulation weakens with global warming 
because the fractional increase in precipitation is less than 
that of lower tropospheric water vapour (Stephens and Hu 
2010), which follows from radiative balance arguments and 
does not depend on model resolution. However, as argued 
by several previous studies (Held and Soden 2006; Ste-
phens and Hu 2010), cloud feedbacks and aerosol effects 
can impact the radiative balance. With global climate mod-
els of higher resolution the global atmospheric circula-
tion would thus still weaken, although the exact fractional 
decrease in mass flux could be slightly different.

Increased LH fluxes across DSE iso-surfaces above 
s ∼ 310 kJ kg−1 suggests increased precipitation globally. 
This implies increased evaporation and, combined with 
the increased poleward LH fluxes, implies a strengthening 
of the global hydrological cycle in the models studied. A 
strengthened hydrological cycle, i.e. increased evapora-
tion minus precipitation, E–P, patterns (“rich get richer”) 
and poleward moisture transports is consistent with other 
studies (Held and Soden 2006; O’Gorman and Schneider 
2008; Durack et al. 2012). LH tendencies in the atmosphere 
are linked to salt tendencies in the ocean since evaporating 
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water from the ocean to the atmosphere increases atmos-
pheric LH and oceanic salinity. Combining the results 
of this study with a study of the changes in global ocean 
circulation in thermohaline coordinates (Zika et al. 2012; 
Döös et al. 2012) could make up a framework for study-
ing the thermodynamical coupling between the atmosphere 
and oceans. E.g., the increased DSE and LH and thereby 
increased precipitation found in this study would imply 
that the oceanic circulation should span higher values 
of sea surface temperature and surface salinity as well as 
increased freshwater input in some regions.

Although the overall shape of the hydrothermal stream 
function was similar in all models and reanalysis data, there 
were some variations in amplitude and size. Additional cal-
culations (not shown) with ERA-Interim data at different 
horizontal resolutions as well as different temporal resolu-
tions showed that the hydrothermal stream function weakens 
with coarser horizontal and temporal resolution. However, 
in this study there is no statistically significant correlation 
between the amplitude of the hydrothermal stream func-
tion and native horizontal resolution for the models given 
in Table 1. The inter-model differences between the hydro-
thermal stream functions are partly due to differences in the 
parameterisations of convection, e.g. entrainment. EC-Earth 
and ERA-Interim show similarities in the precipitation 
branch and both share the same atmospheric model. The 
same goes for CCSM4 and NorESM1-M.

The CMIP5 archive includes two IPSL models, IPSL-
CM5A and IPSL-CM5B, which use different versions of 
the atmospheric component but are otherwise identical. This 

study has used IPSL-CM5B but the hydrothermal stream 
function was also calculated for IPSL-CM5A and the stream 
function was 50 Sv weaker in the latter, indicating a strong 
dependence on model specifics. Inter-model differences of 
the global atmospheric circulation could be better assessed 
by studying simulations in the Atmospheric Model Inter-
comparison Project (AMIP) where different atmospheric 
models are run with the same prescribed orography, sea sur-
face temperatures, and surface fluxes from 1979-2008. This 
could also give more insight into the mechanisms behind 
the recent intensification of the Walker cell (Tokinaga et al. 
2012; L’Heureux et al. 2013) and the global warming “hia-
tus” (Kosaka and Xie 2013; England et al. 2014).
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Table 2  List of models used. For horizontal resolution, “T” indicates spectral model, “C” cubed-sphere model, “f” finite-volume model, other-
wise regular grid-point models

“L” indicates number of levels (all models have hybrid coordinates). For an ensemble member, “r” is the realization, “i” the initialization, and 
“p” the parameterization
a The EC-Earth consortium comprises research centers in The Netherlands, Sweden, Spain, Italy, Norway, Belgium, Germany, Denmark, Ire-
land, and Portugal. It is coordinated from KNMI in The Netherlands

Name Country, Reference Atm. model Resolution Ens. member

BCC-CSM1.1 China, Xin et al. (2013) BCC AGCM2.1 T42L26 r1i1p1

CanESM2 Canada, Chylek et al. (2011) CanAM4 T63L35 r1i1p1

CCSM4 USA, Meehl et al. (2012) CAM4 f9L16 r6i1p1

CNRM-CM5 France, Voldoire et al. (2013) ARPEGE-Climat v5.2.1 TL127L31 r1i1p1

CSIRO-Mk3-6-0 Australia, Rotstayn et al. (2012) Mk3A T63L18 r1i1p1

EC-Earth EC-Earth consortiuma, Hazeleger et al. (2011) IFS c31r1 T159L62 r1i1p1

GFDL CM3 USA, Donner et al. (2011) AM3 C48L48 r1i1p1

IPSL-CM5A-MR France, Dufresne et al. (2013) LMDZ5v4 144 × 143 × L39 r1i1p1

MIROC5 Japan, Watanabe et al. (2010) AGCM6 T85L40 r1i1p1

MRI-CGCM3 Japan, Yukimoto et al. (2011) GSMUV T159L48 r1i1p1

NorESM1-M Norway, Bentsen et al. (2012) CAM-Oslo f19L26 r1i1p1

ERA-Interim United Kingdom, Dee et al. (2011) IFS c31r2 T255L60 N/A
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Mass continuity in LH–DSE space

It is here proven that a closed stream function in LH–DSE 
coordinates can be obtained if the atmospheric model data 
conserves mass and there are no trends in LH or DSE. The 
derivation is similar to that of Laliberté et al. (2014). The 
mass of a point in l, s space is defined as

The s-derivative of the DSE tendency, Ṡ, is

 

where the Heaviside function, µ(s− s′), is the 
derivative of the Dirac function, δ(s− s′), so that 
Dtµ(s− s′) = ∂s′µ(s− s′)Dts

′ = −δ(s− s′)Dts
′. Equation 

14 states that Ṡ(l, s) is related to the total mass at l′ = l and 
s′ < s, i.e. the mass flux at l, s is equal in magnitude but 
opposite in sign to the mass change at all s′ values below. 
Furthermore, Eq. 15 yields

by integration by parts. Note that the last term in Eq. 16 is 
equal to the l-derivative of the LH tendency, L̇. It thus fol-
lows that

Hence, the rate of change of mass at the point l, s is set by 
the divergence of the LH and DSE tendencies. Furthermore, 
the material derivative comprises both a local change, ∂/∂t,  
and an advective term, v · ∇. However, the global integral 
of a gradient is identically zero, so the mass continuity in 
Eq. 17 is

It can also be shown that ∂M/∂t only depends on the 
global mass integrals of ∂l′/∂t and ∂s′/∂t. If ∂M/∂t is 

(13)M(l, s) =

∫

Ω

δ(l − l′)δ(s− s′) dM.

(14)

∂ Ṡ

∂s
=

∂

∂s

∫

Ω

δ(l − l′)δ(s− s′)
Ds′

Dt
dM

= −
∂

∂s

∫

Ω

δ(l − l′)
Dµ(s− s′)

Dt
dM

(15)= −

∫

Ω

δ(l − l′)
Dδ(s− s′)

Dt
dM,

(16)

−

∫

Ω

δ(l − l
′)
Dδ(s− s

′)

Dt
dM

= −

∫

Ω

D

Dt

(

δ(l − l
′)δ(s− s

′)
)

dM

+

∫

Ω

δ(s− s
′)
Dδ(l − l

′)

Dt
dM,

(17)
DM(l, s)

Dt
+

∂ Ṡ

∂s
+

∂L̇

∂l
= 0.

(18)
∂M

∂t
+

∂ Ṡ

∂s
+

∂L̇

∂l
= 0.

time-averaged over a sufficiently long time and there are no 
trends in LH or DSE then
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